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The Shower

Henry Vaughan
1621-1695

Waters above! eternal Springs!

The dew, that silvers the Doves wings!

O welcom, welcom to the sad:

Give dry dust drink; drink that makes glad!

Many fair Ev’nings, many Flow’rs

Sweeten’d with rich and gentle showers

Have I enjoy’d, and down have run

Many a fine and shining Sun;

But never till this happy hour

Was blest with such an Evening-shower!
Thalia Rediviva, 1678
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Plate 1.1 Examples of now redundant village pumps
once widespread in their use in Britain: (a) the
wooden pump on Queen’s Square, Attleborough,
Norfolk, enclosed 1897; and (b) the large Shalders
pump used in the days before tarmac for dust-laying
on the old turnpike (Newmarket Road) at Cringleford,
near Norwich, Norfolk.

Plate 1.2 Arcade of the aqueduct Aqua Claudia
situated in the Parco degli Acquedotti, 8 km east of
Rome. The aqueduct, which is built of cut stone
masonry, also carries the brick-faced concrete Anio
Novus, added later on top of the Aqua Claudia.

Plate 1.3 The baroque mostra of the Trevi Fountain
in Rome. Designed by Nicola Salvi in 1732, and fed
by the Vergine aqueduct, it depicts Neptune’s chariots
being led by Tritons with sea horses, one wild and one
docile, representing the various moods of the sea.

Plate 1.4 Global map of epithermal neutron currents
measured on the planet Mars obtained by the NASA
Odyssey Neutron Spectrometer orbiter. Epithermal
neutrons provide the most sensitive measure of
hydrogen in surface soils. Inspection of the global
epithermal map shows high hydrogen content (blue
colour) in surface soils south of about 60° latitude
and in a ring that almost surrounds the north polar
cap. The maximum intensity in the northern ring
coincides with a region of high albedo and low
thermal inertia, which are both required for near-
surface water ice to be stable. Also seen are large
regions near the equator that contain enhanced near-
surface hydrogen, which is most likely in the form
of chemically and/or physically bound water and/
or hydroxyl radicals since water ice is not stable
near the equator. (Reproduced from Los Alamos
National Laboratory. © Copyright 2011 Los Alamos
National Security, LLC. All rights reserved.)

Plate 1.5 NASA Landsat-7 satellite image of the
Ouargla Oasis, Algeria on 20 December, 2000. In

this false-colour image, red indicates vegetation (the
brighter the red, the more dominant the vegetation).
Pale pink and orange tones show the desert land-
scape of sand and rock outcrops. The satellite image
shows date palms surrounding the urban area of
Ouargla and Chott Ain el Beida in the southwest, a
saline depression that has traditionally collected irri-
gation runoff, as well as the proliferation of irrigated
land to the north and east of Ouargla in the vicinity
of Chott Oum el Raneb. The width of the image
shown is approximately 40km. (Reproduced from
http://earthobservatory.nasa.gov/IOTD. NASA
images created by Jesse Allen and Rob Simmon,
using Landsat data provided by the United States
Geological Survey. Caption by Michon Scott.)

Plate 1.6 Estimated depth in metres below ground
level (m bgl) to groundwater in Africa. (Reproduced
from WaterAid (2011) Sustainability Framework.)

Plate 1.7 Aquifer productivity in litres per second
(L s7") for Africa showing the likely interquartile range
for boreholes drilled and sited using appropriate
techniques and expertise. (Reproduced from
CP13/015 British Geological Survey © NERC. All
rights reserved. Boundaries of surficial geology of
Africa, courtesy of the U.S. Geological Survey.
Country boundaries sourced from ArcWorld ©
1995-2011 ESRI. All rights reserved.)

Plate 2.1 Aerial view of artesian springs and spring
mounds west of Lake Eyre South (137°E, 29°S) in
the Great Artesian Basin in northern South Australia
(see Box 2.10) showing the flowing artesian Beresford
Spring (A in foreground), the large, 45m high
Beresford Hill with an extinct spring vent (C), the
flowing artesian Warburton Spring (E), and the flat
topped hill (F) capped by spring carbonate deposits
(tufa) overlying Bulldog Shale. The diameter of the
upper part of the circular Beresford Hill, above the
rim, is about 400 m. Luminescence ages of 13.9 £ 1 ka

Xi
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were determined for samples from the carbonate
mound of the actively flowing Beresford Spring
(B) and of 128 + 33ka from the northwest side of
the dry extinct Beresford Hill spring carbonate
mound deposits (D). (Prescott and Habermehl 2008.
Reproduced with permission from Taylor & Francis.)

Plate 2.2 Big Bubbler Spring, with its spring outlet
on top of an elevated mound, located west of Lake
Eyre South in the Great Artesian Basin in northern
South Australia (see Box 2.10). The spring outflow
runs into a small channel and forms small wetlands
(to the right). Hamilton Hill and its cap of spring
carbonate deposits is visible in the background and
is similar to Beresford Hill (Plate 2.1) located
approximately 30km to the north-west. (Prescott
and Habermehl 2008. Reproduced with permission
from Taylor & Francis.)

Plate 2.3 1:50000000 Transboundary Aquifers of
the World (Update 2012) map. Areas of transbound-
ary aquifer extent are shown with brown shading and
areas of groundwater body (GWB) extent are shown
with grey shading, with darker colours representing
overlapping aquifers and GWBs. Individual symbols
shown in brown indicate small aquifers and GWBs.
The inset maps show (anticlockwise from left) trans-
boundaryaquifersin Central Americaat1:25 000 000,
the Caucasus at 1:25000000, Central Asia at
1:15000000 and Europe at 1:20000000. (Repro-
duced from International Groundwater Resources
Assessment Centre (http://www.un-igrac.org). Special
Edition for the 6th World Water Forum, Marseille,
March2012. Prepared by IGRAC Base maps. Country
borders: http://thematicmapping.org. Rivers and
lakes: ESRI (2009). Map projection: Robinson pro-
jection. Geographic coordinates: spheroid WGS84,
longitude of central meridian 0°. © IGRAC 2012.
Released under the Creative Commons licence Attri-
bution-Non-Commercial-Share Alike.)

Plate 2.4 Groundwater discharge in the intertidal
zone of Kinvara Bay on 15 September 2010 at
Dunguaire Castle, County Galway, Ireland.

Plate 2.5 Lake Caherglassaun (for location see Box
2.13, Fig. 2.61) responding to high tide as observed
at 14.53h on 13 September 2006 in the karst aquifer
of the Gort Lowlands, County Galway, Ireland.

Plate 2.6 The Carran Depression and turlough (a
fluctuating, groundwater level-controlled ephemeral
lake) on 13 September 2006, The Burren, County
Clare, Ireland.

Plate 2.7 1:25000000 Groundwater Resources of
the World (2008 edition) map showing the distribu-
tion of large aquifer systems (excluding Antarctica).
Blue shading represents major groundwater basins,
green shading areas with complex hydrogeological
structure and brown shading areas with local and
shallow aquifers. Darker and lighter colours represent
areas with high and low groundwater recharge rates,
respectively, generally above and below 100 mma'.
For further discussion see Section 2.17. (Reproduced
from WHYMAP (http://www.whymap.org). ©
WHYMAP & Margat 2012. BGR/UNESCO.)

Plate 2.8 1:120000000 Groundwater Recharge
(1961-1990) per Capita (2000) map showing ground-
water recharge in m®capita™a™ aggregated for coun-
tries or sub-national units (excluding Antarctica).
(Reproduced from WHYMAP (http://www.whymap.
org) based on Doll and Fiedler 2008. Sources: Mean
Groundwater Recharge calculated with waterGAP
2.1/Universities of Frankfurt Main and Kassel 2007.
Population data based on GPW - Version 3. Center
for International Earth Science Information Network
(CIESIN) 2005. BGR/UNESCO.)

Plate 3.1 Variable-density groundwater flow simula-
tions to evaluate the efficiency of different styles of
salinization processes in layered aquifer systems on
the continental shelf during and after transgression
of the sea (see Section 3.6.1 and Fig. 3.12). The
upper panel shows the model set-up representing a
slightly seaward dipping layered aquifer system in
which the left-hand boundary represents fresh, mete-
oric water originating as recharge in the hinterland.
The right-hand boundary represents coastal seawa-
ter. In the initial steady-state situation (¢ = 0 years)
the sideways sag of the saline water underneath the
sea floor results in a tongue of saline water in the
deeper inland aquifers. When sea-level rises, seawa-
ter starts to sink into the upper aquifer with a char-
acteristic finger pattern indicative of free-convection
replacing fresh water. This process of salinization is
rapid compared to the salinization process in the
deeper aquifer which only proceeds slowly by
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transverse movement of the saline-fresh interface.
The simulation shows that it takes millennia for
these processes to result in complete salinization of
sub-seafloor aquifers which explains the current
occurrence of fresh water in many parts of the con-
tinental shelf (e.g Fig. 3.13).

Plate 3.2 Example of a numerical simulation
illustrating aspects of the hydrodynamics within
sedimentary basins during glaciation. (a) A bowl-
shaped sedimentary basin is conceptualized consisting
of several thick aquifers and aquitards. This basin is
overridden by an ice-sheet, which results in a complex
hydrodynamic response. A deformation of the finite-
element mesh accommodates the flexure of the
sedimentary basin caused by the weight of the ice-
sheet. (b) The high hydraulic head at the ice-sheet
base is propagated into the aquifer units in the basin
and results in a strong groundwater flow component
away from the base of the ice-sheet. At the same
time, the increasing weight exerted as the ice-sheet
advances results in a build-up of hydraulic head in
the aquitard units in the basin which are considerably
more compressible than the aquifers. Consequently,
groundwater is moving away from these aquitard
units. In this model simulation the lower aquitard is
more compressible than the upper aquitard. (Adapted
from Bense and Person 2008. Reproduced with
permission of John Wiley & Sons.)

Plate 6.1 Global map of the groundwater footprint
of aquifers. Six aquifers that are important to
agriculture are shown at the bottom of the map (at
the same scale as the global map) with the surrounding

List of colour plates  xiii

grey areas indicating the groundwater footprint
proportionally at the same scale. The ratio GF/A,
indicates widespread stress of groundwater resources
and/or groundwater-dependent ecosystems. The inset
histogram shows that GF is less than A, for most
aquifers. (Gleeson er al. 2012. Reproduced with
permission of Nature Publishing Group.)

Plate 10.1 Multi-model mean changes in: (a)
precipitation (mm/day), (b) soil moisture content
(%), (c) runoff (mm/day) and (d) evaporation (mm/
day). To indicate consistency in the sign of change,
regions are stippled where at least 80% of models
agree on the sign of the mean change. Changes are
annual means for the medium, A1B scenario
‘greenhouse gas’ emissions scenario for the period
2080-2099 relative to 1980-1999. Soil moisture and
runoff changes are shown at land points with valid
data from at least 10 models. (Adapted from Collins
et al. 2007. Reproduced with permission.)

Plate 10.2 (a) Map showing global land-ocean tem-
perature anomalies in 2012. Regional temperature
anomalies are compared with the average base period
(1951-1980). (b) Graph showing yearly temperature
anomalies from 1880 to 2011 as recorded by differ-
ent institutions. Though there are minor variations
from year to year, all four records show correspond-
ing peaks and troughs in the data. All the records
show rapid warming in the past few decades, and all
show the last decade as the warmest. (Adapted from
NASA Earth Observatory http://earthobservatory
.nasa.gov/IOTD/view.php?id=80167)
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Preface to the second edition

Reflecting on the first edition of this book, written a
decade ago, it has become increasingly evident that
groundwater will play an essential part in meeting
the water resources demands of the 21 century, with
groundwater already supplying an estimated 2 billion
people worldwide with access to freshwater. Further-
more, the challenge of feeding a projected population
of nine billion people by 2030 is likely to require an
ever greater demand for water in growing crops,
with a large fraction of irrigation water supplied by
groundwater. Combined with other global environ-
mental pressures resulting from altered patterns of
temperature and precipitation as driven by climate
change, adaptation responses to water use and
management will become critical if demands for
water are to be met. Hence, in order to set the scene
for students and practitioners in hydrogeology, the
second edition of this book includes new sections on
the distribution and exploitation of global ground-
water resources and possible approaches to adapting
to climate change. A longer term view is also pre-
sented in which processes that act over geological
timescales, such as the formation of sedimentary
basins and crustal deformation during ice ages, are
shown to have a profound influence on our under-
standing of groundwater flow patterns and the
distribution of fresh groundwater resources today.
As with the first edition, the main emphasis of
this second edition is to present the principles and
practice of hydrogeology, without which the appro-
priate investigation, development and protection of

Xvi

groundwater resources is not feasible. An important
addition to the current edition is Chapter 3 in which
regional characteristics such as topography, compac-
tion and variable fluid density are introduced and
explained in terms of geological processes affecting
the past, present and future groundwater flow
regimes. In support of the new material presented
in this chapter and throughout this second edition,
and given the positive reception to the case studies
published in the first edition, a further 13 boxes are
included, as well as a set of colour plates, that are
drawn from our teaching and research experience.
The case studies illustrate international examples
ranging from transboundary aquifers and submarine
groundwater discharge to the over-pressuring of
groundwater in sedimentary basins and, as a special
topic, the question of whether there is groundwater
on the planet Mars. To help with a more rational
presentation, some reorganisation of material has
occurred to separate investigation of catchment
processes required to understand the role of ground-
water as part of a catchment water balance (Chapter
6) from groundwater investigation techniques used
to determine aquifer properties (Chapter 7). Also,
Appendix 10 now includes a set of answers to
the review questions in order to assist the reader
consolidate his or her hydrogeological knowledge
and understanding.

Kevin Hiscock & Victor Bense, Norwich
July 2013



Preface to the first edition

In embarking on writing this book on the principles
and practice of hydrogeology, I have purposely aimed
to reflect the development of hydrogeology as a
science and its relevance to the environment. As a
science, hydrogeology requires an interdisciplinary
approach with applications to water resources inves-
tigations, pollution studies and environmental man-
agement. The skills of hydrogeologists are required
as much by scientists and engineers as by planners
and decision-makers. Within the current era of
integrated river basin management, the chance to
combine hydrogeology with wider catchment or
watershed issues, including the challenge of adapting
to climate change, has never been greater. Hence, to
equip students to meet these and future challenges,
the purpose of this book is to demonstrate the prin-
ciples of hydrogeology and illustrate the importance
of groundwater as a finite and vulnerable resource.
By including fundamental material in physical,

chemical, environmental isotope and contaminant
hydrogeology together with practical techniques
of groundwater investigation, development and pro-
tection, the content of this book should appeal to
students and practising professionals in hydrogeol-
ogy and environmental management. Much of the
material contained here is informed by my own
research interests in hydrogeology and also from
teaching undergraduate and postgraduate courses in
hydrology and hydrogeology within the context of
environmental sciences. This experience is reflected
in the choice of case studies, both European and
international, used to illustrate the many aspects of
hydrogeology and its connection with the natural
and human environments.

Kevin Hiscock, Norwich
May 2004
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Symbols and abbreviations

Multiples and submultiples

Symbol Name Equivalent
T tera 10"
G giga 10°
M mega 10°
k kilo 10°
d deci 107
c centi 107
m milli 107
u micro 107
n nano 10~
p pico 10712

Symbols and abbreviations

Symbol Description Units

[] activity mol kg™

(=) concentration (see Box 4.1) mol L™ or
mg L™

A area m?

A radionuclide activity

AE actual evapotranspiration mm

ASR artificial storage and recovery

(aq) aqueous species

atm atmosphere (pressure)

B barometric efficiency

BOD biological oxygen demand mg L™

Bq becquerel (unit of radioactivity; 1 Bq = 1 disintegration per second)

b aquifer thickness m

2b fracture aperture m

C shape factor for determining k;

C specific moisture capacity of a soil (m of water)™

C,c concentration

°C degrees Celsius (temperature)

CEC cation exchange capacity meq (100 g)™

CFC chlorofluorocarbon

Ci curie (older unit of radioactivity; 1 Ci = 3.7 x 10" disintegrations per

second)
COD chemical oxygen demand mg L™
D hydraulic diffusivity m?s™!
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electron
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Faraday constant (9.65 x 10* C mol™)
Darcy-Weisbach friction factor
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infiltration rate

weight fraction organic carbon content
Gibbs free energy
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gram (mass)

gas

depth (head) of water measured at a flow gauging structure
enthalpy
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International Atomic Energy Agency
ion activity product

joule (energy, quantity of heat)
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hydraulic conductivity
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partition or distribution coefficient
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octanol-water partition coefficient
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intrinsic permeability

litre (volume)

light, non-aqueous phase liquid
length

monitored natural attenuation
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amount of substance (see Box 4.1)

eq L™
cm h?
cm h?

kJ mol™

m s

kJ mol™

mol L™
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m s
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partial pressure
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pascal (pressure)
porewater pressure

polycyclic aromatic hydrocarbon
Pee Dee Belemnite

potential evapotranspiration
—logio

parts per million

discharge

fracture flow discharge

specific discharge or darcy velocity
hydraulic radius

recharge (direct recharge)

universal gas constant (8.314 ] mol™ K™)

root constant
retardation factor
Reynolds number

roentgen equivalent man (older unit of dose equivalent;

1 rem = 0.01 Sv)
entropy

sorptivity of soil
storativity

slope
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specific storage
specific surface area
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soil moisture deficit
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mm
Pa (or N m™)
atm or Pa
atm or Pa

Pa or m of
water

J mol™ K
cm (min)™?

standard temperature and pressure of gases (0°C, 1 atmosphere

pressure)

sievert (unit of dose equivalent that accounts for the relative biological

effects of different types of radiation; 1 Sv = 100 rem)
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transmissivity
absolute temperature
total dissolved solids
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time
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tin radionuclide half-life

\% volume

\% volt (electrical potential)

V, volume of solid material

VOC volatile organic compound

Vimow Vienna Standard Mean Ocean Water
v groundwater or river water velocity
v average linear velocity (groundwater)
v, average linear contaminant velocity
U, average linear water velocity

WHO World Health Organization

WMO World Meteorological Organization
WMWL World Meteoric Water Line

W(u) well function

w width

ZFP zero flux plane

z (hydraulics) elevation

z (chemistry) electrical charge
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Symbol Description
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B water compressibility
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1) stable isotope notation

& partial negative charge

&+ partial positive charge

0 volumetric moisture content
A radionuclide decay constant
u viscosity

ulp kinematic viscosity

) fluid density

Ob bulk mass density

Ps particle mass density

o, effective stress

or total stress

T total competing cation concentration
p) sum of

() fluid potential (=h)

v fluid pressure

Y, air entry pressure

Q saturation index
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m of water
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1 Introduction

1.1 Scope of this book

This book is about the study of hydrogeology and
the significance of groundwater in the terrestrial
aquatic environment. Water is a precious natural
resource, without which there would be no life on
Earth. We, ourselves, are comprised of two-thirds
water by body weight. Our everyday lives depend on
the availability of inexpensive, clean water and safe
ways to dispose of it after use. Water supplies are
also essential in supporting food production and
industrial activity. As a source of water, groundwater
obtained from beneath the Earth’s surface is often
cheaper, more convenient and less vulnerable to
pollution than surface water.

Groundwater, because it is unnoticed underground,
is often unacknowledged and undervalued resulting
in adverse environmental, economic and social
consequences. The over-exploitation of groundwater
by uncontrolled pumping can cause detrimental
effects on neighbouring boreholes and wells, land
subsidence, saline water intrusion and the drying
out of surface waters and wetlands. Without
proper consideration for groundwater resources,
groundwater pollution from uncontrolled uses of
chemicals and the careless disposal of wastes on land
cause serious impacts requiring difficult and expensive
remediation over long periods of time. Major sources
of contamination include agrochemicals, industrial
and municipal wastes, tailings and process wastewater
from mines, oil field brine pits, leaking underground
storage tanks and pipelines, and sewage sludge and
septic systems.

Achieving sustainable development of groundwater
resources by the future avoidance of over-exploitation
and contamination is an underlying theme of this

book. By studying topics such as the properties
of porous material, groundwater flow theory and
geological processes, well hydraulics, groundwater
chemistry, environmental isotopes, contaminant
hydrogeology and techniques of groundwater
remediation and aquifer management, it is our
responsibility to manage groundwater resources
to balance environmental, economic and social
requirements and achieve sustainable groundwater
development (Fig. 1.1).

The 10 chapters of this book aim to provide
an introduction to the principles and practice of
hydrogeology and to explain the role of groundwater
in the aquatic environment. Chapter 1 provides a
definition of hydrogeology and charts the history
of the development of hydrogeology as a science.
The water cycle is described and the importance of
groundwater as a natural resource is explained. The
legislative framework for the protection of ground-
water resources is introduced with reference to
industrialized and developing countries. Chapters
2-4 discuss the principles of physical and chemical
hydrogeology that are fundamental to an under-
standing of the occurrence, movement and chemistry
of groundwater in the Earth’s crust. The relation-
ships between geology and aquifer conditions are
demonstrated both in terms of flow through porous
material and rock-water interactions. Chapter 5 pro-
vides an introduction to the application of environ-
mental isotopes in hydrogeological investigations
for assessing the age of groundwater recharge and
includes a section on noble gases to illustrate the
identification of palacowaters and aquifer evolution.

In the second half of this book, Chapters 6 and
7 provide an introduction to the range of field
investigation techniques used in the assessment of

Hydrogeology: Principles and Practice, Second Edition. Kevin M. Hiscock and Victor F. Bense.
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Artificial recharge
(irrigation losses,
wastewater returns)

.

Natural recharge
(excess rainfall,
surface water

seepage)

Aquifer Storage

(groundwater resource)
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(aquitard leakage,
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flow)

Sustainable groundwater development

1 1
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Environmental
benefits
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Groundwater
abstractions
(agriculture and
industry)

Groundwater
discharge
(springs, surface
waters, wetlands,
coastal zone)

Groundwater
supply schemes
(drinking water
supplies)

Fig. 1.1 The achievement of sustainable groundwater development through the balance of recharge inputs to aquifer storage (the
groundwater resource) against discharge outputs for economic, environmental and human (social) benefits. (Adapted from Hiscock
et al. 2002. Reproduced with permission from Geological Society Publishing House.)

catchment water resources and includes stream
gauging methods, hydraulics and tracer
techniques. The protection of groundwater from
surface contamination requires knowledge of solute
transport processes and Chapter 8 introduces the
principles of contaminant hydrogeology. Chapter 8
also covers water quality criteria and discusses the
nature of contamination arising from a variety of
urban, industrial and agricultural sources and also
the causes and effects of saline intrusion in coastal
regions. The following Chapter 9 discusses methods
of groundwater pollution remediation and protection,
and includes sections that introduce risk assessment
methods and spatial planning techniques. The final
chapter, Chapter 10, returns to the topic of catchment
water resources and demonstrates integrated methods
for aquifer management together with consideration
of groundwater interactions with rivers and wetlands,

well

as well as the potential impacts of climate change on
groundwater.

Each chapter in this with
recommended further reading to help extend the
reader’s knowledge of hydrogeology. In addition, for
students of hydrogeology, a set of discursive and
numerical exercises is provided in Appendix 10 to
provide practice in solving groundwater problems.
The remaining appendices include data and
information in support of the main chapters of this
book and will be of wider application in Earth and
environmental sciences.

book concludes

1.2 What is hydrogeology?

Typical definitions of hydrogeology emphasize the
occurrence, distribution, movement and geological
interaction of water in the Earth’s crust. Hydrogeology



is an interdisciplinary subject and also encompasses
aspects of hydrology. Hydrology has been defined as
the study of the occurrence and movement of water
on and over the Earth’s surface independent of the
seepage of groundwater and springs which sustain
river flows during seasonal dry periods. However,
too strict a division between the two subjects is
unhelpful, particularly when trying to decipher
the impact of human activities on the aquatic
environment. How well we respond to the challenges
of pollution of surface water and groundwater, the
impacts of over-exploitation of water resources, and
the potential impact of climate change will depend
largely on our ability to take a holistic view of the
aquatic environment.

1.3 Early examples of groundwater
exploitation

The vast store of water beneath the ground surface
has long been realized as an invaluable source of
water for human consumption and use. Throughout
the world, springs fed by groundwater are revered
for their life-giving or curative properties (see
Fig. 1.2), and utilization of groundwater long
preceded understanding of its origin, occurrence and
movement.

Evidence for some of the first wells to be used by
modern humans is found in the far west of the Levant
on the island of Cyprus. It is likely that Cyprus was
first colonized by farming communities in the
Neolithic, probably sailing from the Syrian coast
about 9000 BC (Mithen 2012). Several Neolithic
wells have been excavated from known settlements
in the region of Mylouthkia on the west coast of
Cyprus (Peltenberg et al. 2000). The wells are 2m in
diameter and had been sunk at least 8 m through
sediment to reach groundwater in the bedrock. The
wells lacked any internal structures or linings other
than small niches within the walls, interpreted
as hand- and foot-holds to allow access during
construction and for cleaning. When abandoned, the
wells were filled with domestic rubbish which dates
from 8300 BC, indicating that the wells had been
built at or just before this date (Mithen 2012).

Wells from the Neolithic period are also recorded
in China, a notable example being the wooden
Hemudu well in Yuyao County, Zhejiang Province,
in the lower Yangtze River coastal plain. Based on

Introduction 3

Fig. 1.2 Lady’s Well in Coquetdale, northern England
(National Grid Reference NT 953 028). Groundwater seeping
from glacial deposits at the foot of a gently sloping hillside is
contained within an ornamental pool floored with loose
gravel. The site has been used since Roman times as a
roadside watering place and was walled round and given its
present shape in either Roman or medieval times. Anglo Saxon
Saint Ninian, the fifth century apostle, is associated with the
site, and with other ‘wells’ beside Roman roads in
Northumberland, and marks the spot where Saint Paulinus
supposedly baptized 3000 Celtic heathens in its holy water
during Easter week, AD 627. The name of the well, Lady’s
Well, was adopted in the second half of the twelfth century
when the nearby village of Holystone became the home of a
priory of Augustinian canonesses. The well was repaired and
adorned with a cross, and the statue brought from Alnwick, in
the eighteenth and nineteenth centuries. Today, groundwater
overflowing from the pool supplies the village of Holystone.

carbon-14 dating of the well wood, it is inferred that
the well was built in 3710 + 125 BC (Zhou et al.
2011). The depth of the well was only 1.35m with
over 200 wooden components used in its construction
comprising an outer part of 28 piles surrounding a
pond, and an inner part, the wooden well itself, in
the centre of the pond. The walls of the well were
lined with close-set timber piles reinforced by a
square wooden frame. The 28 piles in the outer part
of the site may have been part of a shelter for the
well, suggesting awareness by the people of the
Hemudu culture that their water source required
protection (Zhou et al. 2011).

Evidence for the appearance of dams, wells and
terraced walls, three methods of water management,
is widespread by the Early Bronze Age from 3600
BC, as part of what has been termed a “Water
Revolution” (Mithen 2012). The recognisable



4 Hydrogeology: Principles and Practice

development of groundwater as part of a water
management system also dates from ancient times,
as manifest by the wells and horizontal tunnels
known as qanats (ghanats) or aflaj (singular, falaj),
both Arabic terms describing a small, artificial
channel excavated as part of a water distribution
system, which appear to have originated in Persia
about 3000 years ago. Examples of such systems are
found in a band across the arid regions extending
from Afghanistan to Morocco. In Oman, the rural
villages and aflaj-supplied oases lie at the heart
of Omani culture and tradition. The system of
participatory management of communal aflaj is an
ancient tradition in Oman by which common-
property flows are channelled and distributed to
irrigation plots on a time-based system, under the
management of a local community (Young 2002).
Figure 1.3 shows a cross-section along a qanat
with its typical horizontal or gently sloping gallery
laboriously dug through alluvial material, occasionally
up to 30km in length, and with vertical shafts dug
at closely spaced intervals to provide access to the
tunnel. Groundwater recharging the alluvium in the

Vertical air shafts

Irrigated
farmland

3 Surface

mountain foothills is fed by gravity flow from
beneath the water table at the upper end of the qanat
to a ground surface outlet and irrigation canal on the
arid plain at its lower end (Fig. 1.4). The depth of
the mother well (Fig. 1.3) is normally less than 50 m.
Discharges, which vary seasonally with water table
fluctuations, seldom exceeding 3 m?®s™".

Such early exploitation of groundwater as part of
a sophisticated engineered system is also evident in
the supply of water that fed the fountains of Rome
(see Box 1.1). Less sophisticated but none the less
significant, hand-operated pumps installed in wells
and boreholes have been used for centuries to obtain
water supplies from groundwater found in surface
geological deposits. The fundamental design of
hand pumps of a plunger (or piston) in a barrel (or
cylinder) is recorded in evidence from Greece in
about 250 BC (Williams 2009). It is assumed that
wooden pumps were in continuous use after the end
of the Roman period, although examples are difficult
to find given that wooden components perish in time.
In Britain, the majority of existing hand-operated
pumps are cast iron, dating from the latter part of

Mountain
foothills

Recharge area

Mother well

/

canal

L 'Aqun‘er (aIIuwum)

Sl e oundwaw\/ ‘e Water producing
R Gr// ..+ section

Fig. 1.3 Longitudinal section of a ganat. (Based on Beaumont 1968 and Biswas 1972.)
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the nineteenth century (see Plate 1.1). Although
entirely redundant now due to issues of unreliability
in dry weather and the risk of surface-derived
pollution, private and domestic pumps were once
widely used for supplying houses, farms, inns,
almshouses, hospitals, schools and other institutions
in cities, towns and villages. Ultimately, as mains
water was introduced across Britain from the
nineteenth century onwards following the Public
Health (Water) Act of 1878, the village pump was
superseded by the communal outdoor tap or water
pillar, itself made redundant when piped water was
provided to individual houses.

1.4 History of hydrogeology

It is evident from the examples mentioned previously
that exploitation of groundwater resources long
preceded the founding of geology, let alone
hydrogeology. Western science was very slow in
achieving an understanding of the Earth’s hydrological
cycle. Even as late as the seventeenth century it was
generally assumed that water emerging from springs
could not be derived from rainfall, in that it was
believed that the quantity was inadequate and the
Earth too impervious to permit infiltration of rain
water far below the surface. In contrast, Eastern
philosophical writings had long considered that the
Fig. 1.4 Irrigation canal supplied with water by a ganat or Earth’s water flowed as part of a great cycle involving
falaj in Oman. (Photograph provided courtesy of M.R. Leeder.) the atmosphere. About 3000 years ago, the sacred

Box 1.1 The aqueducts of Rome

The remarkable organization and engineering skills of the Roman civilization are demonstrated
in the book written by Sextus Julius Frontinus and translated into English by C.E. Bennett
(1969). In the year 97 AD, Frontinus was appointed to the post of water commissioner, during
the tenure of which he wrote the De Aquis. The work is of a technical nature, written partly
for his own instruction, and partly for the benefit of others. In it, Frontinus painstakingly
details every aspect of the construction and maintenance of the aqueducts existing in his day.

For more than 400 years, the city of Rome was supplied with water drawn from the River
Tiber, and from wells and springs. Springs were held in high esteem, and treated with veneration.
Many were believed to have healing properties, such as the springs of Juturna, part of a
fountain known from the south side of the Roman Forum. As shown in Fig. 1.5 and illustrated
in Plate 1.2, by the time of Frontinus, these supplies were augmented by several aqueducts,
presumably giving a reliable supply of good quality water, in many cases dependent on

continued on p. 6
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Fig. 1.5 Map of the general geology in the vicinity of Rome showing the location of the spring sources and
routes of Roman aqueducts. (Based on Bennett 1969 and Boni et al. 1986.)

groundwater. For example, the Vergine aqueduct brought water from the estate of Lucullus
where soldiers, out hunting for water, were shown springs which, when dug out, yielded a
copious supply. Frontinus records that the intake of Vergine is located in a marshy spot,
surrounded by a concrete enclosure for the purpose of confining the gushing waters. The length
of the water course was 14105 paces (20.9km). For 19.1km of this distance the water was
carried in an underground channel, and for 1.8 km above ground, of which 0.8 km was on
substructures at various points, and 1.0 km on arches. The source of the Vergine spring, located
approximately 13km east of Rome in the small town of Salone, is shown on a modern
hydrogeological map (Boni ef al. 1986) as issuing from permeable volcanic rocks with a mean
discharge of 1.0m?s™ (Fig. 1.5). Frontinus also describes the Marcia aqueduct with its intake
issuing from a tranquil pool of deep green hue. The length of the water-carrying conduit is
61710% paces (91.5km), with 10.3km on arches. Today, the source of the Marcia spring is
known to issue from extensively fractured limestone rocks with a copious mean discharge of
S54m’s™.

After enumerating the lengths and courses of the several aqueducts, Frontinus enthuses: ‘with
such an array of indispensable structures carrying so many waters, compare, if you will, the
idle Pyramids or the useless, though famous, works of the Greeks!” To protect the aqueducts
from wilful pollution, a law was introduced such that: ‘No one shall with malice pollute the
waters where they issue publicly. Should any one pollute them, his fine shall be 10000 sestertii’
which, at the time, was a very large fine. Clearly, the ‘polluter pays’ principle was readily

continued
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adopted by the Romans! Further historical, architectural and engineering details of the ancient
aqueducts of Rome are given by Bono and Boni (2001) and Hodge (2008).

The Vergine aqueduct is one of only two of the original aqueducts still in use. The name
derives from its predecessor, the Aqua Virgo, constructed by Marcus Agrippa in 19 BC. The
main channels were renovated and numerous secondary channels and end-most points (m0stre)
added during the Renaissance and Baroque periods, culminating in several fountains, including
the famous Trevi fountain (Plate 1.3). The total discharge of the ancient aqueducts was in
excess of 10m?®s™ supplying a population at the end of the first century AD of about 0.5
million. Today, Rome is supplied with 23 m’s™ of groundwater, mainly from karst limestone
aquifers, and serving a population of 3.5 million (Bono and Boni 2001). Many of
the groundwater sources are springs from the karst system of the Simbruini Mountains east

of Rome.

Hindu Vedas texts of India explained the Earth’s
water movements in terms of cyclical processes of
evaporation, condensation, cloud formation, rainfall,
river flow and water storage (Chandra 1990).

A clear understanding of the hydrological cycle
was achieved by the end of the seventeenth century.
The French experimentalists Pierre Perrault (1611-
1680) and Edme Mariotte (ca. 1620-1684) made
measurements of rainfall and runoff in the River
Seine drainage basin, and the English astronomer
Edmond Halley (1656-1742) demonstrated that
evaporation of seawater was sufficient to account for
all springs and stream flow (Halley 1691). Over 100
years later, the famous chemist John Dalton (1766-
1844) made further observations of the water cycle,
including a consideration of the origin of springs
(Dalton 1799).

One of the earliest applications of the principles
of geology to the solution of hydrological problems
was made by the Englishman William Smith (1769-
1839), the ‘father of English geology’ and originator
of the epoch-making Map of England (1815). During
his work as a canal and colliery workings surveyor
in the west of England, Smith noted the various soils
and the character of the rocks from which they were
derived and used his knowledge of rock succession
to locate groundwater resources to feed the summit
levels of canals and supply individual houses and
towns (Mather 1998).

In Britain, the industrial revolution led to a huge
demand for water resources to supply new towns
and cities, with Nottingham, Liverpool, Sunderland
and parts of London all relying on groundwater. This

explosion in demand for water gave impetus to the
study of the economic aspects of geology. It was
at this time that Lucas (1874) introduced the
term ‘hydrogeology’ and produced the first real
hydrogeological map (Lucas 1877). Towards the end
of the nineteenth century, William Whitaker, sometimes
described as the ‘father of English hydrogeology’,
and an avid collector of well records, produced the
first water supply memoir of the Geological Survey
(Whitaker and Reid 1899) in which the water supply
of Sussex is systematically recorded.

The drilling of many artesian wells stimulated
parallel activity in France during the first half of the
nineteenth century. The French municipal hydraulic
engineer Henry Darcy (1803-1858) studied the
movement of water through sand and from empirical
observations defined the basic equation, universally
known as Darcy’s Law that governs groundwater
flow in most alluvial and sedimentary formations.
Darcy’s Law is the foundation of the theoretical
aspects of groundwater flow and his work was
extended by another Frenchman, Arséne Dupuit
(1804-1866), whose name is synonymous with the
equation for axially-symmetric flow towards a well
in a permeable, porous medium.

The pioneering work of Darcy and Dupuit was
followed by the German civil engineer, Adolph
Thiem (1836-1908), who made theoretical analyses
of problems concerning groundwater flow towards
wells and galleries, and by the Austrian Philip
Forchheimer (1852-1933) who, for the first time,
applied advanced mathematics to the study of
hydraulics. One of his major contributions was
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a determination of the relationship between
equipotential surfaces and flow lines. Inspired by
earlier techniques used to understand heat flow
problems, and starting with Darcy’s Law and
Dupuit’s assumptions, Forchheimer derived a partial
differential equation, the Laplace equation, for
steady groundwater flow. Forchheimer was also the
first to apply the method of mirror images to
groundwater flow problems; for example, the case of
a pumping well located adjacent to a river.

Much of Forchheimer’s work was duplicated in
the United States by Charles Slichter (1864-1946),
apparently oblivious of Forchheimer’s existence.
However, Slichter’s theoretical approach was vital
to the advancement of groundwater hydrology in
America at a time when the emphasis was on
exploration and understanding the occurrence of
groundwater. This era was consolidated by Meinzer
(1923) in his book on the occurrence of groundwater
in the United States. Meinzer (1928) was also the
first to recognize the elastic storage behaviour of
artesian aquifers. From his study of the Dakota
sandstone (Meinzer and Hard 1925), it appeared
that more water was pumped from the region than
could be explained by the quantity of recharge at
outcrop, such that the water-bearing formation must
possess some elastic behaviour in releasing water
contained in storage. Seven years later, Theis (1935),
again using the analogy between heat flow and water
flow, presented the ground-breaking mathematical
solution that describes the transient behaviour of
water levels in the vicinity of a pumping well.

Two additional major contributions in the advance-
ment of physical hydrogeology were made by
Hubbert and Jacob in their 1940 publications.
Hubbert (1940) detailed work on the theory of
natural groundwater flow in large sedimentary basins,
while Jacob (1940) derived a general partial differential
equation describing transient groundwater flow.
Significantly, the equation described the elastic behaviour
of porous rocks introduced by Meinzer over a decade
earlier. Today, much of the training in groundwater
flow theory and well hydraulics, and the use of
computer programmes to solve hydrogeological
problems, is based on the work of these early hydro-
geologists during the first half of the twentieth century.

The development of the chemical aspects of
hydrogeology stemmed from the need to provide
good quality water for drinking and agricultural

purposes. The objective description of the
hydrochemical properties of groundwater was
assisted by Piper (1944) and Stiff (1951) who
presented graphical procedures for the interpretation
of water analyses. Later, notable contributions were
made by Chebotarev (1955), who described the
natural chemical evolution of groundwater in the
direction of groundwater flow, and Hem (1959),
who provided extensive guidance on the study and
interpretation of the chemical characteristics of
natural waters. Later texts by Garrels and Christ
(1965) and Stumm and Morgan (1981) provided
thorough, theoretical treatments of aquatic chemistry.

By the end of the twentieth century, the previous
separation of hydrogeology into physical and
chemical fields of study had merged with the need to
understand the fate of contaminants in the sub-surface
environment. Contaminants are advected and
dispersed by groundwater movement and can simul-
taneously undergo chemical processes that act to
reduce pollutant concentrations. More recently, the
introduction of immiscible pollutants, such as petro-
leum products and organic solvents into aquifers, has
led to intensive research and technical advances in
the theoretical description, modelling and field
investigation of multi-phase systems. At the same
time, environmental legislation has proliferated, and
has acted as a driver in contaminant hydrogeology
and in the protection of groundwater-dependent
ecosystems. Today, research efforts are directed towards
understanding natural attenuation processes as part
of a managed approach to restoring contaminated
land and groundwater and also in developing
approaches to manage groundwater resources in the
face of global environmental change.

Hence, hydrogeology has now developed into a
truly interdisciplinary subject, and students who aim
to become hydrogeologists require a firm foundation
in Earth sciences, physics, chemistry, biology, math-
ematics, statistics and computer science, together
with an adequate understanding of environmental
economics and law, and government policy. Indeed,
the principles of hydrogeology can be extended to
the exploration of water on other planetary systems.
Finding water on other planets is of great interest to
the scientific community, second only to, and as a
prerequisite for, detecting evidence for extraterres-
trial life. As an example, a discussion of the evidence
for water on Mars is given in Box 1.2.
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Box 1.2 Groundwater on Mars?

Significant amounts of global surface hydrogen as well as seasonally transient water and carbon
dioxide ice at both the North and South Polar Regions of Mars have been detected and studied
for several years. The presently observable cryosphere, with volumes of 1.2-1.7 and
2-3 x 10°km?, respectively at the north and south poles, contains an equivalent global layer
of water (EGL), if melted, of a few tens of metres deep (Smith et al. 1999; Farrell et al. 2009).
Surface conditions on Mars are currently cold and dry, with water ice unstable at the surface
except near the poles. Geologically recent, glacier-like landforms have been identified in the
tropics and the mid-latitudes of Mars and are thought to be the result of obliquity-driven
climate change (Forget et al. 2006). The relatively low volume of the EGL, coupled with
widespread indications of chemical and geological landforms shaped by extensive
palaeohydrological activity (Andrews-Hanna et al. 2010; Michalski ez al. 2013), has resulted
in an extensive search for other extant water resources, as well as evidence of how much water,
hydrogen and oxygen was stripped from the Martian atmosphere about 4 Ga.

The most likely reservoir for extensive storage of water on Mars is groundwater and a global
Martian aquifer was long been assumed to exist beneath the permafrost at a depth where
crustal temperatures maintained by geothermal heating may support liquid water. Depending
on latitude, this melting isotherm is tentatively estimated to be located between depths of
5-9km and to be overlain by a layer of mixed soil and ice (Farrell et al. 2009; Harrison and
Grimm 2009). It is thought that topographic and temperature gradients act to create a
significant and prolonged difference in hydraulic head between the melt water-fed, polar
groundwater ‘mound’ and the equatorial aquifer and this is assumed to facilitate significant
subsurface flow over geological timescales to establish a global equilibrium depth to the melting
isotherm (Baker et al. 1991; Clifford 1993).

Martian groundwater research advanced greatly in the 1980s and early 1990s when the
currently accepted ideas regarding subterranean dynamics and subsurface structure were
hypothesized. Contemporary investigations are examining these assumptions using the imagery
and data now collected by the extensive array of Martian orbiters, landers and rovers, notably
NASA’s Mars Odyssey satellite, launched in 2001, and the ESA Mars Express, in orbit since
2003. As Mars has a very thin atmosphere and no planetary magnetic field, solar cosmic rays
reach the planet’s surface unimpeded where they interact with nuclei in subsurface layers up
to 2m in depth, producing gamma rays and neutrons of differing kinetic energies that leak
from the surface. Instruments on board the Mars Odyssey orbiter can detect this nuclear
radiation and use it to calculate the spatial and vertical distribution of soil water and ice in
the upper permafrost layer (Plate 1.4) (Mitrofanov et al. 2004; Feldman et al. 2008). The
results indicate water ice content ranging from 10 to 55% by mass, depending on latitude,
with the highest concentrations in and around the southern subpolar region (Mitrofanov et al.
2004).

The Mars Advanced Radar for Subsurface and Ionospheric Sounding (MARSIS) instrument
mounted on the Mars Express satellite analyses the reflection of active, low frequency radio
waves to identify aquifers containing liquid water, since these have a significantly different
radar signature to the surrounding rock. The initial findings of the MARSIS sensor effectively
identified the basal interface of the ice-rich layered deposits in the South Polar Region with a
maximum measured thickness of 3.7km, with an estimated total volume of 1.6 x 10°km’,
equivalent to a global water layer of approximately 11 m thick (Plaut et al. 2007). However,
more recent studies using the MARSIS instrument presented a lack of direct evidence for the

continued on p. 10
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flow is more probable (Harrison and Grimm 2009).

existence of subsurface water resources on Mars, possibly as a result of the high conductivity
of the overlying crustal material (a mix of water ice and rock) resulting in a radar echo below
the detectable limit of the MARSIS sensor (Farrell et al. 2009).

Other studies based on groundwater modelling approaches to explain various topographic
features on Mars, such as chaotic terrains thought to have formed owing to disruptions of a
cryosphere under high aquifer pore pressure, have concluded that a global confined aquifer
system is unlikely to exist and, instead, regionally or locally compartmentalized groundwater
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1.5 The water cycle

A useful start in promoting a holistic approach to
linking ground and surface waters is to adopt
the hydrological cycle as a basic framework. The
hydrological cycle, as depicted in Fig. 1.6, can be
thought of as the continuous circulation of water
near the surface of the Earth from the ocean to the
atmosphere and then via precipitation, surface runoff
and groundwater flow back to the ocean. Warming
of the ocean by solar radiation causes water to be
evaporated into the atmosphere and transported by
winds to the land masses where the vapour condenses
and falls as precipitation. The precipitation is either
returned directly to the ocean, intercepted by
vegetated surfaces and returned to the atmosphere
by evapotranspiration, collected to form surface
runoff, or infiltrated into the soil and underlying
rocks to form groundwater. The surface runoff and
groundwater flow contribute to surface streams and
rivers that flow to the ocean, with pools and lakes
providing temporary surface storage.

Table 1.1 Inventory of water at or near the Earth’s surface.
(Adapted from Berner and Berner 1987. Reproduced with
permission of Pearson Education, Inc.)

Volume Percentage
Reservoir (x10°km3) of total
Oceans 1370 97.25
Ice caps and glaciers 29 2.05
Deep groundwater (750-4000 m) 53 0.38
Shallow groundwater (<750 m) 4.2 0.30
Lakes 0.125 0.01
Soil moisture 0.065 0.005
Atmosphere’ 0.013 0.001
Rivers 0.0017 0.0001
Biosphere 0.0006 0.00004
Total 1408.7 100
Note:

'As liquid equivalent of water vapour

Of the total water in the global cycle, Table 1.1
shows that saline water in the oceans accounts for
97.25%. Land masses and the atmosphere therefore
contain 2.75%. Ice caps and glaciers hold 2.05%,
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Fig. 1.7 The distribution of water at or near the Earth’s
surface. Only a very small amount of freshwater (<0.3% of
total water) is readily available to humans and other biota.
(Adapted from Maurits la Riviere 1989.)

groundwater to a depth of 4km accounts for 0.68%,
freshwater lakes 0.01%, soil moisture 0.005% and
rivers 0.0001%. About 75% of the water in land
areas is locked in glacial ice or is saline (Fig. 1.7).
The relative importance of groundwater can be
realized when it is considered that, of the remaining
quarter of water in land areas, around 98% is stored
underground. In addition to the more accessible
groundwater involved in the water cycle above a
depth of 4km, estimates of the volume of interstitial
water in rock pores at even greater depths range
from 53 x 10°km? (Ambroggi 1977) to 320 x 10°km’®
(Garrels et al. 1975).

Within the water cycle, and in order to conserve
total water, evaporation must balance precipitation
for the Earth as a whole. The average global
precipitation rate, which is equal to the evaporation
rate, is 496 000km*a~'. However, as Fig. 1.6 shows,
for any one portion of the Earth, evaporation and
precipitation generally do not balance. The differences
comprise water transported from the oceans to the
continents as atmospheric water vapour and water
returned to the oceans as river runoff and a small
amount (~6%) of direct groundwater discharge to
the oceans (Zektser and Loaiciga 1993).
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The approximate breakdown of direct groundwa-
ter discharge from continents to adjacent oceans and
seas is estimated as follows: Australia 24km’a”';
Europe 153km’a™; Africa 236km’a™'; Asia
328km’a”!; the Americas 729km?a™'; and major
islands 914km?a™ (Zektser and Loaiciga 1993). The
low contribution from the Australian continent of
direct groundwater discharge, despite its relatively
large territory, is attributed to the widespread occur-
rence of low-permeability surface rocks that cover
the continent. At the other extreme, the overall
proximity of recharge areas to discharge areas is the
reason why major islands of the world contribute
over one-third of the world’s direct groundwater
discharge to the oceans. The largest direct ground-
water flows to oceans are found in mountainous
areas of tropical and humid zones and can reach
10-15 x 10 m?*s™' km™. The smallest direct ground-
water discharge values of 0.2-0.5 x 102 m?s™'km™
occur in arid and arctic regions that have unfavour-
able recharge and permeability conditions (Zektser
and Loaiciga 1993). For further discussion of ground-
water discharge to the oceans, see Section 2.16.

Using a global hydrological model, Wada et al.
(2010) assessed the of groundwater
depletion, defined as the excess of abstraction over
recharge replenishment, and estimated that for
sub-humid and arid areas the rate of total global
groundwater  depletion has increased from
126 +32km’*a~' in 1960 to 283 +40km>a~' in 2000.
Groundwater depletion in 2000 equalled about 40%
of the global annual groundwater abstraction, about
2% of the global annual groundwater recharge and
about 1% of the global annual continental runoff,
contributing a considerable amount (about 25%) of
0.8 + 0.1mma™ to current sea level rise. Using a
similar approach in which groundwater depletion
was directly calculated using calibrated groundwater
models, analytical approaches or volumetric budget
analyses for multiple aquifer systems, Konikow
(2011) estimated an average global groundwater
depletion rate of 145 km?a™' during the period 2000-
2008, equivalent to 0.4mma™ of sea-level rise,
or 13% of the reported rise of 3.1mma™ during
this period. Using an integrated water resources
assessment model to simulate global terrestrial water
stocks and flows, Pokhrel et al. (2012) estimated
that the sum of unsustainable groundwater use,
artificial reservoir water impoundment, climate-driven

amount
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Table 1.2 Material transport and subsurface dissolved salts discharge from groundwater to the world’s oceans. (Adapted from

Garrels et al. 1975 and Zektser & Loaiciga 1993.)

Agent or Ocean

% of total material transport (Remarks)

% of total dissolved Subsurface dissolved
salts transport salts discharge (10° t a™")

Surface runoff
Glacier ice, coastal erosion,
volcanic and wind-blown dust

89 (Dissolved load 19%, suspended load 81%) 66 -
~9 (Ice-ground rock debris, cliff erosion - -
sediments, volcanic and desert-source dust)

Groundwater 2 (Dissolved salts similar to river water 34 -
composition)

Pacific - 520.5
Atlantic - 427.8
Mediterranean Sea - 42.5
Indian - 2955
Arctic - 7.2
All oceans 1293.5

changes in terrestrial water storage and the loss of
water in closed basins, principally the Aral Sea, has
contributed a sea-level rise of about 0.77mma™
between 1961 and 2003, or about 42% of the
observed sea-level rise. Considering a simulated
mean annual unsustainable groundwater use during
1951-2000 of about 359km®a’!, Pokhrel et al.
(2012) estimated, using the assumption of Wada
et al. (2010) that 97% of unsustainable groundwater
use ends up in the oceans, a cumulative sea-level rise
due to groundwater over-abstraction during this
period of 48 mm or about 1mma™.

Taking the constant volume of water in a given
reservoir and dividing by the rate of addition (or
loss) of water to (from) it enables the calculation of
a residence time for that reservoir. For the oceans,
the volume of water present (1370 x 10°km?; see
Fig. 1.6) divided by the rate of river runoff to the
oceans (0.037 x 10°km*a™) gives an average time
that a water molecule spends in the ocean of about
37000 years. Lakes, rivers, glaciers and shallow
groundwater have residence times ranging between
days and thousands of years. Because of extreme
variability in volumes and precipitation and evapora-
tion rates, no simple average residence time can be
given for each of these reservoirs. As a rough calcula-
tion, and with reference to Fig. 1.6 and Table 1.1, if
about 6% (2220km*a™") of runoff from land is taken
as active groundwater circulation, then the time
taken to replenish the volume (4.2 x 10°km?) of
shallow groundwater stored below the Earth’s
surface is of the order of 2000 years. In reality,
groundwater residence times vary from about 2

weeks to 10000 years (Nace 1971), and longer
(Edmunds 2001). A similar estimation for rivers pro-
vides a value of about 20 days. These estimates,
although a gross simplification of the natural varia-
bility, do serve to emphasize the potential longevity
of groundwater pollution compared to more rapid
flushing of contaminants from river systems.

As an agent of material transport to the oceans of
products of weathering processes, groundwater prob-
ably represents only a small fraction of the total trans-
port (see Table 1.2). Rivers (89% of total transport)
represent an important pathway while groundwater
accounts for a poorly constrained estimate of 2% of
total transport in the form of dissolved materials
(Garrelsetal. 1975). More recent estimates by Zektser
and Loaiciga (1993) indicate that globally the trans-
port of salts via direct groundwater discharge is
approximately 1.3 x 10°ta™, roughly equal to half
of the quantity contributed by rivers to the oceans.
Given a volumetric rate of direct groundwater dis-
charge to the oceans of 2220km’a™, the average
dissolved solids concentration is about 585 mgL™".
This calculation illustrates the long residence time
of groundwater in the Earth’s crust where its mineral
content is concentrated by dissolution.

1.6 Groundwater as a natural resource

Groundwater is an important natural resource.
Worldwide, more than 2 billion people depend on
groundwater for their daily supply (Kemper 2004).
Total global fresh water use is estimated at about
4000km’®a™ (Margat and Andréassian 2008) with



Introduction 13

1000 — 1.00
//
----- Groundwater abstraction ~ /7
== ~ - 0.90
8754 —— Groundwater depletion o~/
Ve
P i /

N Global water demand (indexed) - L 0.80
T /NJ —_
. 750- - Z
£ ~_/ /| 8
X o~/ ~ S F 0.70 S
c / ~N
o / J 2
B 6251 ~ 1 o
= /~—" -0.60 ©
9] /_/ 3 ]
3 o |11 °
c p—— . =

e -

'*% 5001 -~~~ s l -0.50 T
© N id @
z At §
4 040 T
3751 [}
2 L0.30 —
E 3
§ 250 2

) - 0.20

125
+0.10
0 T T T T T T T T T T T T T T T T T T T T T T T T T T T T T T T T T T T T T T T T 0-00

Q 2\ S © D Q v D © e Q 1% S © o) Q 47 \] © Ce) Q
\°"° \°’b \%b \°’b '\°§° '\°/’\ 'é\ \°/’\ \6’\ \6’\ FFF PP PSS '190

Fig. 1.8 1960-2000 trends in total global water demand (right axis, indexed for the year 2000), global groundwater abstraction
(left axis, km*a™") and global groundwater depletion (left axis, defined as groundwater abstraction in excess of groundwater
recharge in km*a™) for sub-humid and arid areas. (Adapted from Wada et al. 2010. Reproduced with permission from John Wiley

& Sons.)

99% of the irrigation, domestic, industrial and
energy use met by abstractions from renewable
sources, either surface water or groundwater. Less
than 1% (currently estimated at 30km’a™) is
obtained from non-renewable (fossil groundwater)
sources mainly in three countries: Algeria, Libya and
Saudi Arabia. With rapid population growth,
groundwater abstractions have tripled over the last
40 years (Fig. 1.8), largely explained by the rapid
increase in irrigation development stimulated by
food demand in the 1970s and by the continued
growth of agriculture-based economies (World Bank
2007). Emerging market economies such as China,
India and Turkey, which still have an important rural
population dependent on water supply for food
production, are also experiencing rapid growth
in domestic and industrial demands linked to
urbanization. Urbanized and industrial economies
such as the European Union and the United States
import increasing amounts of ‘virtual water’ (Allan

1998, 2003) in food and manufactured products,
while water use in industrial processes and urban
environments has been declining, due to both
technological changes in production processes and
pollution mitigation efforts (WWAP 2009).

The increase in groundwater exploitation has been
stimulated by the development of low-cost, power-
driven pumps and by individual investment for
irrigation and urban uses. Currently, aquifers supply
approximately 20% of total water used globally,
with this share rising rapidly, particularly in dry
areas (IWMI 2007). Globally, 65% of groundwater
utilization is devoted to irrigation, 25% to the supply
of drinking water and 10% to industry. Groundwater
resources account for more than 70% of the water
used in the European Union, and are often the only
source of supply in arid and semi-arid zones (100%
in Saudi Arabia and Malta, 95% in Tunisia and 75%
in Morocco). As demonstrated for the case of the
Northwest Sahara Aquifer System (Box 1.3), irrigated
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Box 1.3 The Northwest Sahara Aquifer System and the Ouargla Oasis, Algeria

The Sahara Basin covers an area of about 780000km?* and includes two sub-basins separated
by the M’zab High. The western sub-basin occupies about 280000km? and is covered by sand
dunes of the Grand Erg Occidental and the eastern sub-basin extends over about 500 000 km?
and is covered by the desert of the Grand Erg Oriental. The Sahara Basin is underlain by two
major aquifers that comprise the Northwest Sahara Aquifer System (NWSAS) of Cretaceous
age that extends below Algeria, Tunisia and Libya in North Africa (see Plate 2.7). The Lower
Aquifer (the Continental Intercalaire) is composed of continental sandstone alternating with
argillaceous layers and the Upper Aquifer (the Complex Terminal) is a multilayered aquifer
consisting of sandstones and limestones. The thickness of the thicker, more extensive Lower
Aquifer ranges between 200 and 1000m, decreasing northeastwards to 125m. The lower
confining unit consists of argillaceous and marly formations of Devonian-Triassic age while
the upper confining units consist of evaporites and clays of Upper Cretaceous age (Zektser and
Everett 2004).

In western Algeria, the Lower and Upper Aquifers are almost independent but towards the
Mediterranean coast the aquifers become interconnected or merge to form one aquifer system.
Groundwater movement in the NWSAS is towards the south and southwest in the western
sub-basin. In the eastern sub-basin, where the Complex Terminal aquifer is heavily exploited
in Algeria and Tunisia, groundwater flows towards discharge areas, mainly desert depressions
or oases known as ‘chotts’. The chotts supply irrigation water through traditional ganat
systems (foggaras), with some 570 foggaras discharging about 90 x 10°m?*a™ (Zektser and
Everett 2004).

In the western sub-basin, the total dissolved solids content of groundwater in the Lower
Aquifer ranges from 0.5 to 1gL™". In the eastern sub-basin, salinity increases to 5gL™'. The
concentration of total dissolved solids in the Upper Aquifer is about 2gL™ in southern areas
of the Grand Erg Oriental, increasing in concentration northeastwards from 2 to S5gL™ at
Tozeur in Tunisia. At Ouargla in Algeria, concentrations reach 8§gL™ in discharge areas
(Zektser and Everett 2004).

Groundwater reserves in the NWSAS are estimated to be 60000km?® although, given the
low rainfall amount, the aquifer system is generally considered a non-renewable aquifer system.
Use of the superficial water table of the NWSAS extends back to ancient times and, from the
middle of the nineteenth century, boreholes were drilled to access deeper parts of the aquifer.
In Algeria, exploitation of groundwater from the aquifer system was about 150 x 10°m? until
1940 since when pumping has increased to about 260 x 10°m*a™ (Zektser and Everett 2004).
By the 1970s, in the Ouargla Oasis of northern Algeria, there were approximately 2000
boreholes developed in the NWSAS in order to irrigate date palms (see Plate 1.5). In southern
Tunisia, exploitation of the Complex Terminal aquifer increased from 9 x 10°m?*a™" in 1900
to about 190 x 10°m?*a™ in 1995. The impact of this intensive development on the aquifer
system has been observed in discharge areas. In Algeria, the flow of springs decreased from
200Ls™ in 1900 to 6Ls™ in 1970, whereas in Tunisia the flow from springs decreased from
2500Ls™ in 1900 to virtually nil (less than 30Ls™) in 1990 (Zektser and Everett 2004).
Traditional irrigation methods in the region used sustainable quantities of water but the more
intensive modern irrigation methods used at present have led to a degraded water quality,
decreased water levels and loss of artesian pressure, as well as salinization of the superficial
water table and soil zone due to the drainage conditions. This salinized water is typically at a
depth of 0.5 to 1.5m below the soil surface and is detrimental to date palms (UNEP 2008).




agriculture is the principal user of groundwater from
the major sedimentary aquifers of the Middle East,
North Africa, North America and the Asian alluvial
plains of the Punjab and Terai (WWAP 2009).

In regions of the world where the rate of
groundwater abstraction exceeds the rate of natural
groundwater recharge over extensive areas and for
long time periods, over-exploitation or persistent
groundwater depletion is the consequence. As shown
by the global overview of Wada et al. (2010), in the
year 2000 the rate of total global groundwater
depletion is estimated to have increased to 283 km*a™
(Fig. 1.8). Groundwater depletion rates were found
to be highest in some of the world’s major agricultural
regions including: northeast Pakistan and northwest
India, northeast China, the Ogallala aquifer in the
central United States (see Section 10.2.1), the San
Joaquin aquifer in the Central Valley of California
(see Box 2.7 in the next chapter), Iran, Yemen and
south-east Spain.

Whether groundwater or surface water is exploited
for water supply is largely dependent on the location
of aquifers relative to the point of demand. A large
urban population with a high demand for water
would only be able to exploit groundwater if the
aquifer, typically a sedimentary rock, has favourable
storage and transmission properties, whereas in a
sparsely populated rural district more limited but
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essential water supplies might be found in poor
aquifers, such as weathered basement rock.

The relationship between population and geology
can be inferred from Tables 1.3 and 1.4 which give
a breakdown of water use by purpose and type (surface
water and groundwater) for regions of England
and Wales. Surface water abstraction for electricity
generation is the largest category, but most of the
freshwater abstracted for cooling purposes is returned
to rivers and can be used again downstream. In terms
of public water supply abstractions, groundwater is
especially significant in the Southern (73% dependence
on groundwater), Anglian (41%), Midlands (39%)
and Thames (33%) regions and accounts for 42% of
the total public water supply in these four regions.
In these densely populated regions of south-east
England and the English Midlands, good quality
groundwater is obtained from the high-yielding
Cretaceous Chalk and Triassic sandstone aquifers.

At the European level, groundwater is again a
significant economic resource. As Table 1.5 reveals,
large quantities of groundwater are abstracted in
France, Germany, Italy and Spain (all in excess of
5000 x 10°m*a™") comprising 16% of the total water
abstracted in these four countries. Overall, average
annual water abstraction from groundwater accounts
for 20% of the total, ranging from in excess of 50%
for Austria, Belgium, Denmark and Luxembourg to,

Table 1.3 Estimated abstractions from all surface water and groundwater in England and Wales by purpose and Environment
Agency region for 1996. All data are given as 10°m?day". (Reproduced from Environment Agency for England and Wales.)

Region Public water supply Spray irrigation Rural’ Electricity supply Other industry? Total
North East 2538 55 873 5142 1871 10479
Welsh 2051 10 411 6826 565 9863
North West 1595 6 174 6148 1124 9047
Southern 1451 23 1098 4210 365 7147
South West 1284 8 2046 3573 127 7038
Thames 4130 14 406 1715 255 6520
Midlands 2602 82 71 1681 406 4842
Anglian 1803 171 97 2001 497 4569
Total 17454 369 5176 31296 5210 59505
Notes:

' Category includes agricultural use (excluding spray irrigation), fish farming, public water supply (private abstractions for domestic
use by individual households) and other (private domestic water supply wells and boreholes, public water supply transfer licences and

frost protection use)
2Category includes industrial and mineral washing uses
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Table 1.4 Estimated abstractions from groundwaters in England and Wales by purpose and Environment Agency region for 1996.
All data are given as 10°m’day~". (Reproduced from Environment Agency for England and Wales.)

Region Public water supply Spray irrigation Rural' Electricity supply Other industry? Total
Thames 1378 (33)° 8 63 0 176 1625
Southern 1056 (73) 10 202 0 155 1423
Midlands 1024 (39) 34 14 9 138 1219
Anglian 735 (41) 68 51 0 218 1072
North East 441 (17) 40 97 0 135 713
South West 407 (32) 3 185 2 31 628
North West 262 (16) 2 9 0 121 394
Welsh 113 (6) 2 9 3 28 155
Total 5416 (31) 167 630 14 1002 7229
Notes:

'and %See Table 1.3

3 Groundwater supply as a percentage of the total surface water and groundwater supply (see Table 1.5)

Table 1.5 Average annual water abstractions in European Union member states by source for the period 1980-1995. The data
are ordered in terms of the percentage groundwater contributes to the total abstraction. (Reproduced from European Environment

Agency Data Service.)

Country Surface water (x10°m?) Groundwater (x10°m3) Total % Groundwater
Denmark 9 907 916 99
Belgium 2385 4630 7015 66
Austria 1038 1322 2360 56
Luxembourg 28 29 57 51
Portugal 4233 3065 7298 42
Greece 3470 1570 5040 31
Italy 40000 12000 52000 23
United Kingdom 9344 2709 12053 22
Sweden 2121 588 2709 22
Spain 29901 5422 35323 15
Germany 51151 7711 58862 13
France 35195 5446 40641 13
Netherlands 10965 1711 12676 13
Ireland 945 125 1070 12
Finland 3011 335 3346 10
Total 193796 47570 241366 20

Note: The data given in this table should be considered with some reservation due to the lack of a common European procedure to

estimate water resources

respectively, only 10% and 12% for Finland and
Ireland. The data given in Table 1.5 should be treated
with caution given the lack of a common European
procedure for estimating water resources and the fact
that the data probably underestimate the contribution
made by groundwater to municipal water supplies.
According to a report commissioned for the European
Commission (RIVM and RIZA 1991), about 75%

of the inhabitants of Europe depend on groundwater
for their water supply.
A similar picture emerges of the importance of

groundwater for the population of North America.
In Canada, almost 8 million people, or 26% of the
population, rely on groundwater for domestic use.
Five million of these users live in rural areas where
groundwater is a reliable and cheap water supply



that can be conveniently abstracted close to the point
of use. The remaining groundwater users are located
primarily in smaller municipalities. For example,
100% of the population of Prince Edward Island and
over 60% of the populations of New Brunswick and
the Yukon Territory rely on groundwater for domes-
tic supplies. In Ontario, a province where ground-
water is also used predominantly for supplying
municipalities, 22% of the population are reliant on
groundwater.

The abstraction of fresh and saline water in the
United States from 1960 to 2000 as reported by
Solley et al. (1998) and Hutson et al. (2004) is shown
in Fig. 1.9. The estimated total abstraction for 1995
is 1522 x 10°m’ day™" for all offstream uses (all uses
except water used instream for hydroelectric power
generation) and is 10% less than the 1980 peak
estimate. This total has varied by less than 3% since
1985. In 2000, the estimated total water use in the
United States is 1544 x 10°m*day'. Estimates of
abstraction by source indicate that during 1995,
total fresh surface water abstractions were 996 X
10°m*day™ and total groundwater abstractions
were 293 x 10°m’*day™ (or 23% of the combined
freshwater abstractions). The respective figures for
2000 are 991 x 10°m*day™" and 316 x 10°m’day™,
with 24% of freshwater abstractions from
groundwater.
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Total water abstraction for public water supply in
the United States in 2000 is estimated to have been
163 x 10°m*day™, an 8% increase since 1995. This
increase compares with a 7% growth in the population
for the same period. Per capita public water supply
use increased from about 678Lday™ in 1995 to
683 Lday™in 2000, but is still less than the per capita
consumption of 696 Lday™ recorded for 1990.

The two largest water use categories in 2000 were
cooling water for thermoelectric power generation
(738 x 10°m’*day™ of fresh and saline water) and
irrigation (518 x 10°m?day™" of freshwater). Of these
two categories, irrigation accounts for the greater
abstraction of freshwater. The area of irrigated land
increased nearly 7% between 1995 and 2000 with
an increase in freshwater abstraction of 2% for this
water use category. The area irrigated with sprinkler
and micro-irrigation systems has continued to rise
and now comprises more than half of the total. In
2000, surface water was the primary source of
irrigation water in the arid West and the Mountain
States and groundwater was the primary source in
the Central States. California, Idaho, Colorado
and Nebraska combined accounted for one-half of
the total irrigation water abstractions. California
and Idaho accounted for 40% of surface water
abstractions and California and Nebraska accounted
for one-third of groundwater abstractions. In general,
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Fig. 1.9 Trends in water abstractions (fresh and saline) by water use category and total (fresh and saline) abstractions in the
United States from 1960-2000. (Adapted from Solley et al. 1998 and Hutson et al. 2004.)
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groundwater abstractions for irrigation have
increased significantly. In 1950, groundwater
accounted for 23% of total irrigation water, while in
2000 it accounted for 42%.

The rapidly growing economy of China, with
about 20% of the world’s population but only
about 5-7% of global freshwater resources, has a
high demand for groundwater. Groundwater is
used to irrigate more than 40% of China’s farmland
and supplies about 70% of drinking water in
the dry northern and northwestern regions, with
the past few decades having seen groundwater
extraction increase by about 2.5 x 10°m*a™ to meet
these needs. Consequently, groundwater levels below
the arid North China Plain have dropped by as
much as 1ma™ between 1974 and 2000 (Qiu
2010). Further discussion of the significance of
groundwater leading to economic development in
the rural and expanding urban areas underlain by
the Quaternary Aquifer of the North China Plain is
presented in Box 1.4.

Currently, the largest threat to sustainable water
supplies in China is the growing geographical
mismatch between agricultural development and
water resources. The centre of grain production in
China has moved from the humid south to the water-

scarce north over the past 30 years, as southern
cropland is urbanized and more land is irrigated
further north. As the north has become drier,
increased food production in this region has largely
relied on unsustainable overuse of local water
resources, especially groundwater. Wasteful irrigation
infrastructure, poorly managed water use, as well as
fast industrialization and urbanization, have led to a
serious depletion of groundwater aquifers, loss of
natural habitats and water pollution (Yu 2011).

To provide more sustainable management of
groundwater resources, China needs to build an
integrated network to monitor surface water and
groundwater, and use it to assess and set water
policies through an integrated water-resource
management system, backed up by legislation that
sets out clear policies on data sharing, and penalties
for those who do not comply (Yu 2011). Arguably,
the biggest improvement could come in the agriculture
sector, which already uses 70% of the China’s fresh
water. For instance, to boost grain production and
help maintain food security, China has a double-
cropping system of growing wheat in winter and
maize in summer, an unsustainable system that needs
reconsidering. Meanwhile, the Chinese government
hopes that a massive system of canals and pipes, to

increasing difficulties in the last few years.

Box 1.4 Groundwater Development of the Quaternary Aquifer of the North China Plain

The Quaternary Aquifer of the North China Plain represents one of the world’s largest aquifer
systems and underlies extensive tracts of the Hai river basin and the catchments of the adjacent
Huai and Huang (Yellow) river systems (Fig. 1.10) and beyond. This densely populated area
comprises a number of extensive plains, known collectively as the North China Plain, and
includes three distinct hydrogeological settings within the Quaternary aquifer system (Fig.
1.11). The semi-arid climate of north-eastern China is characterized by cold, dry winters
(December—-March) and hot, humid summers (July-September).

The Quaternary Aquifer supports an enormous exploitation of groundwater which has lead
to large socio-economic benefits in terms of irrigated grain production, farming employment
and rural poverty alleviation, together with urban and industrial water supply provision. An
estimated water supply of 27 x 10°m?a! in the Hai river basin alone was derived from wells
and boreholes in 1988 (MWR 1992) but such large exploitation of groundwater has led to

Given the heavy dependence on groundwater resources in the North China Plain, a number
of concerns have been identified in recent years (Fig. 1.10) including a falling water table in
the shallow freshwater aquifer, declining water levels in the deep freshwater aquifer, aquifer

continued
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Fig. 1.10 Location map of the North China Plain showing the distribution of areas exhibiting marked
groundwater depletion as a consequence of aquifer over-exploitation of the Quaternary aquifer system
(Fig. 1.11). (Adapted from Foster et al. 2004. Reproduced with permission from Springer Science+Business
Media.)

salinization as a result of inadequately controlled pumping, and aquifer pollution from
uncontrolled urban and industrial wastewater discharges. These issues are interlinked but do
not affect the three main hydrogeological settings equally (Table 1.6). A range of water resources
management strategies are considered by Foster et al. (2004) that could contribute to reducing
and eventually eliminating the current aquifer depletion and include agricultural water-saving
measures, changes in land use and crop regimes, artificial aquifer recharge of excess surface
runoff, re-use of treated urban wastewater, and improved institutional arrangements that
deliver these water savings and technologies while at the same time limiting further exploitation

of groundwater for irrigated agriculture and industrial production (Foster et al. 2004).

continued on p. 20
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Fig. 1.11 Cross-section of the North China Plain showing the general hydrogeological setting of the Quaternary
aquifer system which includes the gently sloping piedmont plain and associated major alluvial fans, the main
alluvial plain (Heilongang) and the coastal plain around the margin of the Bohai Sea. (Adapted from Foster et al.
2004. Reproduced with permission from Springer Science+Business Media.)

Table 1.6 Key groundwater issues in the North China Plain listed according to hydrogeological setting
(Fig. 1.11). (Adapted from Foster et al. 2004. Reproduced with permission from Springer Science+Business Media.)

Hydrogeological setting

Groundwater issue Piedmont plain Flood plain Coastal plain
Falling water table of shallow freshwater aquifer -+ +++ +

Depletion of deep freshwater aquifer 0° +H+ ++

Risk of shallow aquifer and/or soil salinization 0 ++ +H+
Groundwater pollution from urban and industrial wastewater — +++ + 0

Notes:

®+++, very important; ++, important; +, minor importance; 0, not important

PEffects of excessive abstraction may be reflected in overlying shallow freshwater aquifer which is here in
hydraulic continuity

transfer 45 x 10°m?*a™ from China’s wetter south to ronmental implications of groundwater exploitation.

its arid north, will alleviate groundwater depletion In the United Kingdom, it is interesting to follow the

once completed in 2050 (Qiu 2010). introduction of relevant legislation, and how this has
increased hydrogeological knowledge.

1.7 Management and protection Hydrogeological experience prior to 1945 rested

of groundwater resources in the on a general awareness of sites likely to provide

favourable yields, changes in chemistry down-
gradient from the point of recharge and hazards
Approaches to the management and protection of such as ground subsidence from groundwater over-
groundwater resources have developed in parallel exploitation. The Water Act 1945 provided legal
with our understanding of the economic and envi- control on water abstractions and this prompted an

United Kingdom



era of water resources assessment that included
surveys of groundwater resources, the development
of methods to assess recharge amounts (Section 5.5),
and the initiation of groundwater studies. Increased
abstraction from the Chalk aquifer during the 1950s
and a drought in 1959 highlighted the effect of
groundwater abstractions upon Chalk streams and
stimulated the need for river baseflow studies (Section
6.7.1). Furthermore, the application of quantitative
pumping test analysis techniques (Section 6.8.2)
during this period revealed spatial variations in
aquifer transmissivity and an association between
transmissivity and topography.

The Water Resources Act 1963 led to the formation
of 27 catchment-based authorities responsible for
pollution prevention, fisheries, land drainage and
water resources. The Act ushered in a decade of
groundwater resources management that required
the licensing of all abstractions in England and
Wales. Under Section 14 of the Act, each authority
was required to undertake a survey of resources and
the Water Resources Board (abolished 1974) was
established with the task of resource planning on a
national scale. Regional groundwater schemes were
developed in the context of river basin analysis for
the purposes of river augmentation by groundwater,
seasonal abstraction and artificial recharge. Scientific
advancement in the application of numerical models
to solve non-linear equations of groundwater flow
permitted the prediction of future groundwater
abstraction regimes.

The Water Act 1973 reflected the importance of
water quality aspects and heralded the developing
interest in groundwater quality. The Act led to the
formation of 10 catchment-based regional water
authorities with responsibility for all water and
sewerage services and for all parts of the water cycle.
The Control of Pollution Act 1974 extended the
powers of the regional water authorities in controlling
effluent discharge to underground strata and limited
certain activities that could lead to polluting
discharges. The first aquifer protection policies were
developed at this time.

The Water Act 1989 separated the water supply
and regulatory functions of the regional water
authorities, and the new National Rivers Authority
was set-up to manage water resources planning,
abstraction control, pollution prevention and aquifer
protection. A number of other Acts of Parliament
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followed including the Environmental Protection
Act 1990 and the Water Resources Act 1991 that
control the direct and indirect discharge of harmful
substances into groundwater and are, in part, an
enactment of the European Communities Directive
on the Protection of Groundwater Against Certain
Dangerous Substances (80/68/EEC). Further controls
on discharges were implemented under the Ground-
water Regulations 1998. In addition, the Water
Resources Act 1991 consolidated all the provisions
of the Water Resources Act 1963 in respect of the
control of groundwater abstractions. In pursuing a
strategy to protect both individual borehole sources
and wider groundwater resources, the National
Rivers Authority (1992) developed its practice and
policy for the protection of groundwater with the
aim of raising awareness of the vulnerability of
groundwater to surface-derived pollution. Following
the establishment of the Environment Agency under
the Environment Act 1995 (when the National
Rivers Authority, Her Majesty’s Inspectorate of Pol-
lution and the Waste Regulatory Authorities were
brought together) the practice and policy document
for the protection of groundwater was updated
(Environment Agency 1998).

Currently, the Environment Agency for England
and Wales promotes a national framework for
water resources protection in the context of
emerging European initiatives, principally the Water
Framework Directive (Section 1.8). The Water Act
2003 is one example of legislation to further the
sustainable use of water resources and protect
the environment. The Act links water abstraction
licensing to local water resource availability and
moves from a licensing system based on purpose of
use to one based on volume consumed. The Act also
introduces time-limited licences to give flexibility in
making changes to abstraction rights in the face of
climate change and increased demand. From 2012,
licences without a time limit will be revoked, without
a right to compensation, if an abstraction causes
significant environmental damage.

1.8 European Union Water
Framework Directive

The Water Framework Directive (WFD) establishing
a framework for Community action in the field of
water policy is a far-reaching piece of legislation
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governing water resources management and
protection in the European Union (Council of
the European Communities 2000). The Directive
(2000/60/EC) was adopted in December 2000 and
requires Member States to enforce appropriate
measures to achieve good ecological and chemical
status of all water bodies by the end of the first, six-
year cycle in 2015. The purpose of the Directive
is to establish a framework for the protection of
inland surface waters, transitional waters (estuaries),
coastal waters and groundwater to prevent further
deterioration of aquatic ecosystems and, with regard
to their water needs, terrestrial ecosystems and
wetlands. In its implementation, the WFD requires
an integrated approach to river basin management
and promotes sustainable water use based on long-
term protection of available water resources. A
specific purpose of the WFD is to ensure the
progressive reduction of pollution of groundwater
and prevent its further pollution.

Article 17 of the WFD required a proposal
(2003/0210(COD)) from the Commission for a
Groundwater Daughter Directive leading to the
adoption of specific measures to prevent and control
groundwater pollution and achieve good groundwa-
ter chemical status (Commission of the European
Communities 2003). In addition, the proposal intro-
duced measures for protecting groundwater from
indirect pollution (discharges of pollutants into
groundwater after percolation through the ground or
subsoil). In the Groundwater Directive (Council of
the European Union 2006), compliance with good
chemical status is based on a comparison of monitor-
ing data with quality standards existing in EU legisla-
tion on nitrates and plant protection and biocidal
products which set threshold values (maximum
permissible concentrations) in groundwater for a
number of pollutants. With regard to pollutants that
are not covered by EU legislation, the Directive
(2006/118/EC) requires Member States to establish
threshold values defined at the national, river basin
or groundwater body levels, thus taking into account
the great diversity of groundwater characteristics
across the EU.

The Groundwater Directive sets out specific
criteria for the identification of significant and
sustained upward trends in pollutant concentrations,
and for the definition of starting points for when
action must be taken to reverse these trends. In this

respect, significance is defined both on the basis of
time series and environmental significance. Time
series are periods of time during which a trend is
detected through regular monitoring. Environmental
significance describes the point at which the
concentration of a pollutant starts to threaten to
worsen the quality of groundwater. This point is set
at 75% of the quality standard or the threshold
value defined by Member States. Under the WFD, a
comprehensive programme of measures to prevent
or limit pollution of water, including groundwater,
became operational. Monitoring results obtained
through the application of the Groundwater Directive
are used to design the measures to prevent or limit
pollution of groundwater.

1.9 Management and protection
of groundwater resources in the
United States

Groundwater management in the United States is
highly fragmented, with responsibilities shared
among a large number of federal, state and local
programmes. At each level of government, unique
legal authorities allow for the control of one or
more threats to groundwater, such as groundwater
contamination arising from municipal, industrial,
mining and agricultural activities.

Beginning with the 1972 amendments to the
federal Water Pollution Control Act, and followed
by the Safe Drinking Water Act 1974, the federal
government’s role in groundwater management
has increased. The introduction of the Resource
Conservation and Recovery Act (RCRA) 1976
and the Comprehensive Environmental Response,
Compensation and Liability Act (CERCLA) 1980,
established the federal government’s current focus
on groundwater remediation. With these acts, the
federal government has directed billions of dollars in
public and private resources towards cleaning up
contaminated groundwater at ‘Superfund’ sites,
RCRA corrective action facilities, and leaking
underground storage tanks. In 1994, the National
Academy of Sciences estimated that over a trillion
dollars, or approximately $4000 per person in the
United States, will be spent in the next 30 years on
remediating contaminated soil and groundwater.

The approach to groundwater protection at the
federal level has left the management of many



contaminant threats, for example hazardous
materials used by light industries (such as dry
cleaners, printers or car maintenance workshops),
to state and local government authorities. Other
groundwater threats, such as over-abstraction, are
not generally addressed under federal law, but left to
states and local governments to manage.

In 1984, the US Environmental Protection Agency
(USEPA) created the Office of Ground Water
Protection to initiate a more comprehensive
groundwater resource protection approach and to
lead programmes aimed at resource protection. Such
programmes include the Wellhead Protection and
Sole Source Aquifer Programs, which were established
by Amendments to the Safe Drinking Water Act
1986. The Wellhead Protection Program (WHPP)
encourages communities to protect their groundwater
resources used for drinking water. The Sole Source
Aquifer Program limits federal activities that could
contaminate important sources of groundwater.

State groundwater management programmes are
seen as critical to the future achievement of effective
and sustainable protection of groundwater resources.
In 1991, the USEPA established a Ground Water
Strategy to place greater emphasis on comprehensive
state management of groundwater as a resource
through the promotion of Comprehensive State
Ground Water Protection Programs (CSGWZPPs)
together with better alignment of federal programmes
with state groundwater resource protection priorities

(USEPA 1999).

1.10 Groundwater resources in
developing countries

It remains one of the greatest challenges for the
future to provide the basic amenity of a safe and
reliable supply of drinking water to the entire world’s
population. Despite the efforts of governments,
charities and aid agencies, many villagers have to
walk hundreds of metres to obtain drinking water
from sources that may be unprotected from
contamination (Fig. 1.12). Pollution sources include
unsewered pit latrines to dispose of human wastes,
inorganic fertilizers and pesticides used in an effort
to secure self-sufficiency in food production, and
industrial wastes in urban areas.

In the developing world, groundwater is extensively
used for drinking water supplies, especially in smaller
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Fig. 1.12 Collection of water for domestic use from a
hand-pumped tube well drilled in Precambrian metamorphic
rock in the Uda Walawe Basin, Sri Lanka.

towns and rural areas, where it is often the cheapest
source. Groundwater schemes consist typically of
large numbers of boreholes, often drilled on an
uncontrolled basis, providing untreated, unmonitored
and often unconnected supplies. Shallower dug wells
continue to be constructed in some cases. Better
yielding boreholes (100Ls™) are quite widely
developed in larger towns to provide piped supplies.
Even in these cases, raw water monitoring and
treatment are often limited and intermittent. As an
example of the significance of groundwater in leading
the economic development of rural and expanding
urban areas in developing countries, Box 1.5 provides
a description of the groundwater potential of the
African continent.

The Third World Water Forum held in Osaka,
Japan, in March 2003 emphasized issues relating to
the development and management of groundwater
and recommended that many developing nations
need to appreciate their social and economic
dependency on groundwater and to invest in
strengthening institutional provisions and building
institutional capacity for its improved management.
International development agencies and banks are
urged to give higher priority to supporting realistic
initiatives to strengthen governance of groundwater
resources and local aquifer management. For the
future, sustainable livelihoods, food security and
key ecological systems will be dependent on such
initiatives.
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Box 1.5 Groundwater resources potential in Africa

Currently, there are more than 300 million people in Africa without access to safe drinking
water, many of whom are amongst the poorest and most vulnerable in the world (JMP 2010;
Hunter et al. 2010). Even for those with access to improved water sources, there is growing
evidence that domestic water use will need to increase substantially to help lift people out of
poverty (Grey and Sadoff 2007; Hunter et al. 2010). In Africa, groundwater is the major source
of drinking water and its use for irrigation is forecast to increase substantially to counter
growing food insecurity. At present, only 5% of arable land is irrigated (Siebert ez al. 2010)
and there is discussion of the need to increase irrigation to help meet rising demands for food
production in the context of future, less reliable rainfall (UNEP 2010, Pfister et al. 2011).

Increasing reliable water supplies throughout Africa will depend on the development of
groundwater (Giordano 2009; MacDonald and Calow 2009). However, quantitative, spatially
explicit information on groundwater in Africa is required to characterize this resource in order
to inform strategies to adapt to growing water demand associated not only with population
growth but also climate variability and change. To address this significant knowledge gap,
MacDonald et al. (2011, 2012) have developed the first quantitative continent-scale maps of
groundwater storage and potential yields in Africa based on an extensive review of available
maps, publications and data. From this analysis, MacDonald et al. (2012) estimated total
groundwater storage in Africa to be 0.66 x 10°km® (range 0.36-1.75 x 10°km?). Not all of
this groundwater storage is available for abstraction, but the estimated volume is more than
100 times estimates of annual renewable freshwater resources in Africa.

Groundwater resources are unevenly distributed in Africa. The largest groundwater volumes
are found in the large sedimentary aquifers in the North African countries of Libya, Algeria,
Egypt and Sudan (see Box 1.3). Crystalline basement rocks have the lowest yields, generally
less than 0.5Ls™, though a significant minority of areas has yields that are in excess of 1Ls™".
Highest borehole yields (>20Ls™) can be found in thick sedimentary aquifers, particularly in
unconsolidated or poorly consolidated sediments. Depth to groundwater (Plate 1.6) is another
important factor controlling accessibility and cost of developing groundwater resources. Water
levels deeper than 50 m are not easily accessible by a hand pump. At depths >100m the cost
of borehole drilling increases significantly due to the requirement for more advanced drilling
equipment.

The aquifer productivity map (Plate 1.7) shows that for many African countries, appropriately
sited and constructed boreholes will be able to sustain community hand pumps (yields of
0.1-0.3Ls™) and, for most of the populated areas of Africa, groundwater levels are likely to
be sufficiently shallow to be accessed using a hand pump. The majority of large groundwater
stores in the sedimentary basins which can accommodate high yielding boreholes are in
northern Africa. These are often far from population centres and have deep water levels and
are therefore costly to develop. Away from the large sedimentary aquifers, the potential for
borehole yields exceeding SLs™ is not widespread, though higher yielding boreholes may be
successful in some areas if accompanied by detailed hydrogeological investigation. The potential
for intermediate boreholes yields of 0.5-5Ls™, which could be suitable for small-scale
household and community irrigation, or multiple-use water supply systems, is much higher,
but will again require effective hydrogeological investigation and borehole siting. According
to MacDonald et al. (2012), strategies for increasing the use of groundwater throughout Africa
for irrigation and urban water supplies should not be based on the widespread expectation of
high yielding boreholes but recognize that high borehole yields may occasionally be realized
where a detailed knowledge of the local groundwater conditions has been developed.




1.11 Future challenges for
groundwater management

Three aquifer characteristics determine whether

groundwater resources will ultimately prove
sustainable:  vulnerability to pollution under
contaminant pressure from the land surface;

susceptibility to irreversible degradation from
excessive exploitation; and renewability of storage
reserves under current and future climate regimes.
These characteristics vary widely by aquifer type and
hydrogeologic setting. Vulnerability to pollution is
generally linked to the accessibility of an aquifer.
Aquifers that are shallow and readily recharged are
more likely to suffer pollution from agrichemicals
and urbanization (in particular, from low-cost
disposal disposal of
industrial chemicals). Groundwater development
and effluent disposal for urban water supply have
far-reaching implications for public health, municipal
planning and resource sustainability. In Europe, land
use zoning is now used to protect vulnerable key
aquifers that provide municipal water supply, as well
as developing deeper, confined groundwater sources
that are naturally protected from urban pollution
(WWAP 2009).

The tension between private and public services
derived from aquifers remains. More convergent
and sustainable resource use will be achieved only
through substantial investment in management
operations on the ground, working primarily through
community consultation and cross-sectoral policy
dialogue (WWAP 2009). Such dialogue is supported
by shared knowledge and common understanding
of the current situation and future options. Good
and reliable groundwater information is crucial to
facilitate co-operation among stakeholders. All
stakeholders should have easy access to reliable data
on abstractions, water quality and groundwater
levels. Adopting an adaptive management approach
(Fig. 1.13) it should be possible to establish mutually
acceptable regulations, adopted by all parties, based
on a holistic definition of the aquifer system and
understanding of the impacts of abstraction and
contamination.

A significant challenge for the future development
of groundwater sources is to raise political awareness
of the issues involved. Unfortunately, increased
scientific understanding of groundwater has not yet
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Fig. 1.13 Integrated, adaptive management scheme for the
protection of groundwater resources. (Adapted from IAH
2006. Reproduced with permission of International Association
of Hydrogeologists.)

made a significant influence on resource policy-
making or featured prominently in global or national
water policy dialogues, with discussion too often on
groundwater development rather than groundwater
management. Also, governance and practical man-
agement are not well funded and, as a consequence,
opportunities for utilizing groundwater resources
sustainably and conjunctively are being lost and
insufficient attention is being paid to the inter-
relationship between groundwater and land-use
planning (IAH 2006). Often, decisions on ground-
water development and management objectives, and
the allocation of human, financial and environmental
resources to meet these objectives, are made by
leaders in government, the private sector and civil
society, not by groundwater professionals alone.
Therefore, hydrogeologists must help inform the
decisions of these leaders outside the water domain
on such issues as spatial and development planning,
demographic planning, health, education, agriculture,
industry, energy, economic development and the
environment (WWAP 2009).

Finally, water resources management has a clear
and rapidly developing association with many other
policy areas such as energy, land use and nature
conservation. In this context, groundwater is part of
an emerging integrated water resources management
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approach that recognizes society’s views, reshapes
planning processes, co-ordinates land and water
resources management, recognizes water quantity
and quality linkages, manages surface water and
groundwater resources conjunctively and protects
and restores natural systems while considering
climate change.
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2 Physical hydrogeology

2.1 Introduction

The occurrence of groundwater within the Earth’s
crust and the emergence of springs at the ground
surface are determined by the lithology of
geological materials, regional geological structure,
geomorphology of landforms and the availability of
recharge sources. The infiltration of rainfall to the
water table and the flow of groundwater in an
aquifer towards a discharge area are governed by
physical laws that describe changes in energy of the
groundwater. In this chapter, the physical properties
of aquifer storage and permeability are discussed in
relation to different rock types and hydrogeological
conditions. Then, starting with Darcy’s Law, the
fundamental law of groundwater flow, the equations
of steady-state and transient groundwater flow are
derived for the hydraulic conditions encountered
above and below the water table. Next, examples
of analytical solutions to simple one-dimensional
groundwater flow problems are presented and this
is followed by an explanation of the influence
of topography in producing various scales of
groundwater movement, including patterns of local,
intermediate and regional flow. The last section of
this chapter deals with the occurrence of groundwater
resources of the world. The wide range of aquifer
types and expected borehole yields associated with
sedimentary, metamorphic and igneous rock types
are described with reference to the hydrogeological
units that occur in the United Kingdom.

2.2 Porosity

The porosity of a soil or rock is that fraction of a
given volume of material that is occupied by void

space, or interstices. Porosity, indicated by the
symbol 7, is usually expressed as the ratio of the
volume of voids, V,, to the total unit volume, V,, of
a soil or rock, such that n = V,/V,. Porosity can be
determined in the laboratory from knowledge of the
bulk mass density, p,, and particle mass density, p,
of the porous material (see Section 5.4.1) using the
relationship:

n=1-2

eq. 2.1
Ps

In fractured rocks, secondary or fracture porosity
can be estimated by the field method of scan lines
using the relation 7, = Fa where F is the number of
joints per unit distance intersecting a straight scan
line across a rock outcrop, and a is the mean aperture
of the fractures.

Porosity is closely associated with the void ratio,
e, the ratio of the volume of voids to the volume
of the solid material, V,, such that e = V,/V,. The
relation between porosity and void ratio can be
expressed as:

e
= .22
"Tlte) 1
or
n
e = m €q. 23

Void ratio displays a wide range of values. In soils
and rocks with a total porosity ranging from 0.001
to 0.7, the corresponding void ratio range is 0.001
to 2.3.

In general, unconsolidated sediments such as
gravels, sands, silts and clays, which are composed
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Fig. 2.1 Types of porosity with relation to rock texture: (a) well-sorted sedimentary deposit having high porosity; (b) poorly sorted
sedimentary deposit having low porosity; (c) well-sorted sedimentary deposit consisting of pebbles that are themselves porous, so
that the whole deposit has a very high porosity; (d) well-sorted sedimentary deposit whose porosity has been reduced by the
deposition of mineral matter (cementation) in the interstices; (e) soluble rock made porous by solution; (f) crystalline rock made

porous by fracturing. (Adapted from Meinzer 1923.)

of angular and rounded particles, have larger
porosities than indurated, consolidated sediments
such as sandstone and limestone. Crystalline igneous
and metamorphic rocks have especially low porosities
because the pores are merely within the inter-crystal
surfaces. Conversely, formations rich in platy clay
minerals with very fine grain size can achieve high
porosity values.

As illustrated in Fig. 2.1, porosity is controlled by
the shape and arrangement of constituent grains, the
degree of sorting, compaction, cementation, fractur-
ing and solutional weathering. Porosity values
range from negligibly small (0%) for unfractured
to 0.1 (10%) for weathered crystalline rocks to
0.4-0.7 (40%-70%) for unconsolidated clay depos-
its (Table 2.1).

There is a distinction between primary porosity,
which is the inherent character of a soil or rock
matrix that developed during its formation, and
secondary porosity. Secondary porosity may develop
as a result of secondary physical and chemical
weathering along the bedding planes and joints
of indurated sediments such as limestones and
sandstones, or as a result of structurally controlled
regional fracturing and near-surface weathering in
hard rocks such as igneous and metamorphic rocks.
Where both primary and secondary porosities are
present, a dual-porosity system is recognized, for

Table 2.1 Range of values of hydraulic conductivity and
porosity for different geological materials (based on data
contained in Freeze and Cherry 1979 and Back et al. 1988)

Hydraulic

conductivity,
Geological material K(ms™) Porosity, n
Fluvial deposits (alluvium) 10°-107? 0.05-0.35
Glacial deposits
— basal till 107""-10° 0.30-0.35
— lacustrine silt and clay 107"%-107 0.35-0.70
- outwash sand and gravel 107-1073 0.25-0.50
— loess 10710 0.35-0.50
Sandstone 107'-10° 0.05-0.35
Shales
- unfractured 107°-107 0-0.10
- fractured 10°-10"° 0.05-0.50
Mudstone 107'2-107"° 0.35-0.45
Dolomite 10°-10"° 0.001-0.20
Oolitic limestone 107-10° 0.01-0.25
Chalk
— primary 10%-10"° 0.15-0.45
- secondary 10°-1072 0.005-0.02
Coral limestones 102-107" 0.30-0.50
Karstified limestones 107°-10° 0.05-0.50
Marble, fractured 10°8-10"° 0.001-0.02
Volcanic tuff 107-10" 0.15-0.40
Basaltic lava 107'%-107? 0-0.25
Igneous and metamorphic rocks ~ 107*-10"° 0-0.10

— unfractured and fractured
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example as a result of fracturing and fissuring in
porous sandstone or limestone.

Not all the water contained in the pore space of a
soil or rock can be viewed as being available to
groundwater flow, particularly in fine grained or
fractured aquifers. In an aquifer with a water table,
the volume of water released from groundwater
storage per unit surface area of aquifer per unit
decline in the water table is known as the specific
yield, S, (see Section 2.10). The fraction of water that
is retained in the soil or rock against the force of
gravity is termed the specific retention, S,. As shown
in Fig. 2.2, the sum of the specific yield and specific
retention (S, + S,) is equal to the total porosity, #. It
is useful to distinguish the total porosity from the
effective porosity, 7,, of a porous material. The total
porosity relates to the storage capability of the
material whereas the effective porosity relates to the
transmissive capability of the material.

In coarse-grained rocks with large pores, the
capillary films that surround the solid particles
occupy only a small proportion of the pore space
such that S, and 7z, will almost equal 7. In fine-
grained rocks and clay, capillary forces dominate
such that S, will almost equal #, but n, will be much
less than n. These variations can be described by the
term specific surface area, S,,, defined as the ratio of
total surface area of the interstitial voids to total
volume of the porous material. In sands, S, will be
of the order of 1.5 x 10*m™ but in montmorillonite
clay it is about 1.5 x 10°m™ (Marsily 1986). These

Median grain size (mm)

properties are important in the adsorption of water
molecules and dissolved ions on mineral surfaces,
especially on clay.

In the case of a fissured or fractured aquifer, such
as weathered limestone and crystalline rocks, water
contained in the solid matrix is typically immobile
and the only effective porosity is associated with the
mobile water contained in the fissures and fractures.
With increasing depth, the frequency of fissures and
fractures decreases and the increasing overburden
pressure closes any remaining openings such that the
effective porosity of these formations substantially
declines.

2.3 Hydraulic conductivity

Hydraulic conductivity or, as it is occasionally
referred to in older publications, the coefficient of
permeability, has dimensions of [L T7'] and is a
measure of the ease of movement of a water through
a porous material. Values of hydraulic conductivity
display a wide range in nature, spanning 13 orders
of magnitude (Table 2.1). In general, coarse-grained
and fractured materials have high values of hydraulic
conductivity, while fine-grained silts and clays
have low values. An illustration of the relationship
between hydraulic conductivity and grain size is
shown for two alluvial aquifers in Fig. 2.3. In such
aquifers, the sediment grain size commonly increases
with depth such that the greatest hydraulic conduc-
tivity is generally deep in the aquifer (Sharp 1988).
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Fig. 2.3 Laboratory determined values of hydraulic
conductivity as a function of grain size for alluvial aquifers in
the Rivers Missouri and Arkansas. Note the log-log scales.
(Adapted from Sharp 1988. Reproduced with permission of
the Geological Society of North America.)

The properties of the geological material will signifi-
cantly influence the isotropy and homogeneity of the
hydraulic conductivity distribution (Section 2.4).

The hydraulic conductivity of geological materials
is not only a function of the physical properties of
the porous material, but also the properties of the
migrating fluid, including specific weight, y (=pg,
where p is the density of the fluid and g is the
gravitational acceleration), and viscosity, y, such
that:

K =k eq. 2.4

Y
u

where the constant of proportionality, k;, is termed
the intrinsic permeability because it is a physical
property intrinsic to the porous material alone.

The density and viscosity of water are functions of
temperature and pressure but these effects are not
great for the ranges of temperature and pressure
encountered in most groundwater situations (see
Appendix 2). A one-third increase in hydraulic
conductivity is calculated using eq. 2.4 for a
temperature increase from 5°C (p = 999.965 kgm™,
1=1.5188x10°Nsm™2)to 15°C (p=999.099 kg m">,
1= 1.1404 x 10°Nsm™), although a groundwater
flow system exhibiting such a temperature change
would be considered unusual. An example is
groundwater that penetrates deep in the Earth’s
crust, becomes heated and returns rapidly to the
surface as highly mineralized hot springs. Equally, in
coastal areas, saline intrusion into fresh groundwater
will cause variations in fluid density such that
information about both k; and K is required in any
investigation.

The intrinsic permeability is representative of the

properties of the porous material alone and is related
to the size of the openings through which the fluid
moves. For unconsolidated sand, Krumbein and
Monk (1943) derived the following empirical
relationship where GM,, is the geometric mean of the
grain diameter (mm) and o is the standard deviation
of the grain size in phi units (-log,(grain diameter
in mm)):
k; = 760(GMy)?e™'3° = Cd> eq. 2.5
As shown, eq. 2.5 is more generally expressed as
k; = Cd* where d is equal to the mean pore diameter
and C represents a dimensionless ‘shape factor’
assessing the contribution made by the shape of the
pore openings, as influenced by the relationship
between the pore and grain sizes and their effect on
the tortuosity of fluid flow. Intrinsic permeability has
the dimensions of [L?] and, using nomenclature
common in the petroleum industry, the unit of
k; is the darcy where 1 darcy is equivalent to
9.87 x 107 m?,

Statistical power least-squares regression analyses
performed on 19 sets of published data on particle
laboratory permeability  of
unconsolidated by Shepherd (1989)
yielded the exponent of the grain diameter in eq. 2.5

size and intrinsic

sediments



to range from 1.11 to 2.05, with most values
significantly less than 2.0. The results presented by
Shepherd (1989) indicate that the permeability-grain
size relation may be expressed alternatively, on an
empirical basis, as k; = Cd"* %, Values of C and
the exponent of the grain diameter were shown to
both generally decrease with decreased textural
maturity (characterized by uniformly-sized particles,
better sorted samples, and grains with higher
roundness and sphericity) and increased induration
(consolidation).

2.4 Isotropy and homogeneity

Aquifer properties, such as hydraulic conductivity,
are unlikely to conform to the idealized, uniform
porous material whether viewed at the microscopic
or regional scales. The terms isotropy, anisotropy,
homogeneity and heterogeneity are used to describe
the spatial variation and directional trends in aquifer
property values.

If the hydraulic conductivity, K, is independent of
position within a geological formation, the formation
is homogeneous. If the hydraulic conductivity
varies from place to place, then the formation is
heterogeneous. The type of heterogeneity will depend
on the geological environment that gave rise to the
deposit or rock type. As shown in Fig. 2.4, layered
heterogeneity is common in sedimentary rocks
where each bed comprising the formation has its
own hydraulic conductivity value. Strong, layered
heterogeneity will be present in interbedded deposits
of clay and sand. Similarly large contrasts can arise
in cases of discontinuous heterogeneity caused by the
presence of faults or large-scale stratigraphic features.
Trending heterogeneity exists in formations such as
deltas, alluvial fans and glacial outwash plains where
there is sorting and grading of the material deposits.
Vertical trends in hydraulic conductivity are also
present in consolidated rocks where permeability is
dependent on joint and fracture density.

It is widely accepted that the statistical distribu-
tion of hydraulic conductivity for a geological
formation is described by a log-normal probability
density function with the average hydraulic con-
ductivity calculated as a geometric mean. Trending
heterogeneity within a geological formation can be
regarded as a trend in the mean hydraulic conductiv-
ity value.
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An isotropic geological formation is one where the
hydraulic conductivity is independent of the direction
of measurement at a point in the formation. If the
hydraulic conductivity varies with the direction of
measurement at a point, the formation is anisotropic
at that point. The principal directions of anisotropy
correspond to the maximum and minimum values of
hydraulic conductivity and are usually at right angles
to each other. The primary cause of anisotropy on a
small scale is the orientation of clay minerals in
sedimentary rocks and unconsolidated sediments.
In consolidated rocks, the direction of jointing or
fracturing can impart strong anisotropy at various
scales, from the local to regional.

Combining the previous definitions, and as shown
in Fig. 2.5, it is possible to recognise four possible
combinations of heterogeneity and anisotropy when
describing the nature of the hydraulic conductivity
of a formation.

2.5 Aquifers, aquitards and aquicludes

Natural variations in the permeability and ease of
transmission of groundwater in different geological
materials lead to the recognition of aquifers,
aquitards and aquicludes. An aquifer is a layer or
layered sequence of rock or sediment comprising one
or more geological formations that contains water
and is able to transmit significant quantities of water
under an ordinary hydraulic gradient (see Section
2.6). Aquifers therefore have sufficient permeability
to transmit groundwater that can be exploited
economically from wells or springs. Good aquifers
are usually developed in sands, gravels, solutionally-
weathered limestones and fractured sandstones.

The term aquitard is used to describe a formation
of lower permeability that may transmit quantities
of water that are significant in terms of regional
groundwater flow, but from which negligible supplies
of groundwater can be obtained. Examples of
aquitards include fluvial and glacio-fluvial silts and
sandy clays, sedimentary rocks with few fractures
and fractured crystalline rock.

An aquiclude is a saturated geological unit of such
low permeability that is incapable of transmitting
significant quantities of water under ordinary
hydraulic gradients and can act as a barrier to
regional groundwater flow. Aquiclude rocks include
clays, shales and metamorphic rocks.
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Fig. 2.4 Examples of isotropy, anisotropy and heterogeneity showing the influence of grain shape and orientation, sedimentary
environment and geological structure on hydraulic conductivity. (Data from Fetter 2001.)
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Fig. 2.5 Four possible combinations of heterogeneity and
anisotropy describing the hydraulic conductivity of a porous
material. (Adapted from Freeze and Cherry 1979. Reproduced
with permission of Pearson Education, Inc.)

2.6 Darcy’s Law

Water contained within the interconnected voids of
soils and rocks is capable of moving, and the ability
of a rock to store and transmit water constitutes its
hydraulic properties. At the centre of the laws that
govern the behaviour of groundwater flow in
saturated material is that formulated empirically by
the French municipal engineer for Dijon, Henry
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Darcy, in 1856. Using the type of experimental
apparatus shown in Fig. 2.6, Darcy studied the flow
of water through porous material contained in a
column and found that the total flow, Q, is
proportional to both the difference in water level,
b, — b,, measured in manometer tubes at either end
of the column and the cross-sectional area of flow,
A, and inversely proportional to the column
length, L. When combined with the constant of
proportionality, K, Darcy obtained:

(b1 —h,)

L

In general terms, Darcy’s Law, as it is known, can be
written as:

dh
--KkAY

dl
where db/dl represents the hydraulic gradient, with
the negative sign indicating flow in the direction
of decreasing hydraulic head. K is the hydraulic
conductivity of the porous material. Adopting the
shorthand of dh/dl equal to i, then eq. 2.7 can be
written as:

0 =-AiK

O=KA eq. 2.6

(@) eq. 2.7

eq. 2.8

Manometer tube for
measuring hydraulic
head, h

Q = AK (hy - hy) Ouflow, T
L ? L3
Permeameter pot
[ |
Length, L LY Area, A hy
Porous material N
of hydraulic h,
conductivity, K
[ ]
Flow from
constant head tank, Q
Fig. 2.6 Permeameter apparatus for
determining the hydraulic conductivity of Datu': level il

saturated porous material using Darcy’s Law.
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Now, combining eqs 2.4, 2.5 and 2.7 gives a full
expression of the flow through a porous material as:
O, __pdb__Cdpgdb

A dl u d
The quotient Q/A, or g, indicates the discharge per
unit cross-sectional area of saturated porous material.
The term g, referred to as the specific discharge, has
the dimensions of velocity [L T™'] and is also known
as the darcy velocity or darcy flux. It is important to
remember that the darcy velocity is not the true,
microscopic velocity of the water moving along
winding flowpaths within the soil or rock. Instead,
by dividing the specific discharge by the fraction of

eq. 2.9

Macroscopic approach
N N\

\ i\

A\ = -\
%)

74 -

Q Lol
[ >

yA >/

V = average linear
velocity

open space (in other words, effective porosity, 7,)
through which groundwater flows across a given
sectional area, this provides an average measure of
groundwater velocity such that:

A%e = nie =7 eq. 2.10
where v is the average linear velocity (Fig. 2.7).

As illustrated in Box 2.1, the application of eqs 2.7
and 2.10 to simple hydrogeological situations enables
first estimates to be obtained for groundwater flow
and velocity. More accurate calculations require the
use of more advanced techniques such as flow net

Microscopic behaviour

Variable
velocities

Fig. 2.7 Macroscopic (Darcian) approach to the analysis of groundwater flow contrasted with the true, microscopic behaviour of

tortuous flowpaths.

the information given in Fig. 2.8, as follows:

dh
=-KA—
© dl
0O=1x107-20.5000.4x107°
0=04m’s"

as river flow is 0.8 m3s7%.

Box 2.1 Application of Darcy’s Law to simple hydrogeological situations

The following two worked examples illustrate the application of Darcy’s Law to simple
hydrogeological situations. In the first example, the alluvial aquifer shown in Fig. 2.8 is
recharged by meltwater runoff from the adjacent impermeable mountains that run parallel to
the axis of the valley. If the groundwater that collects in the aquifer discharges to the river,
then it is possible to estimate the river flow at the exit from the valley. To solve this problem,
and assuming that the river is entirely supported by groundwater discharge under steady,
uniform flow conditions, the groundwater discharge (Q) can be calculated using eq. 2.7 and

Accounting for both halves of the valley floodplain, the total discharge from the alluvial aquifer

continued
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Fig. 2.8 Alluvial aquifer bounded by impermeable bedrock.
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Fig. 2.9 Municipal waste disposal site contaminating a sand and gravel aquifer.

In the second example (Fig. 2.9), a municipal waste disposal facility is situated in a former
sand and gravel quarry. The waste is in contact with the water table and is directly contaminating
the aquifer. The problem is to estimate the time taken for dissolved solutes to reach a spring
discharge area located down-gradient of the waste tip. Assuming that the contaminant is
unreactive and moves at the same rate as the steady, uniform groundwater flow, then from a
consideration of eq. 2.10 and the information given in Fig. 2.9, the average linear velocity is
calculated as follows:

x P
S_4 _d
n@ nE
_ 5x10*-5%x107
vV=—————

0.25

Therefore, the time taken, ¢, to move a distance of 200 m in the direction of groundwater
flow from the waste tip to the spring is:

200 _ 2x107 s = 230 days

P= ———
1x107°
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analysis (Box 2.3 later) and groundwater modelling
(see Further Reading and Section 7.5).

As a result of introducing anisotropy, it is necessary
to recognise that in a three-dimensional flow system
the specific discharge or darcy velocity (eq. 2.9) as
defined by Darcy’s Law, is a vector quantity with
components ¢, g, and g, given by:

g b o
LA WL ”ay’q“ 0z
where K,, K, and K, are the hydraulic conductivity
values in the x, y and z directions.

2.6.1 Hydraulic properties of
fractured rocks

By adopting the Darcian approach to the analysis of
groundwater flow, it is implicit that the physical
assemblage of grains that comprise the porous mate-
rial are considered as a representative continuum,
and that macroscopic laws, such as Darcy’s Law,
provide macroscopically averaged descriptions of the

Field system

VW —0

N\
| ! |

Q——

(a)

Pm— -

(b)

microscopic behaviour. In other words, Darcy’s Law
describes groundwater flow as a flux through a
porous material that is imagined to have continuous,
smoothly varying properties. In reality, intergranular
and fractured porous materials are highly heteroge-
neous when examined at a scale similar to the spacing
of the dominant pore size. The consequence of this
is that Darcy’s Law can be used successfully, but only
at a scale large enough to contain a representative
assemblage of pores. This is the continuum scale. At
sub-continuum scales, the local pore network geom-
etry strongly influences flow and the transport of
contaminants. This is particularly relevant in frac-
tured rocks where the dimension of the fracture
spacing can impart a continuum scale that exceeds
the size of many practical problems.

In fractured material such as carbonate and
crystalline rocks and fissured clay sediments such as
glacial tills, the conceptual model of groundwater
flow can either be grossly simplified or a detailed
description of the aquifer properties attempted as
depicted in Fig. 2.10. With the exception of conduit

Single fracture

/ Ky 2b

h1 h2

Impermeable matrix

- ] {

(o)

Dual porosity

(d)

Fig. 2.10 Conceptual models to represent a fractured rock system. The fracture network of aperture 2b and with groundwater
flow from left to right is shown in (a). The equivalent porous material, discrete fracture and dual porosity models representative of
(a) are shown in (b), (c) and (d), respectively. (Adapted from Gale 1982. Reproduced with permission of the Geological Society of

North America.)



flow in karst aquifers, fracture flow models generally
assume that both fracture apertures and flow
velocities are small such that Darcy’s Law applies
and flow is laminar (Box 2.2). In the example of the
equivalent porous material shown in Fig. 2.10(b),
the primary and secondary porosity and hydraulic
conductivity distributions are represented as the
equivalent or effective hydraulic properties of a
continuous porous material. A drawback with this
approach is that it is often difficult to determine the
size of the representative elementary volume of
material from which to define the effective hydraulic
property values. Hence, the equivalent porous
material approach may adequately represent the
behaviour of a regional flow system but is likely to
reproduce local conditions poorly.

More advanced approaches, such as the discrete
fracture and dual-porosity models shown in Figs
2.10(c) and 2.10(d) represent groundwater movement
through the fracture network. Flow through a single
fracture may be idealized as occurring between two
parallel plates with a uniform separation or fracture
aperture, 2b. The relation between flow and hydraulic
gradient for individual fractures under laminar flow
conditions is usually considered to be governed by
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the ‘cubic law’ presented by Snow (1969) and further
validated by Witherspoon et al. (1980) and Gale
(1982). In this treatment, the flow rate through a
fracture, Qp may be expressed as:

db
=2bwK,—
Or whe

eq. 2.11
where w is the width of the fissure, K; the hydraulic
conductivity of the fracture and [ the length over
which the hydraulic gradient is measured. The
hydraulic conductivity, K is calculated from:

2b)*
-
u

eq. 2.12

where p is fluid density,  is fluid viscosity and g is
the gravitational acceleration.

If the expression for K (eq. 2.12) is substituted in
eq. 2.11, then:

_2wpgb® db
3 u d

It can be seen from eq. 2.13 that the flow rate
increases with the cube of the fracture aperture. Use
of a model based on these equations requires a
description of the fracture network, including the

Or = eq. 2.13

Box 2.2 Laminar and turbulent flows

the flow becomes turbulent.

expressed as follows:

R, = Pad

Darcy’s Law applies when flow is laminar but at high flow velocities, turbulent flow occurs
and Darcy’s Law breaks down. Under laminar conditions individual ‘particles’” of water move
in paths parallel to the direction of flow, with no mixing or transverse component to the fluid
motion. These conditions can be visualized by making an analogy between flow in a straight,
cylindrical tube of constant diameter, and flow through porous granular or fissured material.
At the edge of the tube, the flow velocity is zero rising to a maximum at the centre. As the
flow velocity increases, so fluctuating eddies develop and transverse mixing occurs whereupon

Flow rates that exceed the upper limit of Darcy’s Law are common in karstic limestones
(Section 2.6.2) and dolomites and highly permeable volcanic formations. Also, the high
velocities experienced close to the well screen of a pumping borehole can also create turbulent
conditions. The change from laminar flow at low velocities to turbulent flow at high velocities
is usually related to the dimensionless Reynolds number, R,, which expresses the ratio of inertial
to viscous forces during flow. For flow through porous material, the Reynolds number is

eq. 1

continued on p. 40
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where p is fluid density, u is viscosity and ¢ is the specific discharge (or characteristic velocity
for fissured or fractured material). The characteristic length, d, can represent the mean pore
diameter, mean grain diameter or, in the case of a fissure or fracture, either the hydraulic radius
(cross-sectional area/wetted perimeter) or width of the fissure.

For laminar flow in granular material, Darcy’s Law is valid as long as values of R, do not
exceed the range 1 to 10. Since fully turbulent flow does not occur until velocities are high
and R, is in the range 10* to 10°, the transition between the linear laminar and turbulent
regimes is characterized by non-linear laminar flow. In karst aquifers, conduit flow may remain
in the laminar regime in pipes up to about 0.5m in diameter provided the flow velocity does
not exceed 1 x 102 ms™ (Fig. 2.11).

The following example illustrates the application of the Reynolds number in determining
whether groundwater flow is laminar or turbulent. A fissure in a limestone aquifer has a width,
w, of 2m and an aperture, 2b, of 0.1 m. A tracer dye moves along the fissure at a velocity of
0.03ms™". From this information, the characteristic length of the fissure is (2bw)/
(2(2b + w)) = (0.1 x 2)/( 2(0.1 + 2)) = 0.05 m. The characteristic velocity is equal to the tracer

velocity. Hence, if the kinematic viscosity, u/p, at 10°C is 1.31 x 10°m?s™!, then using eq. 1:
e=0.03><0.05=1145 eq. 2
1.31x10°°

and the flow is transitional to turbulent.

Turbulent

107"+

Flow velocity (m s™")

102

1073 T T
1073 1072 107 1
Pipe diameter (m)

Fig. 2.11 Values of Reynolds number, R,, at various velocities and conduit diameters and showing fields of
different flow regimes. (Adapted from Smith et al. 1976b.)




mapping of fracture apertures and geometry, that can
only be determined by careful fieldwork.

In the case of the dual-porosity model, flow
through the fractures is accompanied by exchange of
water and solute to and from the surrounding porous
rock matrix. Exchange between the fracture network
and the porous blocks may be represented by a term
that describes the rate of mass transfer. In this model,
both the hydraulic properties of the fracture network
and porous rock matrix need to be assessed, adding
to the need for field mapping and hydraulic testing.

2.6.2 Karst aquifer properties

The term karst is used widely to describe the distinc-
tive landforms that develop on rock types such as
limestones, gypsum and halite that are readily dis-
solved by water. The name karst is derived from a
word meaning stony ground used to describe the
Kras region, now part of Slovenia and Croatia,
where distinctive karst landforms are exceptionally
well-developed. Karst areas are typically character-
ized by a lack of permanent surface streams and the
presence of swallow holes (Fig. 2.12) and enclosed
depressions. Rainfall runoff usually occurs under-
ground in solutionally enlarged channels, some of
which are large enough to form caves. Well-known
karst areas include: the pinnacle karst of the Guilin
area, southern China; Mammoth Caves, Kentucky,
USA; the Greek Islands; the Dordogne, Vercors and
Tarn areas of France; Postojna Caves in Slovenia;
and The Burren, County Clare, Ireland. The karst of
Ireland is described by the Karst Working Group
(2000) and Ford and Williams (1989) provide an
extensive treatment of karst geomorphology and
hydrology in general.

Figure 2.13 shows a typical model of groundwater
flow and is used here to describe groundwater
conditions in the Mendip Hills karst aquifer located
in the west of England. The hills extend 50km east-
west and 10km north-south. In the west they rise
above surrounding lowlands and form a broad karst
plateau at about 260 m above sea level, developed in
Carboniferous limestone. Structurally, the Mendips
comprise four en echelon periclines with cores of
Devonian sandstone. The dip of the limestones on
the northern limbs of the folds is generally steep (60°
to 90°) but to the south it is more gentle (20° to 40°).
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Fig. 2.12 The disappearance of the upper River Fergus at An
Clab, south-east Burren, County Clare, Ireland, where surface
runoff from Namurian shales disappears into a swallow hole at
the contact with Carboniferous limestone.

The periclines emerge from beneath younger Triassic
rocks in the west, but in the east are covered by
Mesozoic strata which are in the process of being
removed by erosion. As a result, the karstic features
are better developed and probably older in the
west than in the east. The principal aquifer is the
Carboniferous limestone which has been extensively
exploited for water supply, primarily by spring
abstraction. Spring discharges are generally flashy,
with a rapid response to storms, such that abstracted
water is normally stored in surface reservoirs.

As shown in Fig. 2.13, groundwater discharge is
via springs located at the lowest limestone outcrop,
often where the limestones dip below Triassic
mudstones. The larger springs are fed by conduits or
flooded cave systems. The conduits act as drains
within the saturated zone of the aquifer, and
groundwater in fissures and fractures flows towards
the conduits. Within the saturated zone the conduit
flow has a turbulent regime while the diffuse fissure
flow obeys Darcy’s Law (see Box 2.2).

Recharge to the aquifer can be characterized as
allogenic and autogenic. Allogenic recharge comprises
sinking streams which collect on sandstone and shale
exposed in the core of the periclines. These streams
pass directly into the conduit system through swallow
holes. Autogenic recharge is either concentrated by
closed depressions (dolines) or occurs as diffuse
infiltration through the soil. Closed depressions are
the first order tributaries of the conduit system and
focus concentrated recharge into shafts and caves.
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Fig. 2.13 Block diagram showing the occurrence of groundwater in karst aquifers. (Adapted from an original by T.C. Atkinson.)

Weathering in the upper few metres of bedrock
produces dense fissuring that provides storage for
water in the unsaturated zone in what is sometimes
referred to as the epikarstic aquifer. The epikarstic
aquifer is recharged by infiltration and drains to the
saturated zone via fractures and fissures, but with
frequent concentration of drainage into shafts which
form tributaries to cave systems.

Analysis of hydrographs (Section 6.7), baseflow
recession curves, water balances (Section 8.2.1) and
tracer tests (Section 7.3.3) indicates that the diffuse
flow component of the saturated zone in the Mendip
Hills has a storativity of about 1% and a hydraulic
conductivity of 107 to 10°ms™ (Atkinson 1977).
About 70% of the flow in the saturated zone is via
conduits but these comprise less than one thirtieth of
the active storage. From direct exploration, the depth
of conduit circulation beneath the water table is
known to exceed 60m, implying a total storage in
the saturated zone of at least 600 mm of precipitation,
roughly equivalent to one year’s runoff. Significant
storage also occurs in the epikarstic aquifer although
the total amount is not known.

Karst aquifers can be classified according to the
relative importance of diffuse flow and conduit flow,

the degree of concentration of recharge and the
amount of storage in the aquifer as shown in Fig.
2.14. The Mendip Hills karst aquifer has high
storage, about 50% concentration of recharge into
streams and closed depressions and 70% conduit
flow in the saturated zone.

In karst aquifers where turbulent flow conditions
can develop in solutionally developed conduits,
representation of the hydraulic behaviour of the
systemiscomplicated by the difficulty in characterizing
the hydraulic properties. A number of approaches
are commonly used to model the behaviour of karst
aquifers. The first is to assume that groundwater
flow is governed by Darcy’s Law and then to use one
of the models shown in Fig. 2.10. Further approaches
to modelling flow in karst conduits is to adopt the
Darcy-Weisbach pipe flow equation (eq. 6.19) or, for
mature karst landscapes, to use a ‘black box’ model
in which empirical functions are developed based on
field observations of flow to reproduce input and
output responses, in particular of recharge and
spring flow. These functions may or may not include
the usual aquifer parameters such as hydraulic
conductivity, storativity and porosity. A third, hybrid
approach is to use the aquifer response functions
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Fig. 2.14 Conceptual classification of karst aquifers from a
consideration of recharge and groundwater flow mechanisms
and the degree of saturated aquifer storage. (Adapted from
an original by T.C. Atkinson.)

developed as for the ‘black box’ approach and then
make use of these in an equivalent porous material
model, although it must be recognized that large
uncertainties remain, requiring careful field validation.

2.7 Groundwater potential and
hydraulic head

As described in the previous sections of this chapter,
the porosity and hydraulic conductivity of porous
material characterise the distribution and ease of
movement of groundwater in geological formations.
When analysing the physical process of groundwater
flow, analogies are drawn with the flow of heat
through solids from higher to lower temperatures
and the flow of electrical current from higher to
lower voltages. The rates of flow of heat and
electricity are proportional to the potential gradients
and, in a similar way, groundwater flow is also
governed by a potential gradient.

Groundwater possesses energy in mechanical,
thermal and chemical forms with flow controlled
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Fig. 2.15 Work done in moving a unit mass of fluid from the
standard state to a point P in a groundwater flow system.

by the laws of physics and thermodynamics. With
reference to Fig. 2.15, the work done in moving a
unit mass of fluid from the standard state to a point,
P, in the flow system is comprised of the following
three components:

1. potential energy (mgz) required to lift the mass to
elevation, z;

2. kinetic energy (mv*/2) required to accelerate the
fluid from zero velocity to velocity, v; and

3. elastic energy required to raise the fluid from
pressure P, to pressure P. The latter quantity can be
thought of as the change in potential energy per unit
volume of fluid and is found from:

P P
mj KdP = mj dp

Py m P, P
Given that groundwater velocities in porous material
are very small, the kinetic energy term can be ignored

such that at the new position, P, the fluid potential,
®, or mechanical energy per unit mass (m = 1) is:

I
<1>—gz+;[

For incompressible fluids that have a constant
density, and therefore are not affected by a change
in pressure, then:

(P-F,)

eq. 2.14

eq. 2.15

O=gz+ eq. 2.16
To relate the fluid potential to the hydraulic head
measured by Darcy in his experiment (Fig. 2.6), Fig.
2.16 demonstrates that the fluid pressure at position
P in a column containing porous material is found
as follows;

P=pgy+P, eq. 2.17
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Fig. 2.16 Relation between hydraulic head, h, pressure head,
y, and elevation head, z, at a point P in a column of porous
material.

where y is the height of the water column above P
and P, is atmospheric pressure (the pressure at the
standard state).

It can be seen that = h — z and so, substituting

in eq. 2.17:
P=pgh-2)+P, eq. 2.18

By substituting this expression for pressure into the
equation for fluid potential, eq. 2.16, then:

[pg(b_z)+Po _Po]

O=gz+ eq. 2.19
and, thus:
® =gz +gh—gz]l=gh eq. 2.20

The result of eq. 2.20 provides a significant
relationship in hydrogeology: the fluid potential, @,
at any point in a porous material can simply be
found from the product of hydraulic head and
acceleration due to gravity. Since gravity is, for all
practical purposes, almost constant near the Earth’s
surface, @ is almost exactly correlated with /4. The
significance is that hydraulic head is a measurable,
physical quantity and is therefore just as suitable a
measure of fluid potential as ®.

Returning to the analogy with heat and electricity,
where rates of flow are governed by potential
gradients, it is now shown that groundwater flow is
driven by a fluid potential gradient equivalent to a
hydraulic head gradient. In short, groundwater flows
from regions of higher to lower hydraulic head.

With reference to eqs 2.16 and 2.20, and, by
convention, setting the atmospheric pressure, P, to
zero, then:

gb=gz+£ eq. 2.21
P

The pressure at point P in Fig. 2.16 is equal to pgy,

and so it can be shown by substitution in eq. 2.21

and by dividing through by g that:

h=z+y eq. 2.22

Equation 2.22 confirms that the hydraulic head at a
point within a saturated porous material is the sum
of the elevation head, z, and pressure head, v, thus
providing a relationship that is basic to an
understanding of groundwater flow. This expression
is equally valid for the unsaturated and saturated
zones of porous material but it is necessary to
recognise, as shown in Fig. 2.17, that the pressure
head term, v, is a negative quantity in the unsaturated
zone as a result of adopting the convention of setting
atmospheric pressure to zero and working in gauge
pressures. From this, it follows that at the level of
the water table the water pressure is equal to zero
(i.e. atmospheric pressure). In the capillary fringe
above the water table, the aquifer material is
completely saturated, but because of capillary suction
drawing water up from the water table, the porewater
pressure is negative, that is less than atmospheric
pressure (for further discussion, see Section 5.4.1).
The capillary fringe varies in thickness depending on
the diameter of the pore space and ranges from a few
centimetres for coarse-grained material to several
metres for fine-grained deposits.

2.8 Interpretation of hydraulic head
and groundwater conditions

2.8.1 Groundwater flow direction

Measurements of hydraulic head, normally achieved
by the installation of a piezometer or well point, are
useful for determining the directions of groundwater
flow in an aquifer system. In Fig. 2.18(a), three
piezometers installed to the same depth enable the
determination of the direction of groundwater flow
and, with the application of Darcy’s Law (eq. 2.7),
the calculation of the horizontal component of flow.
In Fig. 2.18(b), two examples of piezometer nests are
shown that allow the measurement of hydraulic
head and the direction of groundwater flow in the
vertical direction to be determined either at different
levels in the same aquifer formation or in different
formations.



Ground surface

Unsaturated | - . - Cy<0 . W
zone ) - — .

© <— P2=Py-pgy,
Capillary fringe

Saturated
zone

<Py =Py + pgy,

LBa'sé of aquifer. . -

‘Datum 7= 0

-«

At P, h‘|=Z‘|+I[/‘|
At P, hz:Zz—l//z

Fig. 2.17 Condition of pressure head, w, for the unsaturated and saturated zones of an aquifer. At the water table, fluid pressure

is equal to atmospheric (P,) and by convention is set equal to zero. Note also that the unsaturated or vadose zone is the region of
a geological formation containing solid, water and air phases while in the saturated or phreatic zone, pore spaces of the solid
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2.8.2 Water table and potentiometric
surface maps

Observation boreholes and piezometers located
district provide a picture of the
three-dimensional distribution of hydraulic head
throughout an aquifer system. Lines drawn joining
points of equal groundwater head, or groundwater
potential, are termed equipotential lines. Lines
perpendicular to the equipotential lines are flow lines
and can be used in the construction of a flow
net (Box 2.3). In plan view, the construction of
equipotential contours results in a map of the

within a

potentiometric surface. In an unconfined aquifer, the
potentiometric surface is a map of the water table,
where the groundwater is by definition at atmospheric
pressure. In a confined aquifer the potentiometric
surface predicts the position that the water level
would rise to in a borehole that penetrates the
buried aquifer. As shown in Fig. 2.24, areas of high
hydraulic head may be interpreted as groundwater
recharge zones while areas of low hydraulic head are
typically in groundwater discharge zones. Box 2.4
provides an example of an actual potentiometric
surface map for the Chalk aquifer underlying the
London Basin.

Box 2.3 Flow nets and the tangent law

flow system;

groundwater flow parallel to the boundary;

geological boundaries;

with different hydraulic conductivity.

The construction of a flow net, for example a water table or potentiometric surface map, and
the interpretation of groundwater flow lines, requires the implicit assumption that flow is
perpendicular to the lines of equal hydraulic head (i.e. the porous material is isotropic), with
flow in the direction of decreasing head. All flow nets, however simple or advanced, can be
drawn using a set of basic rules. When attempting to draw a two-dimensional flow net for
isotropic porous material by trial and error, the following rules must be observed (Fig. 2.19):
1. Flow lines and equipotential lines should intersect at right angles throughout the groundwater

2. Equipotential lines should meet an impermeable boundary at right angles resulting in

3. Equipotential lines should be parallel to a boundary that has a constant hydraulic head
resulting in groundwater flow perpendicular to the boundary;
4. In a layered, heterogeneous groundwater flow system, the tangent law must be satisfied at

5. If squares are created in one portion of one formation, then squares must exist throughout
that formation and throughout all formations with the same hydraulic conductivity with the
possible exception of partial stream tubes at the edge. Rectangles will be created in formations

The last two rules are particularly difficult to observe when drawing a flow net by hand but
even a qualitative flow net, in which orthogonality is preserved but with no attempt to create
squares, can help provide a first understanding of a groundwater flow system. In simple flow
nets, the squares are actually ‘curvilinear squares’ that have equal central dimensions able to
enclose a circle that is tangent to all four bounding lines (Fig. 2.20).

In Fig. 2.20, a flow net is constructed for groundwater flow beneath a dam structure that is
partially buried in an isotropic and homogeneous sand aquifer. To calculate the flow
beneath the dam, consider the mass balance for box ABCD for an incompressible fluid. Under
steady-state conditions, and assuming unit depth into the page, the flow into the box across

continued
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Fig. 2.19 Simple rules for flow net construction for the cases of (a) an impermeable boundary, (b) a constant
head boundary (here shown as a river), and (c) a water table boundary.

face AB with width, Aw, will equal the flow out of the box across face DC. From Darcy’s Law
(eq. 2.5) the best estimate of flow through box ABCD, AQ, is equal to:

Ah

AO =Aw-K eq. 1
0 Al q
or, on rearrangement:
Aw
AO =K -Ah—- eq. 2
Q Al q

If the flow net is equi-dimensional (curvilinear squares), then Aw/Al is about equal to unity
and eq. 2 becomes:

AQ=K-Ab eq. 3

Ah is found from the total head drop (b, — h,) along the stream tube divided by the number

of head divisions, 7, in the flow net:

Ab = (b =hy) eq. 4
n

continued on p. 48
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Fig. 2.20 Flow net constructed for groundwater flow beneath a dam in a homogeneous, isotropic aquifer.

If the number of stream tubes in the region of flow is 7, then the total flow below the dam is:

Q=""K(b ~h) eq. 5
For the example of flow beneath a dam shown in Fig. 2.20, m=5,7=13 and (b, — b,) =26 m.
If the hydraulic conductivity, K, is 20mday™', then the total flow is found from:

S
=—x20x26
Q 13
=200 m’ day~.

In homogeneous but anisotropic porous material, flow net construction is complicated by the
fact that flow lines and equipotential lines are not orthogonal. To overcome this problem, a
transformed section is prepared through the application of a hydraulic conductivity ellipse (Fig.
2.21). Considering a two-dimensional region in a homogeneous, anisotropic aquifer with
principal hydraulic conductivities K, and K., the hydraulic conductivity ellipse will have semi-
axes K, and K, . The co-ordinates in the transformed region, X-Z, are related to the original
x-z system by:

X=x

VK,
VK,

For K, > K_, this transformation will expand the vertical scale of the region of flow and also
expand the hydraulic conductivity ellipse into a circle of radius vK, . The fictitious, expanded
region of flow will then act as if it were homogeneous with hydraulic conductivity K,. The

7=

eq. 6

continued
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Fig. 2.21 In (a) the hydraulic conductivity ellipse for a homogeneous, anisotropic material is shown with
principal hydraulic conductivities K, and K,. The hydraulic conductivity value K, for any direction of flow in an
anisotropic material can be found graphically if K, and K, are known. Also shown are two circles representing
the possible isotropic transformations for flow net construction (see text for explanation). In (b) the method for
determining the direction of flow in an anisotropic material at a specified point is shown. A line drawn in the
direction of the hydraulic gradient intersects the ellipse at point A. If a tangent is drawn to the ellipse at A, the
direction of flow is then found perpendicular to this tangent (point B).

graphical construction of the flow net follows from the transformation of the co-ordinates and
using the previous rules for homogeneous, isotropic material. The final step is to redraw the
flow net by inverting the scaling ratio to the original dimensions. If discharge quantities or
flow velocities are required, it is easiest to make these calculations in the transformed section
and applying the hydraulic conductivity value K’, found from:

K =K, K. eq. 7
In the absence of a transformation of the co-ordinate system, the direction of groundwater
flow at a point in an anisotropic material can be found using the construction shown in Fig.
2.21(b). A line drawn in the direction of the hydraulic gradient intersects the ellipse at point

continued on p. 50
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Fig. 2.22 Refraction of groundwater flow lines at a geological boundary.

\\

A. If a tangent is drawn to the ellipse at A, then the direction of flow is perpendicular to this
tangent line. For a further treatment of the topic of flow net construction, refer to Cedergren
(1967) and Freeze and Cherry (1979).

When groundwater flows across a geological boundary between two formations with
different values of hydraulic conductivity, the flow lines refract in an analogous way to light
passing between two materials. Unlike in the case of light that obeys a sine law, groundwater
refraction obeys a tangent law, as explained next.

In Fig. 2.22, a stream tube is shown with flow from a region with hydraulic conductivity
K; to a region with hydraulic conductivity K,, where K, > K;. Considering a stream tube of
unit depth perpendicular to the page, for steady flow, the inflow Q; must equal the outflow
Q,; then, from Darcy’s Law (eq. 2.7):
dh, dh,

=Ke— eq. 8

K
L dl,

where db, is the decrease in head across distance d/;, and db, is the decrease in head across
distance d,. In that d/; and dl, bound the same two equipotential lines, then dh; equals db;
and from a consideration of the geometry of Fig. 2.22, a = b.cos 6, and ¢ = b.cos 6,. Noting
that b/dl; = 1/sin 6, and b/dl, = 1/sin 6,, eq. 8 now becomes:

cosf; K cos0,

K = .9
! sin 0, g sin 6, ¢q

or

K, tan6,

i B L .10

K, tan0, 4

Equation 10 is the tangent law for the refraction of groundwater flow lines at a geological
boundary in heterogeneous material. In layered aquifer systems, as shown in Fig. 2.23, the

continued
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Fig. 2.23 Refraction of groundwater flow lines across a layered aquifer system.

outcome of the tangent law is that flow lines have longer, horizontal components of flow in
aquifer layers and shorter, vertical components of flow across intervening aquitards. The
aquifer layers act as conduits for groundwater flow. If the ratio of the aquifer to aquitard
hydraulic conductivities is greater than 100, then flow lines are almost horizontal in aquifer
layers and close to vertical across aquitards. This is commonly the case, as the values of
hydraulic conductivity of natural geological materials range over many orders of magnitude
(Table 2.1).

Vi Plan view

<«—— flow line
SF 10m

equipotential line

Fig. 2.24 Sketch map of the surface of the water table in an unconfined aquifer showing recharge and discharge areas and the
position of groundwater divides.
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Box 2.4 Potentiometric surface map of the London Basin

The recording of groundwater levels in wells and boreholes and their reference to a common
datum such as sea level is a basic requirement in hydrogeology. Maps of the water table or, more
correctly, the potentiometric surface assist in the management of groundwater resources by
enabling the identification of recharge and discharge areas and groundwater conditions. The
repeat mapping of an area enables the storage properties of the aquifer to be understood from
an examination of observed fluctuations in groundwater levels (Section 5.2). Potentiometric
surface maps can also be used as the basis for constructing a regional flow net (Box 2.3) and can
provide useful information on the hydraulic conductivity of the aquifer from inspection of the
gradients of the equipotential contour lines. A further important application is in groundwater
modelling where a high quality potentiometric surface map and associated observation borehole
hydrographs are necessary in developing a well-calibrated groundwater flow model.

A map of the potentiometric surface of the Chalk aquifer below the London Basin is shown
in Fig. 2.25 and illustrates a number of the above points. Areas of high groundwater level in

10
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« Groundwater observation point Contour on Chalk potentimetric surface

in metres above sea level

Fig. 2.25 Map of the potentiometric surface of the Chalk aquifer underlying the London Basin drawn from
observations made in January 1994. (Adapted from Lucas and Robinson 1995.)
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excess of 50m above sea level are present in unconfined areas where the Chalk is exposed on
the northern and southern rims of the synclinal basin. Here, the Chiltern Hills and North
Downs are the recharge areas for the London Basin, respectively. In the centre of the Basin,
the residual drawdown in Chalk groundwater levels due to earlier over-exploitation of the
aquifer (see Box 2.5) is clearly visible in the wide area where the Chalk potentiometric surface
is less than 10m below sea level. Additional disturbance of the regional groundwater level is
noticeable along the River Lea valley to the north of London where large abstractions have
disturbed the equipotential contours. To the east of Central London, the Chalk potentiometric
surface is at about sea level along the estuary of the River Thames and here saline water can
intrude the aquifer where the overlying Lower London Tertiaries and more recent deposits are

thin or absent.

2.8.3 Types of groundwater conditions

Groundwater conditions are strongly influenced
by the juxtaposition of lithological units and by
geological structure. The nature of aquifer geometry
can give rise to four basic types of groundwater
conditions, as depicted in Fig. 2.26, and also
determines the occurrence of springs. An unconfined
aquifer exists when a water table is developed that
separates the unsaturated zone above from the
saturated zone below. It is possible for an unconfined
aquifer to develop below the lower surface of an
aquitard layer. In this case, a concealed unconfined
aquifer is recognized.

In heterogeneous material, for example sedimentary
units containing intercalated lenses or layers of clay,
perched water table conditions can develop. As
shown in Fig. 2.27, above the regional water table
and within the unsaturated zone, a clay layer within
a sand matrix causes water to be held above the

Unconfined

lower permeability material creating a perched water
table. Because water table conditions occur where
groundwater is at atmospheric pressure, inverted
water tables occur at the base of the perched lens of
water in the clay layer and also below the ground
surface following a rainfall event in which water
infiltrates the soil zone.

A confined aquifer is contained between two
aquitards or aquicludes. Water held in a confined
aquifer is under pressure, such that groundwater in
a borehole penetrating a confined unit will rise to
alevel above the top of the aquifer. If the groundwater
level rises to the top of the borehole above ground
level and overflows, then an overflowing artesian
groundwater condition is encountered. If over-
abstraction of groundwater occurs from boreholes
exploiting a confined aquifer, the groundwater level
can be drawn down below the top of the aquifer such
that it becomes unconfined. As shown in Box 2.3,
this situation developed in the Chalk aquifer of the

Unconfined Confined Artesian

Fig. 2.26 Cross-section showing four
types of groundwater conditions. A
water table is developed where the
aquifer is unconfined or concealed and
a potentiometric surface is present
where the aquifer experiences confined
or artesian conditions.

(concealed)

Overflowing
borehole
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Fig. 2.27 Perched and inverted water table conditions developed within a sand aquifer containing clay lenses. An inverted water

table is also shown below the wetted ground surface in the soil zone.

Box 2.5 History of groundwater exploitation in the Chalk aquifer of the London Basin

The industrial revolution and associated population growth of Greater London resulted in a
large demand for water. With surface water resources becoming polluted, increasing use was
made of the substantial storage in the Cretaceous Chalk aquifer that underlies the London
Basin. The Chalk forms a gentle syncline with extensive outcrops to the south and north-west
of London (Fig. 2.28) and is confined by Tertiary strata, mainly Eocene London Clay. The
aquifer is recharged at outcrop by rainfall on the Chiltern Hills and North Downs. A component
of this water flows through the aquifer towards and along the easterly dipping axis of the
syncline. Prior to exploitation, this groundwater eventually discharged into the Thames estuary
in the Woolwich area via springs (Marsh and Davies 1983).

The first deep boreholes were sunk in the middle of the eighteenth century, and there was
rapid development from about 1820. At this time, as shown in Fig. 2a, an artesian situation
existed throughout much of the London Basin. The potentiometric surface of the Chalk aquifer
was typically at shallow depth and in low lying areas, such as the Hackney Marshes, water
seeped upwards to the surface. In Central London, the natural potentiometric surface was a
few metres above sea level (+7.5 m; Fig. 2.29a) creating artesian groundwater conditions. At
the start of the twentieth century, rest water levels in the borehole that at first supplied the

NW SE
Chiltern London North
in ﬂlcl)lg Eocene London Clay River Downs
9 Lower London Tertiaries Thames otford
7 I/River Gravel e
sé S e = —memmmmme e,
level e e e B B e S0 i e L D L L 2 o "
[T T
150 m Below sea level Rocks older than the Gault Clay

Fig. 2.28 Schematic geological section across the London Basin. The vertical scale is greatly exaggerated. (Based
upon Sherlock 1962. Reproduced by permission of the British Geological Survey.)
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Fig. 2.29 Maps of the Chalk potentiometric surface in London showing groundwater levels: (a) before
groundwater exploitation commenced in the early 1800s; and (b) in 1950. (Adapted from Marsh and Davies
1983.)
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Fig. 2.30 Variation in groundwater level at Trafalgar Square (borehole TQ28/119) showing the changes in
groundwater conditions in the Chalk aquifer below London. In the period before groundwater exploitation, the
natural potentiometric surface was near to ground surface at about 7.5m above sea level. At this time, the
Chalk aquifer was confined by the Eocene London Clay. By 1965, the groundwater level had declined to 83m
below sea level as a result of over-exploitation of the groundwater resource. The lower section of the Tertiary
strata includes sands of the Lower London Tertiaries which are in hydraulic continuity with the Chalk and these
extend the aquifer vertically. By 1900, the Chalk potentiometric surface was within these strata and the
groundwater condition had become semi-confined. For most of the twentieth century until the mid-1960s when
groundwater levels began to rise, the Chalk potentiometric surface was below the base of the Tertiary strata and
the groundwater condition was unconfined. (Adapted from Marsh and Davies 1983.)

fountains in Trafalgar Square under an artesian condition (Kirkaldy 1954) had declined to
60 m below sea level (Fig. 2.30), a drop of 40 m since the borehole was drilled in 1844, causing
the groundwater condition in the Chalk aquifer to change from confined to unconfined. The
decrease in hydraulic head caused a loss of yield from 2600m*day™ to 36 m*day™ by 1900.

By 1950, and over an area extending from the centre of London south-west to Richmond
(Fig. 2.29b), groundwater levels were more than 60 m below sea level over an area of 200km?.
In the 100 years up to 1950, groundwater abstractions are estimated to have increased from
9.0 x 10°m*a™! to 73.0 x 10°m>a~! (Marsh and Davies 1983).

continued
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The general decline in groundwater levels had a number of impacts on groundwater resources
in the London Basin, including a loss of yield and eventual failure of supply boreholes, and
saline water intrusion into the Chalk aquifer. Saline water was recorded as far west as Lambeth
in a zone 5 to 8km wide centred on the River Thames. As discussed in Box 2.8, falling
groundwater levels in a confined aquifer system can cause land subsidence, although the well-
consolidated nature of the marine London Clay formation prevented substantial compaction
in this case. Nevertheless, the overall settlement approached 0.2m in Central London over the
period 1865-1931 (Wilson and Grace 1942) as a consequence of the combined effects of
dewatering the aquifer system, heavy building development and the removal of fine sediment
during pumping from sand and gravel horizons.

An increasing awareness of the problems of over-abstraction from the Chalk aquifer together
with a reduction in industrial abstractions since 1945 has led to a virtual end to further aquifer
exploitation in London. Water supplies switched to piped supplies drawn predominantly from
reservoirs in the Thames and Lea reservoirs, or from major abstraction boreholes located
outside of Greater London. Since 19635, the reduction in groundwater abstraction has resulted
in commencement of a recovery of groundwater levels at a rate of about 1ma™ in the centre
of the cone of depression (Lucas and Robinson 1995; Fig. 5.30b). The re-saturation of the
Tertiary strata has implications for building structures because of increased hydrostatic pressure
on deep foundations and the flooding of tunnels constructed during the main period of
depressed groundwater levels between 1870 and 1970. To combat this problem it is recognized
that pumping will be required to control groundwater levels. Regional groundwater modelling
of the London Basin indicated that an additional 70 x 10°m’*day™ of pumping would be
necessary to control the rise in groundwater to an acceptable level assuming that existing
abstractions continued at their current level (Lucas and Robinson 1995). To be effective, much
of this abstraction would need to be concentrated in an area incorporating Central London
together with an extension eastwards along the River Thames where structural engineering
problems due to groundwater level rise are predicted (Simpson ez al. 1989).

London Basin as a result of over-abstraction of
groundwater to sustain the growth of London’s
industry and population from between the early
1800s and the early 1960s.

If the overlying geological unit behaves as an
aquitard then leakage of water to the underlying
aquifer can occur if a vertical hydraulic gradient
is developed across the aquitard-aquifer boundary.
This situation is commonly encountered where
fluvial or glacio-fluvial silts and sandy clays overlie
an aquifer and results in a semi-confined aquifer
condition.

A more complete regional hydrogeological inter-
pretation requires the combination and analysis of
mapped geological and geomorphological informa-
tion, surveyed groundwater level data and hydrogeo-
logical field observations. As an example of such an
integrated approach, groundwater conditions pre-

vailing in the Qu’Appelle Valley of Saskatchewan are
explained in Box 2.6. Interpretation of the relation-
ship between geology, groundwater occurrence
and potentiometric head distribution demonstrates
the connection between groundwater and spring-fed
lakes in this large glacial meltwater channel feature.

2.9 Transmissivity and storativity
of confined aquifers

For a confined aquifer of thickness, b, the
transmissivity, T, is defined as:

T=Kb eq. 2.23

and represents the rate at which water of a given
density and viscosity is transmitted through a unit
width of aquifer or aquitard under a unit hydraulic
gradient. Transmissivity has the units of L* T
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The storativity (or storage coefficient), S, of a
confined aquifer is defined as:

S=Sb eq. 2.24

where S; is the specific storage term, and represents
the volume of water that an aquifer releases from
storage per unit surface area of aquifer per unit
decline in the component of hydraulic head normal
to that surface (Fig. 2.33a). Storativity values are
dimensionless and range in value from 0.005 to
0.00005 such that large head changes over extensive
areas are required to produce significant yields from
confined aquifers.

2.9.1 Release of water from
confined aquifers

At the beginning of the last century, Meinzer and
Hard (1925) observed in a study of the Dakota
sandstone that more water was pumped from the
region than could be accounted for (as water was

pumped, a cone of depression developed and the rate
of abstraction decreased, but with no apparent effect
on groundwater levels in the recharge zone), such
that the water-bearing formation was demonstrating
elastic behaviour in releasing water from storage.
Later, in deriving the general partial differential
equation describing transient groundwater flow,
Jacob (1940) formally described the elastic behaviour
of porous rocks. There are two mechanisms that
explain how water is produced by confined aquifers:
the porosity of the aquifer is reduced by compaction
and groundwater is released; and the water itself
expands since water is slightly compressible.

As shown in Fig. 2.34, the total downward stress,
or, applied at the top of a confined aquifer is
supported by an upward effective stress, o,, on the
aquifer material and the water pressure contained in

the pore space, P,, such that:
or=0,+P, eq. 2.25

If the porewater pressure is decreased by groundwa-
ter pumping or by natural groundwater outflow, the

Valley, Saskatchewan

Box 2.6 Relationship between geology, geomorphology and groundwater in the Qu’Appelle

The Qu’Appelle Valley in southern Saskatchewan in Canada is a major landscape feature that
owes its origin to the continental glaciations of the Quaternary Period. During the advance of
the first glacier, the Hatfield Valley was cut into bedrock by glacial meltwater to a width of
20km from near the Manitoba border to Alberta. When the glacier advanced to the vicinity
of the Hatfield Valley, sands of the Empress Group were deposited and these now form a major
aquifer. A similar sequence of events occurred during the advance of the third glacier which
deposited the Floral Formation till. Meltwaters from this glacier cut the Muscow Valley, which
was then filled with silt, sand and gravel of the Echo Lake Gravel. The fourth and final ice
advance finally retreated from the Qu’Appelle area about 14000 years ago, leaving its own
distinctive till, the Battleford Formation, and other major landscape features.

The Qu’Appelle Valley was carved by meltwater issuing from the last retreating ice sheet,
draining eastwards to glacial Lake Agassiz through the ice marginal Qu’Appelle Spillway. As
the water continued eastwards through the spillway it cut a wide valley to a depth of 180m
into the underlying glacial deposits and bedrock. Where it crossed the buried Hatfield Valley
it cut into the sand deposits. Since the retreat of the glacier, the present Qu’Appelle Valley has
continued to fill with alluvial material derived from down-valley transport of sediment and
from the erosion of valley sides and adjacent uplands.

Presently, a number of freshwater lakes and the existence of tributary valleys owe their
existence to groundwater discharge and demonstrate the relationship between geology,

continued
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geomorphology and groundwater. To illustrate this relationship, the cross-section through the
Qu’Appelle Valley at Katepwa Provincial Park (Fig. 2.31) shows recharge from rainfall and
snowmelt on the adjacent prairie moving vertically downwards to the Echo Lake Gravel and
Empress Group, then horizontally through these more permeable deposits, before finally
moving vertically upwards to discharge into Katepwa Lake as underwater springs.

The evolution of the tributary valleys, as shown in Fig. 2.32, is linked to past and present
groundwater flow regimes. At the time the Qu’Appelle Valley was cut by glacial meltwater, the
water-bearing Echo Lake Gravel was penetrated, and large quantities of groundwater discharged
from this aquifer into the Qu’Appelle Valley in the form of major springs. It is conjectured
that discharging groundwater carried sand and gravel from the Echo Lake Gravel and, to a
lesser extent, from the Empress Group into the Qu’Appelle Valley, where part of it was swept
away by meltwater flowing through the Qu’Appelle Spillway. This loss of sand and gravel by
‘spring sapping’ caused the overlying till to collapse, forming a tributary valley, which developed
headwards along the path of maximum groundwater flow. Spring sapping forms short, wide
tributaries and accounts for the short, well-developed gullies observed in the valley sides that
deliver material to build the alluvial fans that today project into Katepwa Lake.
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Fig. 2.31 Schematic hydrogeological cross-section of the Qu'Appelle Valley at Katepwa Provincial Park,
Saskatchewan. (Adapted from Christiansen et al. 1981.)
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Fig. 2.32 Block diagram showing the final stage of evolution of tributary valleys and alluvial fans by spring
sapping in the Qu'Appelle Valley, Saskatchewan. (Adapted from Christiansen et al. 1981.)

stress on the aquifer material will increase causing it —dVz
to undergo compression. oo Vr
Compressibility is a material property that " do,

describes the change in volume (strain) induced in a
material under an applied stress and is the inverse of
the modulus of elasticity (equal to a change in stress
divided by a change in strain). The compressibility ~ effective stress do,.

of water, f3, is defined as:

where Vr is total volume of aquifer material and
dV1/Vy is volumetric strain for an induced change in

Now, with reference to eq. 2.27, for a reduction

in the total volume of aquifer material, dVy, the

—dv, amount of water produced by compaction of the
B= Vi eq. 2.26 aquifer, dV,, is:
dp,

. . de = —dVT = (XVTdO'e
where Pw 18 porewater pressure, Vw 1S Volume Of a

given mass of water and dV,/V,, is volumetric strain If the total stress does not change (dor = 0), then
for an induced stress dP,. For practical purposes, 8 from a knowledge that P,, = pgwand y=h - z (eq.
can be taken as a constant equal to 4.4 X 107"°m*N™"  2.22), with z remaining constant, then, using eq.
(or Pa™h). 2.25:

The compressibility of aquifer material, o, is

defined as: do, =0-pgdy = —pgdh
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Fig. 2.33 Schematic representation of storativity in (a) a confined aquifer (the storage coefficient) and (b) an unconfined aquifer

(the specific yield).
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Fig. 2.34 Total stress, effective stress and fluid pressure at the
top of a confined aquifer.

For a unit decline in hydraulic head, d» = -1, and
if unit volume is assumed (Vy = 1), then eq. 2.28
becomes:

dV, = a(l)(-pg)(-1) = apg

The water produced by the expansion of water is
found from eq. 2.26 thus:

= -BV,dP,

Recognizing that the volume of water, V,, in the total
unit volume of aquifer material, Vr, is 7V where n
is porosity, and that dP = pgdy or —pg for a unit
decline in hydraulic head (where w=h — z (eq. 2.22),

eq. 2.30

eq. 2.31
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with z remaining constant), then for unit volume, V;
=1, eq. 2.31 gives:

dV, =-PBn(l)(-pg) = Prpg

Finally, the volume of water that a unit volume of
aquifer releases from storage under a unit decline in
hydraulic head (the specific storage, S) is the sum of
the volumes of water produced by the two
mechanisms of compaction of the aquifer (eq. 2.30)
and expansion of the water (eq. 2.32) thus:

eq. 2.32

to 10"m?N™" for gravel and jointed rock (Table
2.2). These values indicate that a greater, largely
irrecoverable compaction is expected in a previously
unconsolidated clay aquitard, while smaller, elastic
deformations are likely in gravel or indurated
sedimentary aquifers. A possible consequence of
groundwater abstraction from confined aquifers is
ground subsidence following aquifer compaction,
especially in sand-clay aquifer-aquitard systems. A
notable example is the Central Valley in California

(Box 2.7).

Ss = opg + Pnpg = pglo+npP) eq. 2.33

In other words, groundwater pumped from a con-
fined aquifer does not represent a dewatering of the
physical pore space in the aquifer but, instead, results

. . Pearson Education, Inc.
from the secondary effects of aquifer compaction and )

Table 2.2 Range of values of compressibility. (Adapted from
Freeze and Cherry 1979. Reproduced with permission of

water expansion. As a consequence, for an equiva-

Compressibility, o (m?N~" or Pa™")

lent unit decline in hydraulic head, yields from con-

fined aquifers are much less than from unconfined  Clay 10°-10°®
aquifers. Hence, storage coefficient values of con- Sand 107-10"°
fined aquifers are much smaller than for unconfined ~ Gravel 10%-107"
aquifers. Jointed rock 10:2—10:*0
Values of material compressibility, ¢, range from sound rock 107107
Water (B) 4.4 x107°

107 to 10”m?N™" for clay and sand and from 107

Box 2.7 Land subsidence in the Central Valley, California

Agricultural production in the Central Valley of California is dependent on the availability of
water for irrigation. One-half of this irrigation water is supplied by groundwater and accounts
for 74% of California’s total abstractions and about 20% of the irrigation abstractions in the
United States (Williamson et al. 1989). Groundwater abstraction is especially important in dry
years when it supplements highly variable surface water supplies. In 1975, about 57% of the
total land area (5.2 x 10°ha) in the Central Valley was irrigated. The intensive agricultural
development during the past 100 years has had major impacts on the aquifer system.

The Central Valley is a large structural trough filled with marine sediments overlain by
continental deposits with an average total thickness of about 730m (Fig. 2.35). More than
half of the thickness of the continental deposits is composed of fine grained sediments. When
development began in the 1880s, flowing wells and marshes were found throughout most of
the Central Valley. The northern one-third of the valley, the Sacramento Valley, is considered
to be an unconfined aquifer with a water table and the southern two-thirds, the San Joaquin
Valley, as a two-layer aquifer system separated by a regional confining clay layer, the Pleistocene
Corcoran Clay. This clay layer is highly susceptible to compaction. Figure 2.35 is a conceptual
model of the hydrogeology of the Central Valley based on Williamson et al. (1989) who
considered the entire thickness of continental deposits to be one aquifer system that has varying
vertical leakance (ratio of vertical hydraulic conductivity to bed thickness) and confinement
depending on the proportion of fine grained sediments encountered.

continued
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Fig. 2.35 Conceptual model of the hydrogeology of the Central Valley of California. Before groundwater
development, water that recharged the aquifer at the valley margins moved downwards and laterally into the
aquifer system and then moved upwards to discharge at rivers and marshes along the valley axis. The entire
aquifer system is considered to be a single heterogeneous system in which vertically and horizontally scattered
lenses of fine grained materials provide increasing confinement with depth. (Adapted from Williamson et al.
1989.)

During 1961-1977, an average of 27 x 10°m*a™" of water was used for irrigation with about
one-half derived from groundwater. This amount of groundwater abstraction has caused water
levels to decline by in excess of 120 m in places (Fig. 2.36) resulting in the largest volume of
land subsidence in the world due to groundwater abstraction. Land subsidence has caused
problems such as cracks in roads and canal linings, changing slopes of water channels and
ruptured well casings.

From pre-development until 1977, the volume of water in aquifer storage declined by about
74 x 10°m?, with 49 x 10°m? from the water table zone, 21 x 10°m? from inelastic compaction
of fine grained sediments and 4 x 10°m?® from elastic storage. Elastic storage is a result of the
expansion of water and the compression of sediments resulting from a change in fluid pressure
(see Section 2.9.1). The estimated average elastic specific storage, S, (eq. 2.33),is 1 x 10°m™.
The inelastic compaction of fine grained sediments in the aquifer system caused by a decline
in the hydraulic head results in a reorientation of the grains and a reduction in pore space
within the compacted beds, thus releasing water. The volume of water released by compaction
is approximately equal to the volume of land subsidence observed at the surface. The loss of
pore space represents a permanent loss of storage capacity in the aquifer system. Even if water
levels were to recover to their previous highest position, the amount of water stored in the
aquifer system would be less than the amount stored prior to compaction. Inelastic compaction
means permanent compaction. This type of land subsidence represents a once only abstraction
of water from storage.

The cumulative volume of subsidence in the San Joaquin Valley is shown in Fig. 2.37. By
1970, the total volume of subsidence was 19 x 10°m?. Also included in Fig. 2.37 are cumulative
volumes of subsidence for each of the three major subsiding areas. The volume of subsidence
in the Los Banos-Kettleman City area (Area A in Fig. 2.36) accounted for nearly two-thirds

continued on p. 64
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Fig. 2.36 Map showing land subsidence in the Central Valley of California. (Adapted from Williamson et al.
1989.)

of the total volume of subsidence as of 1970. From 1970-75 there was little further subsidence
in this area because surface water imports from the California Aqueduct greatly reduced the
demand for groundwater. However, subsidence recurred during the drought of 1976-1977
owing to an increase in groundwater abstraction. The correlation between groundwater
abstraction and the volume of subsidence in the Los Banos-Kettleman City area is high,
indicating that about 43% of the water pumped from the lower pumped zone (at least 75 to
80% of the total) was derived from compaction of the fine grained sediments in the aquifer
system.

continued
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Fig. 2.37 Volumes of land subsidence in the major subsiding areas of the San Joaquin Valley and groundwater
abstraction in the Los Banos-Kettleman City area, 1925-1977. (Adapted from Williamson et al. 1989.)

Land subsidence continues to be a problem in some areas, although the areas of greater
subsidence have been controlled by importing surface water. In the late 1960s, the surface-
water delivery system began to route water from the wetter Sacramento Valley to the drier,
more heavily pumped San Joaquin Valley. The surface-water delivery system was fully functional
by the early 1970s, resulting in water-level recovery in the northern and western parts of the
San Joaquin Valley. Overall, the Tulare Basin part of the San Joaquin Valley (Area B in Fig.
2.36) is still showing dramatic declines in groundwater levels and accompanying increased
depletion of groundwater storage. Other than the large loss in storage in the Tulare Basin, on
average there has been little overall change in storage throughout the rest of the Central Valley
(Faunt 2009).

Climate variability has had profound effects on the Central Valley hydrologic system. For
example, the droughts of 1976-1977 and 1987-1992 led to reduced surface-water deliveries
and increased groundwater abstraction, thereby reversing the overall trend of groundwater-
level recovery and re-initiating land subsidence in the San Joaquin Valley. In areas where
groundwater pumping increases again, water levels can drop rapidly towards the previous lows
because of the loss of aquifer storage capacity that resulted from the previous compaction of
fine grained sediments. Since the mid-1990s, although annual surface-water deliveries generally
have exceeded groundwater abstraction, water is still being removed from storage in most
years in the Tulare Basin (Faunt 2009).

continued on p. 66
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From an analysis of data from the NASA Gravity Recovery and Climate Experiment
(GRACE) satellite mission (Section 7.4) to estimate water storage changes in California’s
Sacramento and San Joaquin River Basins for the 78-month period, October 2003 — March
2010, Famiglietti et al. (2011) found that groundwater storage in the basins decreased by 31.0
+2.7mma"!, which corresponds to a volume of 30.9km?® of water loss. As shown in Fig. 2.38,
there is an apparent break in the behaviour of groundwater storage variations. Beginning with
the drought in 2006, a steep decline in groundwater storage of 38.9 + 9.5mma™" (6.0km’a™)
occurred between April 2006 and March 2010, nearly as large as previous model-based
estimates of groundwater losses (Faunt 2009) during the two major droughts of the last 50
years. Reported groundwater losses during those periods were approximately 12.3km’*a™ from

1974-1976, and 8.2km*a™! from 1985-1989.

2.10 Transmissivity and specific yield
of unconfined aquifers

For an unconfined aquifer, the transmissivity is not
as well defined as in a confined aquifer, but eq. 2.23
can be applied with b now representing the saturated
thickness of the aquifer or the height of the water
table above the top of a lower aquitard boundary.
The transmissivity will, therefore, vary if there are
large seasonal fluctuations in the elevation of the
water table or if the saturated thickness of the aquifer
shows lateral variation as a result of an irregular
lower aquitard boundary or differences between
recharge and discharge areas in the same aquifer.
The storage term for an unconfined aquifer is
known as the specific yield, S,, (or the unconfined
storativity) and is that volume of water that an
unconfined aquifer releases from storage per unit
surface area of aquifer per unit decline in the water
table (see Fig. 2.33b), and is approximately equivalent

to the total porosity of a soil or rock (see Section
2.2). Specific yield is a dimensionless term and the
normal range is from 0.01 to 0.30. Relative to
confined aquifers, the higher values reflect the actual
dewatering of pore space as the water table is
lowered. Consequently, the same vyield can be
obtained from an unconfined aquifer with smaller
head changes over less extensive areas than can be
produced from a confined aquifer.

Although not commonly used, by combining the
aquifer properties of transmissivity (T or K) and
storativity (S or S,) it is possible to define a single
formation parameter, the hydraulic diffusivity, D,
defined as either:

D= T or K

S S
Aquifer formations with a large hydraulic diffusivity
respond quickly in transmitting changed hydraulic

conditions at one location to other regions in an

eq. 2.34



aquifer, for example in response to groundwater
abstraction.

2.11 Equations of groundwater flow

In this section, the mathematical derivation of the
steady-state and transient groundwater flow equa-
tions will be presented followed by a demonstration
of simple analytical solutions to groundwater flow
problems. Following from this, different scales of
flow systems are shown to exist in regional aquifer
systems.

Equations of groundwater flow are derived from
a consideration of the basic flow law, Darcy’s Law
(eq. 2.7), and an equation of continuity that
describes the conservation of fluid mass during flow
through a porous material. In the following treat-
ment, which derives from the classic paper by Jacob
(1950), steady-state and transient saturated flow
conditions are considered in turn. Under steady-state
conditions, the magnitude and direction of the flow
velocity at any point are constant with time. For
transient conditions, either the magnitude or direc-
tion of the flow velocity at any point may change
with time, or the potentiometric conditions may
change as groundwater either enters into or is
released from storage.

2.11.1 Steady-state saturated flow

First, consider the unit volume of a porous material
(the elemental control volume) depicted in Fig. 2.39.
The law of conservation of mass for steady-state flow
requires that the rate of fluid mass flow into
the control volume, pq (fluid density multiplied by
specific discharge across a unit cross-sectional area),
will be equal to the rate of fluid mass flow out of the
control volume, such that the incremental differences
in fluid mass flow, in each of the directions x, y, z,
sum to zero, thus:

A(pg. d
(pqx + AP pqx) + (pqy A0 pqy]
0x dy

d(pg.
+(pqz+7(§q )—pqzj=0
z

eq. 2.35

From eq. 2.35, the resulting equation of continu-
ity is:
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Fig. 2.39 Unit volume (elemental control volume) for flow
through porous material.

Ipg.) , Apa,) , Ipg:) _
dx dy 0z

If the fluid is incompressible, then density, p(x, y, z),
is constant and eq. 2.36 becomes:

eq. 2.36

99. 99,  9q.
x Ty P4z _
ox N dy " 0z

From Darcy’s Law, each of the specific discharge
terms can be expressed as:

oh oh oh

eq. 2.37

x:_Kxis :_Kvia z:_Kzi 2.

q E dy "3y q 92 eq. 2.38
and upon substitution in eq. 2.37:

ad oh\ 9 oh) 9 oh

—| K, — |+—| K, — |[+=—| Kz— |=0 .2.39
ax( ' ax)+8y( yay)+az( zazj “

For an isotropic and homogeneous porous material,
K, =K, =K, and K(x,y,z) = constant, respectively. By
substituting these two conditions in eq. 2.39 it can
be shown that:

*h 9*h 9*h
— =
ox*  dy* 922
Thus, the steady-state groundwater flow equation
is the Laplace equation and the solution h(x,y,z)
describes the value of the hydraulic head at any point
in a three-dimensional flow field. By solving eq. 2.40,
either in one- two- or three-dimensions depending on
the geometry of the groundwater flow problem under
consideration, a contoured equipotential map can be
produced and, with the addition of flow lines, a flow
net drawn (Box 2.3).

0 eq. 2.40
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2.11.2 Transient saturated flow

The law of conservation of mass for transient flow
in a saturated porous material requires that the net
rate of fluid mass flow into the control volume (Fig.
2.39) is equal to the time rate of change of fluid mass
storage within the control volume. The equation of
continuity is now:

Apa.) , 9pg,) , Apg.) _dpm) _ dp , on
ot

ox dy 0z ot ot
eq. 2.41

The first term on the right-hand side of eq. 2.41
describes the mass rate of water produced by
expansion of the water under a change in its density,
p, and is controlled by the compressibility of the
fluid, B. The second term is the mass rate of water
produced by the compaction of the porous material
as influenced by the change in its porosity, 7, and is
determined by the compressibility of the aquifer, .
Changes in fluid density and formation porosity are
both produced by a change in hydraulic head and
the volume of water produced by the two mechanisms
for a unit decline in head is the specific storage, S..
Hence, the time rate of change of fluid mass storage
within the control volume is:

oh
S, —
P ot

and eq. 2.41 becomes:

Apq.) , Apay) , Apg:) _ o Oh

0x dy 2w o

eq. 2.42

By expanding the terms on the left-hand side of eq.
2.42 using the chain rule (eliminating the smaller
density gradient terms compared with the larger
specific discharge gradient terms) and, at the same
time, inserting Darcy’s Law to define the specific
discharge terms, then:

2k, 2), 21 ), 2 B)5 2
ox dx/) dy dy) oz 0z ot
eq. 2.43

If the porous material is isotropic and homogeneous,
eq. 2.43 reduces to:

b *%h  0%h _S. db

AL eq. 2.44
a9 0 Ko d

or, expanding the specific storage term, S; (eq. 2.33):
*h 0*h 9’h _ pglo+np)ob

ol 9yl o K o
Equations 2.43, 2.44 and 2.45 are all transient
groundwater flow equations for saturated anisotropic
(eq. 2.43) and homogeneous and isotropic (eqs 2.44
and 2.45) porous material. The solution h(x,y,z,t)
describes the value of hydraulic head at any point in
a three-dimensional flow field at any time. A solution
requires knowledge of the three hydrogeological
parameters, K, o and 7, and the fluid parameters, p
and B. A simplification is to take the special case
of a horizontal confined aquifer of thickness, b,
storativity, S (= Sb), and transmissivity, T (=Kb), and
substitute in eq. 2.44, thus:
o*h 9*h S b

or, 9P _»o0ob

ox* 9y* T ot

The solution of this equation, h(x,y,t), describes the
hydraulic head at any point on a horizontal plane
through a horizontal aquifer at any time. A solution
requires knowledge of the aquifer parameters T and

S, both of which are measurable from field pumping
tests (see Section 6.8.2).

eq. 2.45

eq. 2.46

2.11.3 Transient unsaturated flow

A treatment of groundwater flow in unsaturated
porous material must incorporate the presence of an
air phase. The air phase will affect the degree of
connectivity between water-filled pores, and will
therefore influence the hydraulic conductivity. Unlike
in saturated material where the pore space is com-
pletely water-filled, in unsaturated material the
partial saturation of pore space, or moisture content
(6), means that the hydraulic conductivity is a func-
tion of the degree of saturation, K(6). Alternatively,
since the degree of moisture content will influence
the pressure head (y), the hydraulic conductivity is
also a function of the pressure head, K(y). In soil
physics, the degree of change in moisture content for
a change in pressure head (d6 /dy) is referred to as
the specific moisture capacity, C (the unsaturated
storage property of a soil), and can be empirically
derived from the slope of a soil characteristic curve
(see Section 5.4.1).

Returning to Fig. 2.39, for flow in an elemental
control volume that is partially saturated, the



equation of continuity must now express the time
rate of change of moisture content as well as the time
rate of change of storage due to water expansion and
aquifer compaction. The fluid mass storage term (pn)
in eq. 2.41 now becomes p6 and:
Apq.) , Apay)  Ipg:) _ Ap6) _p,9p 96
0x dy 0z ot ot ot
eq. 2.47

The first term on the right-hand side of eq. 2.47 is
insignificantly small and by inserting the unsaturated
form of Darcy’s Law, in which the hydraulic
conductivity is a function of the pressure head, K(y),
then eq. 2.47 becomes, upon cancelling the p terms:

d(. b\ a(. b\ (., .oby 00
k)2 )+ 2 k) 22 |+ 2 k22 =22
Bx( (W)ax)+8y( ("’)ay)+az( ("’)azj o

eq. 2.48

It is usual to quote eq. 2.48 in a form where the
independent variable is either 6 or w. Hence, noting
that b = z + y (eq. 2.22) and defining the specific
moisture capacity, C, as d6/dy, then:

G Ll = L C )
ax(K(W) 0x +8y Kw) dy +8z Kiw) 0z +l

oy
= Cly)=— .2.49
(W)w eq

This equation (eq. 2.49) is the y-based transient
unsaturated flow equation for porous material and
is known as the Richards equation. The solution y(x,
y, z, t) describes the pressure head at any point in a
flow field at any time. It can be easily converted into
a hydraulic head solution h(x, y, z, #) through the
relation b = z + v (eq. 2.22). To be able to provide
a solution to the Richards equation it is necessary to
know the characteristic curves K(y) and C(y) or 6(w)
(Section 5.4.1).

2.12 Analytical solution of
one-dimensional groundwater
flow problems

The three basic steps involved in the mathematical
analysis of groundwater flow problems are the same
whatever the level of mathematical difficulty and
are: (1) conceptualizing the problem; (2) finding a
solution; and (3) evaluating the solution (Rushton
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2003). Simple one-dimensional problems can be
solved using ordinary differential and integral
calculus. Two-dimensional problems or transient
(time-variant) flow problems require the use of
partial derivatives and more advanced calculus.

In conceptualizing the groundwater flow problem,
the basic geometry should be sketched and the
aquifers, aquitards and aquicludes defined.
Simplifying assumptions, for example concerning
isotropic and homogeneous hydraulic conductivity,
should be stated and, if possible, the number of
dimensions reduced (for example, consider only the
horizontal component of flow or look for radial
symmetry or approximately parallel flow). If the
groundwater flow is confined, then a mathematically
linear solution results which can be combined to
represent more complex situations. Unconfined
situations produce higher order equations.

As a first step, an equation of continuity is written
to express conservation of fluid mass. For incom-
pressible fluids this is equivalent to conservation of
fluid volume. Water is only very slightly compressi-
ble, so conservation of volume is a reasonable
approximation. By combining the equation of con-
tinuity with a flow law, normally Darcy’s Law, and
writing down equations that specify the known
conditions at the boundaries of the aquifer, or at
specified points (for example, a well), provides a
general differential equation for the specified system.
Solving the problem consists of finding an equation
(or equations) which describes the system and
satisfies both the differential equation and the
boundary conditions. By integrating the differential
equation, the resulting equation is the general
solution. If the constants of integration are found by
applying the boundary conditions, then a specific
solution to the problem is obtained (for examples,
see Box 2.8).

The final step in the mathematical analysis is the
evaluation of the solution. The specific solution is
normally an equation that relates groundwater head
to position and to parameters contained in the
problem such as hydraulic conductivity, or such
factors as the discharge rate of wells. By inserting
numerical values for the parameters, the solution can
be used to evaluate groundwater head in terms of
position in the co-ordinate system. The results might
be expressed as a graph or contour diagram, or as a
predicted value of head for a specified point.



70  Hydrogeology: Principles and Practice

Box 2.8 Examples of analytical solutions to one-dimensional groundwater flow problems

To illustrate the basic steps involved in the mathematical analysis of groundwater flow
problems, consider the one-dimensional flow problem shown in Fig. 2.40 for a confined aquifer
with thickness, b. The total flow at any point in the horizontal (x) direction is given by the
equation of continuity of flow:

O=qb eq. 1
where g, the flow per unit width (specific discharge), is found from Darcy’s Law:
dh
__pdh .2
q x eq

where x increases in the direction of flow. Combining eqs 1 and 2 gives the general differential
equation:

O= —Kb@ eq. 3
dx
By integrating eq. 3, it is possible to express the groundwater head, b, in terms of x and Q:
__[C
[an= ijb
.'.h:—K%)x+c eq. 4

c is the constant of integration and can be determined by use of a supplementary equation
expressing a known combination of » and x. For example, for the boundary condition x = 0,
b = by and by applying this condition to eq. 4 gives:

hoz—%'()‘FC

o C:ho

which gives the solution:

h:ho—%x eq.5

Section (x,z plane)

hLV‘
P )
Aquiclude 2entiometric g, ¢
(K =0) ace h
77 No flow boundary 7/ D
z
Aquifer
I ® —» Q(x) Thickness, b
”No flow boundary
| Aquiclude |
L, %= !
X
x=0 x=D

Fig. 2.40 Definition sketch of steady flow through a uniform thickness, homogeneous confined aquifer.
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The specific solution given in eq. 5 relates % to location, x, in terms of two parameters, Q and
Kb (transmissivity), and one boundary value, b,. The solution is the equation of a straight line
and predicts the position of the potentiometric surface as shown in Fig. 2.40. Also note, by
introducing a new pair of values of x where b is known, for example x = D, h = b, we can
use the following equation to evaluate the parameter combination Q/Kb since:

QO _h-h

.6
Kb D “d

If we know Kb, we can find Q, or vice versa.

As a further example, the following groundwater flow problem provides an analytical
solution to the situation of a confined aquifer receiving constant recharge, or leakage. A
conceptualization of the problem is shown in Fig. 2.41 and it should be noted that recharge,
W, at the upper boundary of the aquifer is assumed to be constant everywhere.

Between x = 0 and x = L, continuity and flow equations can be written as:

O=W(L-x) eq. 7
0= Kb@ eq. 8
dx
and between x = L and x = D:
O=W(kx-1L) eq. 9
Q= —Kb% eq. 10
dx
By combining the first pair of equations (eqs 7 and 8) between x = 0 and x = L and integrating;:
kb —w(L - x)
dx
w
jd/a - jK—b(L—x)dx
2
.'.h:%(Lx—%)+c eq. 11
dhgy= 0
i v php

ho—2 |

Recharge (w)

vd v
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— X

Fig. 2.41 Definition sketch of steady flow through a uniform thickness, homogeneous confined aquifer with
constant recharge.
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for the boundary condition x = 0, b = b, then the constant of integration ¢ = h, and the
following partial solution is found:

2
h—h():K(Lx—%) eq. 12

Note that in eq. 12 the position of the divide, L, appears as a parameter. We can eliminate L
by invoking a second boundary condition, x = D, b = hp and rearranging eq. 12 such that:

1= Kby —h) D

.13
W D 2 «
By substituting L found from eq. 13 into eq. 12 we obtain the specific solution:
(hD - ho) W 2
h—hy=x—"+—(Dx— .14
o =X D 7K b( X —x7) eq

Thus, the potentiometric surface in a confined aquifer with constant transmissivity and constant
recharge is described by a parabola as shown in Fig. 2.41.

To obtain a solution to simple one-dimensional groundwater flow problems in unconfined
aquifers, it is necessary to adopt the Dupuit assumptions that in any vertical section the flow
is horizontal, the flow is uniform over the depth of flow and the flow velocities are proportional
to the slope of the water table and the saturated depth. The last assumption is reasonable for
small slopes of the water table. From a consideration of flow and continuity, and with reference
to Fig. 2.42, the discharge per unit width, Q, for any given vertical section is found from:

O= —Kh% eq. 15
x

and integrating:

Qx=—§h2+c eq. 16

For the boundary condition x = 0, b = by, we obtain the following specific solution known as
the Dupuit equation:

Q:E(hg_hl) eq. 17
2x

Ground surface

he2 /idual water table Computed
\\\\/\ water table | Seepage
Aquifer \)ace
K ~N—2—ho
Q h
7
x=0 Impermeable base x=D

Fig. 2.42 Definition sketch of steady flow in a homogeneous unconfined aquifer between two water bodies
with vertical boundaries.
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The Dupuit equation therefore predicts that the water table is a parabolic shape. In the
direction of flow, the curvature of the water table, as predicted by eq. 17, increases. As a
consequence, the two Dupuit assumptions become poor approximations to the actual
groundwater flow and the actual water table increasingly deviates from the computed position
as shown in Fig. 2.42. The reason for this difference is that the Dupuit flows are all assumed
horizontal whereas the actual velocities of the same magnitude have a vertical downward
component so that a greater saturated thickness is required for the same discharge. As indicated
in Fig. 2.42, the water table actually approaches the right-hand boundary tangentially above
the water body surface and forms a seepage face. However, this discrepancy aside, the Dupuit
equation accurately determines heads for given values of boundary heads, Q and K.

As a final example, Fig. 2.43 shows steady flow to two parallel stream channels from an
unconfined aquifer with continuous recharge applied uniformly over the aquifer. The stream
channels are idealized as two long parallel streams completely penetrating the aquifer. Adopting
the Dupuit assumptions, the flow per unit width is given by eq. 15 and from continuity:

O=Wx eq. 18

By combining egs 15 and 18, then integrating and setting the boundary condition x =a, b = b,,
the following specific solution is obtained:

hzzh§+%(a2—x2) eq. 19

From symmetry and continuity, the baseflow entering each stream per unit width of channel
is equal to 2aW. If b is known at any point, then the baseflow or recharge rate can be computed
provided the hydraulic conductivity is known. This type of analysis has been applied to the
design of parallel drains on agricultural soils to calculate the necessary spacing for specified
soil, crop and irrigation conditions. A reappraisal of techniques used to analyse the horizontal
flow of water to tile drains that also separate the external boundary of the water table from
the internal boundary of the tile drain is given by Khan and Rushton (1996).

Recharge (w)

Lo dsomdsee | 1 1|

Water table

\1/ 3

X Q\ hs

Aquifer

4

s/
/r Impermeable base
Stream Stream

channel — =X channel

Fig. 2.43 Definition sketch of steady flow to two parallel streams from a homogeneous unconfined aquifer with
constant recharge.
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2.13 Groundwater flow patterns

Preceding sections in this chapter have introduced
the fundamental principles governing the existence
and movement of groundwater, culminating in the
derivation of the governing groundwater flow
equations for steady-state, transient and unsaturated
flow conditions. Within the water or hydrological
cycle, groundwater flow patterns are influenced by
geological factors such as differences in aquifer
lithologies and structure of confining strata. A further
influence of groundwater flow, other than aquifer
heterogeneity, is the topography of the ground
surface. Topography is a major influence on
groundwater flow at local, intermediate and regional
scales. The elevation of recharge areas in areas of
aquifer outcrop, the degree to which river systems
incise the landscape and the location and extent of
lowland areas experiencing groundwater discharge
determine the overall configuration of groundwater
flow. As shown by Freeze and Witherspoon (1967),
the relative positions and difference in elevation of
recharge and discharge areas determine the hydraulic
gradients and the length of groundwater flowpaths.

To understand the influence of topography,
consider the groundwater flow net shown in Fig.
2.44 for a two-dimensional vertical cross-section
through a homogeneous, isotropic aquifer. The
section shows a single valley bounded by groundwater

Groundwater
divide

Water table
/Ground surface

divides and an impermeable aquifer base. The water
table is a subdued replica of the topography of the
valley sides. The steady-state equipotential and
groundwater flow lines are drawn using the rules for
flow net analysis introduced in Box 2.3. It is obvious
from the flow net that groundwater flow occurs from
the recharge areas on the valley sides to the discharge
area in the valley bottom. The hinge line separating
the recharge from the discharge areas is also marked
in Fig. 2.44. For most common topographic profiles,
hinge lines are positioned closer to valley bottoms
than to catchment divides with discharge areas
commonly comprising only 5-30% of the catchment
area (Freeze and Cherry 1979).

At the regional scale, the water table can be
differentiated into two types: topography-controlled
water tables where the water-table elevation is closely
associated with topography; and recharge-controlled
water tables that are largely disconnected from
topography (Haitjema and Mitchell-Bruker 2005).
Recharge-controlled water tables are expected in
arid regions with mountainous topography and
high hydraulic conductivity, whereas topography-
controlled water tables are expected in humid regions
with subdued topography and low hydraulic
conductivity (Haitjema and Mitchell-Bruker 2005).
The water table depth is generally deeper and more
variable in the case of recharge-controlled water
tables. In mountainous regions, numerical model

Hinge line

Aquifer base

Fig. 2.44 Groundwater flow net for a two-dimensional vertical cross-section through a homogeneous, isotropic aquifer with a

symmetrical valley topography.
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Fig. 2.45 Diagram showing the influence of hummocky topography in producing local, intermediate and regional groundwater
flow systems. (Adapted from Téth 1963. Reproduced with permission of John Wiley & Sons.)

simulations suggest that regional groundwater flow
(generally 10-1000km in extent between surface
water divides) is limited with topography-controlled
water tables but can be significant in regions with
recharge-controlled water tables (Gleeson and
Manning 2008). In an analysis of the contiguous
United States, Gleeson et al. (2011) identified regions
with recharge-controlled water tables, for example
the Southwest or Rocky Mountains, where water
tables depths are generally greater and more variable,
and where regional groundwater flow is more
important as a percentage of the catchment water
budget. Gleeson et al. (2011) also showed that water
table depths are generally shallow and less variable,
and regional groundwater flow limited in areas with
topography-controlled water tables such as the
Northeast of the United States.

Returning to the boundary-value problem repre-
sented by the flow net shown in Fig. 2.44, Téth
(1963) determined an analytical expression for the
hydraulic head in the flow field for simple situations
of an inclined water table of constant slope and
cases in which a sine curve is superimposed on the
incline to represent hummocky topography. Freeze
and Witherspoon (1967) developed this mathemati-
cal approach further by employing numerical simu-

lations to examine the effects of topography and
geology on the nature of regional groundwater flow
patterns. As illustrated in Fig. 2.45, T6th (1963)
proposed that it is possible to differentiate between
local, intermediate and regional groundwater flow
systems. Téth (1963) further showed that as the
ratio of depth to lateral extent of the entire aquifer
system becomes smaller and as the amplitude of the
hummocks becomes larger, the local flow systems
are more likely to reach the aquifer base, thus creat-
ing a series of small groundwater flow cells. In
general, where the local topography is subdued,
only regional systems develop compared to areas
of pronounced local relief where only local flow
systems develop. Groundwater flow in the local
and intermediate systems moves relatively quickly
along short flowpaths and discharges as baseflow
to streams at the local scale and rivers at the
intermediate scale. The regional component of
groundwater flow has a relatively long residence
time and follows long flowpaths before discharging
to major rivers. Field examples of regional-scale
and continental-scale groundwater flow systems are
given in Boxes 2.9 and 2.10 and illustrate the com-
bined influence of geology and topography on
groundwater flow.
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Box 2.9 Regional groundwater flow in the Lincolnshire Limestone aquifer, England

The Lincolnshire Limestone aquifer in eastern England is part of a relatively uniform
stratigraphical succession of Jurassic strata that dip 1-2° to the east. The pattern of recharge
and groundwater flow in the aquifer is influenced by various geological and hydrological
controls as shown in the schematic cross-section of Fig. 2.46. The Upper Lias Clay forms an
effective impermeable base to the limestone aquifer. In the west of the section, the limestone
is 6-8km wide at outcrop. Formations overlying the limestone have a significant effect on
surface water and groundwater flows since they form an alternating sequence of limestone
aquifer units and confining beds of low permeability consisting of clays, shales and marls. The
uppermost deposits of the confining strata include the Oxford Clay that extends to the east of
the area where the continuation of the limestone below the Lincolnshire Fens is uncertain.
Quaternary glacial deposits consisting mainly of boulder clay (glacial till) and sands and gravels
occur in the west of the area and also in west-east drainage channels.

From a consideration of catchment water balances (Section 8.2.1) and the use of numerical
modelling, Rushton and Tomlinson (1999) showed that recharge to the Lincolnshire Limestone
aquifer occurs as direct recharge in the western outcrop area and as runoff recharge and
downward leakage from the low permeability boulder clay and confining strata. The boulder
clay produces large volumes of runoff which commonly recharges the limestone through the
many swallow holes that occur at the edge of the boulder clay. In places, the West Glen River
and East Glen River incise the confining strata and provide a mechanism for localized
groundwater discharge from the limestone aquifer. Further east, the groundwater potentiometric
surface is above the top of the aquifer, with overflowing artesian conditions developed in the
Fens. In this region of the aquifer, slow upward leakage of the regionally extensive groundwater
flow system is expected, although the large volumes of groundwater abstracted in recent years
for public water supply has disrupted the natural flow patterns and drawn modern recharge
water further into the confined aquifer.

West East
(outcrop) (The Fens)
120 Glacial till Confining strata

DlR dl||||"||“|||l||- Ri (Clays with limestones)
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Fig. 2.46 Schematic cross-section of the Lincolnshire Limestone aquifer in eastern England showing mechanisms
of groundwater recharge and directions of local and regional groundwater flow. (Adapted from Rushton and
Tomlinson 1999.)
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Box 2.10 Large-scale groundwater flow in the Great Artesian Basin, Australia

The Great Artesian Basin covers an area of 1.7 x 10°km? or about one-fifth of the Australian
continent (Fig. 2.47) and is one of the world’s largest artesian groundwater basins. The Basin
underlies arid and semi-arid regions where surface water is sparse and unreliable. Discovery
of the Basin’s artesian groundwater resources in 1878 made settlement possible and led to the
development of an important pastoral industry. Farming and public water supplies, and
increasingly the mining and petroleum industries, are largely or totally dependent on the Basin’s
artesian groundwater (Habermehl 1980; Habermehl and Lau 1997).

The Basin consists of a multi-layered confined aquifer system, with aquifers occurring in
continental quartzose sandstones of Triassic, Jurassic and Cretaceous age and ranging in
thickness from several metres to several hundreds of metres. The intervening confining beds
consist of siltstone and mudstone, with the main confining unit formed by a sequence of
argillaceous Cretaceous sediments of marine origin (Fig. 2.48). Basin sediments are up to
3000 m thick and form a large synclinal structure, uplifted and exposed along its eastern margin
and tilted towards the southwest (Fig. 2.49).

Groundwater recharge occurs mainly in the eastern marginal zone on the western slope of
the Great Dividing Range in an area of relatively high rainfall (median annual rainfall >500 mm)
and large-scale regional groundwater movement is predominantly towards the southwestern,
western and southern discharge margins, as well as a component northwards (Fig. 2.50).
Recharge also occurs along the western margin of the Basin and in the arid centre of the

Northern
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Western
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Melboume
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Fig. 2.47 Map of the location and extent of the Great Artesian Basin, Australia. (Adapted from Habermehl
1980.)

Great Artesian Basin
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Fig. 2.48 Map showing lateral extent of hydrogeological units forming the Great Artesian Basin. (Adapted from
Habermehl 1980.)

continent with groundwater flow towards the southwestern discharge margin. Natural
groundwater discharge occurs as groups of springs (Fig. 2.50; Plates 2.1 and 2.2) that are
commonly characterized by conical mounds of clayey and/or sandy sediments overlain by
carbonates which range in height and diameter from a few metres to tens of metres and up to
several metres high, some with water-filled craters (Habermehl 1980; Prescott and Habermehl
2008). Diffuse discharge also occurs from the artesian aquifers near the Basin margins where
the overlying confining beds are thin. The location of many springs appears to be fault-
controlled with others present where aquifers abut low permeability basement rocks or where
only thin confining beds are present. The ages of spring mound deposits established by
luminescence dating of quartz sand grains that have been incorporated in the mound deposits
cover a time range from modern to more than 700 ka, with the luminescence ages corresponding

continued
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Fig. 2.49 Simplified cross-section of the Great Artesian Basin showing the position of major aquifer and
confining units (see Fig. 2.48 for location of section A-A’). (Adapted from Habermehl 1980.)

with wetter hydrological conditions during Pleistocene interglacial periods (Prescott and
Habermehl 2008).

The potentiometric surface of the Triassic, Jurassic and Lower Cretaceous confined aquifers
is still above ground level in most areas (Fig. 2.49) despite considerable lowering of heads due
to extensive groundwater development since the 1880s. Groundwater levels in the confined
aquifer in the upper part of the Cretaceous sequence have always been below ground level
throughout most of the Basin area and development of these non-flowing artesian aquifers
requires the installation of pumping equipment. Transmissivity values of the main aquifers in
the Lower Cretaceous-Jurassic sequence, from which most overflowing artesian groundwater
is obtained, are typically several tens to several hundreds of m?day'. Average groundwater
flow rates in the eastern and western parts of the Basin range from 1-5ma™ based on hydraulic
data and radiometric dating using carbon-14 and chlorine-36 radioisotopes, and yield residence
times from several thousands of years near the marginal recharge areas to more than one
million years near the centre of the Basin (for further discussion see Section 5.4.3 and Bentley
et al. 1986; Love et al. 2000).

Groundwater in the most widely exploited artesian aquifers in the Lower Cretaceous-Jurassic
sequence generally contains between 500 and 1000 mg L™ of total dissolved solids, predominantly

continued on p. 80
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Fig. 2.50 Map showing areas of recharge and natural spring discharge together with the directions of regional
groundwater flow. (Adapted from Habermehl 1980.)

as sodium and bicarbonate ions. Water quality improves with increasing depth of aquifers in
the sequence and on the whole the groundwater is suitable for domestic and stock use, although
it is generally unsuitable for irrigation use due to the high sodium concentration and its
chemical incompatibility with the montmorillonite clay soils. Groundwater from aquifers in
the upper part of the Cretaceous sequence has a higher salinity.

The exploitation and management of the groundwater resources from the Great Artesian
Basin must take account of the artesian springs and spring mound deposits given their
ecological and biodiversity significance, as well as their Aboriginal and European cultural
heritage values. For example, the springs in northern South Australia largely determined the
location of early pastoral settlements and the location of the Overland Telegraph Line from
Adelaide to Darwin. Also, the original railway line from Marree to Oodnadatta and Alice
Springs followed the springs, which were the only permanent sources of water in this desert
region (Harris 1981).




2.14 Classification of springs and
intermittent streams

The classification of springs has been discussed from
as early as Bryan (1919) who recognized the following
types: volcanic, fissure, depression, contact, artesian
and springs in impervious rock. Simply defined,
springs represent the termination of underground
flow systems and mark the point at which fluvial
processes become dominant. The vertical position of
the spring marks the elevation of the water table or
a minimum elevation of the potentiometric surface
at the point of discharge from the aquifer. The
influence which springs exert on the aquifers they
drain depends principally upon the topographic and
structural context of the spring. Ford and Williams
(1989) discussed hydrogeological controls on springs
and recognized three principle types of springs (free
draining, dammed and confined), principally in
relation to karst aquifers in which some of the
world’s largest springs occur (Table 2.3).

With reference to Fig. 2.51, free draining springs
experience groundwater discharge under the influence
of gravity and are entirely or dominantly in the
unsaturated (vadose) zone. Dammed springs are a
common type and result from the location of a major
barrier in the path of the underground drainage. The
barrier may be caused by another lithology, either
faulted or in conformable contact, or be caused by
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valley aggradation, such as by the deposition of
glacial deposits. The denser salt water of the sea also
forms a barrier to submarine groundwater discharge
of freshwater. In each case, temporary overflow
springs may form at times of higher water table
elevation. Confined springs arise where artesian
conditions are caused by an overlying impervious
formation. Fault planes occasionally provide a
discharge route for the confined groundwater as in
the case of the Bath thermal springs (Box 2.11) and
the example of the Permian Magnesian Limestones
in South Yorkshire (Fig. 2.55). Elsewhere, the
groundwater escapes where the overlying strata are
removed by erosion. Since the emerging water is
usually rapidly equilibrating to atmospheric pressure,
dissolved gases can create a ‘boiling’ appearance
within the spring pool.

In rivers that flow over an aquifer outcrop, both
influent and effluent conditions can develop depend-
ing on the position of the water table in relation to
the elevation of the river bed. With the seasonal
fluctuation of the water table, the sections of river
that receive groundwater discharge in addition to
surface runoff will also vary. A good example of this
type of river, are the intermittent streams that appear
over areas of Chalk outcrop in southern England. In
these areas, the low specific yield of the Chalk aquifer
causes large fluctuations in the position of the water
table between the summer and winter and, therefore,

Table 2.3 Discharges of 10 of the world's largest karst springs. (Adapted from Ford and Williams 1989. Reproduced with

permission from Springer Science+Business Media.)

Discharge (m?s™)

Spring Mean Max Min Basin area (km?)
Matali, Papua New Guinea 90 >240 20 350
Bussento, Italy - 117 76 -
Dumanli*, Turkey 50 - 25 2800
Trebisnijca, Bosnia-Herzegovina 50 250 3 -
Chingshui, China 33 390 4 1040
Vaucluse, France 29 200 4.5 2100
Frio, Mexico 28 515 6 >10007?
Silver, USA 23.25 36.5 15.3 1900
Waikoropupu, New Zealand 15 21 5.3 450
Maligne, Canada 13.5 45 1 730

*Dumanli spring is the largest of a group of springs that collectively yield a mean flow of 125-130m3s™" at the surface of the

Manavgat River
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Fig. 2.51 Types of springs. (Adapted from Ford and Williams 1989. Reproduced with permission of Springer Science+Business
Media.)

Box 2.11 The thermal springs of Bath, England

The thermal springs at Bath in the west of England are the principal occurrence of thermal
springs in the British Isles and have been exploited for at least the past 2000 years. The springs
have temperatures of 44-47°C with an apparently constant flow of 15Ls™. Three springs, the
King’s (Fig. 2.52), Cross and Hetling Springs, issue from what were probably once pools on
a floodplain terrace on the River Avon, in the centre of Bath. A succession of buildings has
been constructed over the springs, beginning with the Roman Baths and temple of the first

century AD (Fig. 2.53). Further details and an account of the hydrogeology of the thermal
springs are given by Atkinson and Davison (2002).

continued
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Fig. 2.53 The overflow of thermal spring water adjacent to the King’s Bath shown in Fig. 2.52.

The origin of the thermal waters has been subject to various investigations. Andrews et al.
(1982) examined the geochemistry of the hot springs and other groundwaters in the region,
and demonstrated that they are of meteoric origin. The silica content indicates that the thermal
waters attain a maximum temperature between 64°C and 96°C, the uncertainty depending on
whether chalcedony or quartz controls the silica solubility. Using an estimated geothermal
gradient of 20°C km™', Andrews et al. (1982) calculated a circulation depth for the water of
between 2.7 and 4.3km from these temperatures. The natural groundwater head beneath
central Bath is about 27-28 m above sea level, compared with normal spring pool levels at

continued on p. 84
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about 20m. For this head to develop, Burgess et al. (1980) argued that the recharge area is
most likely the Carboniferous limestone outcrop in the Mendip Hills (see Section 2.6.2),
15-20km south and south-west of Bath, in order to drive recharge down along a permeable
pathway and then up a possible thrust fault to the springs themselves. The structural basin
containing the Carboniferous limestone lies at depths exceeding 2.7km at the centre of the
basin, sufficient for groundwater to acquire the necessary temperature indicated by its silica
content. This ‘Mendips Model’ for the origin of the Bath hot springs is summarized by Andrews
et al. (1982) and shown in Fig. 2.54.

Mendip Hills Bath
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Fig. 2.54 Conceptual model for the origin of the Bath thermal springs. The numbers shown in squares indicate:
(1) recharge (9-10°C) at the Carboniferous limestone/Devonian sandstone outcrop on the Mendip Hills; (2) flow
down-dip and downgradient; (3) possible downward leakage from Upper Carboniferous Coal Measures; (4)
possible leakage of very old *He-bearing groundwater from Devonian sandstone and Lower Palaeozoic strata; (5)
storage and chemical equilibration within the Carboniferous limestone at 64-96°C; (6) rapid ascent, probably
along Variscan thrust faults re-activated by Mesozoic tectonic extension; (7) lateral spread of thermal water into
Permo-Triassic strata at Bath; and (8) discharge of the thermal springs at Bath (46.5°C). (Adapted from Andrews et al.
1982. Reproduced with permission from Nature Publishing.)

in the length of the intermittent streams. The inter-
mittent streams, or Chalk bournes or winterbournes
as they are known, flow for part of the year, usually
during or after the season of most precipitation. An
example is the River Bourne located in the north-east
of Salisbury Plain as shown in Fig. 2.56(a). In this
area of undulating Chalk downland in central south-

ern England, the intermittent section of the River
Bourne is 10 km in length until the point of the per-
ennial stream head is met below which the Chalk
water table permanently intersects the river bed. In
drought years, the intermittent section may remain
dry while in wet years, such as shown in Fig. 2.56(b),
the upper reaches sustain a bank full discharge.
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Fig. 2.55 (a) Geological section at Gale Common, South Yorkshire showing a spring line at the position of a normal fault that acts
as a barrier to groundwater movement. The existence of the fault causes groundwater flow through the overlying Upper Permian
Marl via a zone of enhanced permeability. (b) Springs from Permian Magnesian Limestones appearing through Quaternary deposits
at Gale Common, South Yorkshire. For scale, a camera lens cap is shown to the right of the spring pool.
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Fig. 2.56 (a) Hydrogeological map of the north-east of Salisbury Plain showing the intermittent and perennial sections of the River
Bourne. Position A is the site of the photograph shown in (b) located at Collingbourne Kingston and looking north in December 2002.
The river bed is covered by lesser water parsnip Berula erecta, a plant that proliferates in still to medium flows of base-rich water.
Hydrogeological information based on the British Geological Survey (1978); plant species identification using Haslam et al. (1975).

2.15 Transboundary aquifer systems

A transboundary aquifer system is recognized when
a natural groundwater flowpath is intersected by
an international boundary, such that water trans-

fers from one side of the boundary to the other
(Fig. 2.57). In many cases, the aquifer may receive
the majority of its recharge on one side of the bound-
ary, and the majority of its discharge on the other.
The subsurface flow system at the international bound-
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Fig. 2.57 Schematic illustration of a transboundary aquifer. (Adapted from Puri et al. 2001.)

ary itself can be visualized to include regional, as well
as the local movement of water. In hydrogeological
terms, these shared resources can only be estimated
through good observations and measurements of
selected hydrologic parameters, such as precipita-
tion, groundwater levels, stream flow, evapotranspi-
ration and water use. Therefore, a monitoring
programme should aim to provide the data essential to
generate a conceptual and quantitative understand-
ing of the status of a transboundary aquifer system.

Since the year 2000, UNESCO?’s Internationally
Shared Aquifer Resources Management programme
(ISARM, www.isarm.org) has been participating in
the establishment of a groundwater database and the
presentation of a detailed map of transboundary
aquifers (see Plate 2.3). According to UNESCO
(2006), the inventory comprised 273 shared aquifers:
68 on the American continent, 38 in Africa, 65 in
eastern Europe, 90 in western Europe and 12 in Asia.

As an example, Box 2.12 describes the transboundary
Guarani Aquifer, a very large hydrogeological system
that underlies four countries in South America and
which is of increasing importance in the region for
the supply of drinking water to many urban areas.

Political tensions can be exacerbated over access
to groundwater such that unequal rights of use of
aquifers can potentially lead to conflict (Bergkamp
and Cross 2006), although Amery and Wolf (2004)
recognized the importance of water resources in peace
negotiations. Transboundary groundwater problems
in the Middle East are an example of the socio-
political impacts of groundwater depletion. In the
case of Israel and Palestine, the coastal plain aquifer
extends from Carmel (near Haifa) in the north to the
Palestinian Gaza Strip in the south. According to
Kandel (2003), serious conflict exists between Israel
and Palestine over this aquifer, which is both directly
and indirectly related to the conflict over land.


http://www.isarm.org
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Box 2.12 The transboundary Guarani Aquifer System

The Guarani Aquifer underlies areas of Brazil, Uruguay, Paraguay and Argentina (Fig. 2.58)
and outcrops in dense populated areas such as Sio Paulo in Brazil. The aquifer contains water
of very good quality and is exploited for urban, industrial and irrigation supplies and for
thermal, mineral and tourist purposes. The Guarani Aquifer is one of the most important
underground fresh water reservoirs in the world and comprises a very large hydrogeological
system that underlies an area of about 1100000 km? mainly in the Parana River Basin of Brazil
(with about 62% of its known area), Paraguay, Uruguay and Argentina. It has an average
thickness of about 250 m, varying from <50 m to >600m (Fili e al. 1998; Araujo et al. 1999),
and reaches depths of over 1000m (Fig. 2.58). The total volume of freshwater contained in
storage is estimated to be around 30000km?, equivalent to 100 years of cumulative flow in
the Parand River. The aquifer extends across a number of international political boundaries,
as well as those of many individual states of Brazil and provinces of Argentina, which are
federal countries with groundwater resources essentially under state- or provincial-level
jurisdiction (Foster et al. 2009).

The Guarani Aquifer System (SAG, from the Spanish and Portuguese abbreviation) comprises
a sequence of mainly weakly-cemented Triassic-Jurassic sandstone beds formed by continental
aeolian, fluvial and lacustrine deposition on a regional Permo-Triassic erosion surface, and is
overlain by Cretaceous basalt flows which are almost equally as extensive, exceeding 1000 m
thickness in some areas. The stratigraphic equivalence of the sandstone beds was only recognized
in the 1990s following drilling of oil exploration wells, after which the associated aquifer
system was named ‘Guarani’ after the indigenous population of the area. The aquifer occurs
in three main ‘hydrogeological domains’ delimited by two geological structures that control
the aquifer thickness and depth, and also influence regional groundwater flow: the Ponta
Grossa Arch (in the north of Parand State, Brazil), which forces groundwater to flow from
east to west in Sdo Paulo State, Brazil; and the Asuncién-Rio Grande Arch, which divides the
portion south of the Ponta Grossa Arch into two semi-independent sedimentary basins, the
Central Parand and the south-western Chaco-Lower Parand. The SAG is also affected by many
tectonic structures and crossed by numerous volcanic dykes, but despite these important
discontinuities at a local scale it is considered to be a continuous groundwater body across the
entire region (Foster et al. 2009).

Recharge of the SAG occurs by direct infiltration of excess rainfall and streamflow along
the length of the unconfined aquifer outcrop area (Fig. 2.58) and in adjacent zones with a
limited thickness of well-fractured basalt. Recharge also occurs via ‘windows’ in the basalt
from overlying local groundwater bodies in Tertiary sedimentary formations. The high average
rainfall across most of the SAG recharge area of 1000-2000mma~" results in potentially
elevated rates of aquifer recharge (300-400 and 500-600 mm™ in the northern and southern
regions, respectively). Although some recharge may be ‘rejected’ because of inadequate
infiltration capacity or high water-tables, most of this potential recharge infiltrates to form
local flow cells which discharge nearby as baseflow to rivers crossing the SAG outcrop. In these
areas, groundwater hydraulic gradients are up to 3-5mkm™ and actual flow velocities are over
Sma™". However, there are substantial differences in detail between the recharge areas on the
‘northwestern flank’ of the main basin (Paraguay to Mato Grosso do Sul-Brazil) and on the
‘northeastern flank’ (Santa Catarina to S3o Paulo State in Brazil), where reduced formation
thickness and steeper dip result in a much narrower outcrop area, creating a smaller zone
where recharge through the basalt cover is favoured. Estimation of the overall current rate of

continued
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SAG recharge is not straightforward because of uncertainties in the spatial variation of average
potential recharge rates, the proportion of SAG outcrop area that permits recharge, and the
extent of recharge in areas covered by basalt. It is known that the total SAG recharge area
is only a minor proportion of the known aquifer extension and recharge is estimated to
be in the range 45-55km?®a™, equivalent to less than 0.2% of the estimated freshwater
storage. Thus, the SAG is considered a totally ‘storage-dominated’ groundwater system (Foster
et al. 2009).

Evidence from groundwater potentiometric levels (Foster et al. 2009) indicates that some
regional flow occurs from the main recharge areas into the deeper structural basins, with
subsequent southward flow parallel to the general axis of the Parana catchment. Towards the
centre of the structural basins, SAG groundwater becomes progressively more confined by an
increasing thickness of overlying basalts and exhibits artesian overflowing conditions in
deep boreholes over extensive areas. The SAG has a relatively high hydraulic conductivity
of 5-10mday™ and an estimated mean transmissivity of about 300m*day™ (range
50-1200m?*day™'), although the flat terrain and low hydraulic gradients in the confined aquifer
(about 0.1-0.3mkm™) imply very low groundwater flow velocities (<0.5ma™). Groundwater
numerical modelling suggests that active groundwater flow into the deep confined aquifer is
very limited, probably equivalent to 10-15mma™ of vertical infiltration in the recharge area,
equivalent to about 1-2% of annual rainfall. With increasing depth and confinement, the
groundwater temperature increases substantially as a result of normal geothermal gradients,
such that it forms a low-enthalpy hydrothermal resource with temperatures widely exceeding
40°C and locally reaching 60°C (Foster et al. 2009).

Some natural discharge from the regional flow regime must occur but is not yet quantified
due to difficulty in detecting and measuring small groundwater upwelling in areas with large
river flows. Evidence exists in the small springs with a chemical composition similar to that
of confined SAG groundwater in areas with volcanic dykes. Other potential discharge zones
of favourable geological structure, groundwater potentiometric levels and reduced basalt
thickness include sections of the Parand River (along the Paraguay frontier) and the Uruguay
River (in Rio Grande do Sul and Santa Catarina States, Brazil) and the Esteros de Ibera
(Argentina) and Neembacu (Paraguay) wetlands. An extensive study of environmental isotope
composition (*H, §'*0, &H, §°C and "*C) of SAG groundwaters (Sracek and Hirata 2002)
has shown that groundwater in aquifer recharge areas generally has 6O and &H values
matching those of modern rainfall (60 > —7.5%0) (Table 2.4). Moreover, the presence of *H
up to 3 TU and "C activity close to 100 pmc confirm the presence of recently-recharged water,
including below ‘windows’ in areas with thicker basalts. The rapid decline of *C activity along
groundwater flow paths towards the highly confined SAG is commensurate with extremely
slow circulation, with most deep boreholes recording *C activity below detection limit
(probably water recharged more than 35000ka). In addition, the §'*O content of groundwater
in some confined SAG areas (for example in Sao Paulo State, Brazil) appears anomalous given
the more negative stable isotope composition (5'*O of —8.0 to —9.8%) compared to modern
rainfall and probably reflects palacogroundwater recharged under cooler climatic conditions,
although the same phenomenon is not found in the SAG further south.

Natural groundwater quality in the SAG is generally very good with low mineralization rates
in most areas. A hydrochemical evolution is observed as recharge waters from outcrop areas
flow slowly into the deeper confined aquifer (Table 2.4) accompanied by dissolution of
carbonates leading to more positive §*C values, ion exchange processes (notably Na* replacing
Ca”" in solution), rising pH from 6.8 to 9.5 and also marked temperature increases. The
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Table 2.4 Hydrochemical and environmental isotope evolution of groundwaters of the Guarani Aquifer System
down-gradient westwards from Ribeirdo Petro (Sao Paulo), Brazil. (Adapted from Sracek and Hirata 2002.
Reproduced with permission from Springer Science+Business Media.)

Down-gradient boreholes

Parameter (units) Outcrop boreholes 30km 150km
T(°0) 24 26 42
pH (=) 6.5 8.5 9.5
Ca* (mg L") 30 20 2
Na* (mg L™) 1 5 90
HCO5 (mg L) 15 75 160
Cl-(mg L™ 1 2 10
F~(mg L") <0.1 0.2 >1.0
Si0, (mg L™) 15 20 30
8"%0 (%o) -7.3 -8.0 -9.8
&H (%o) -49 -50 -67
8"3C (%o) -19.0 =111 -6.3

hydrochemical and isotopic data show that mostly saline aquitard formations underlying parts
of the SAG contribute to observed salinity and increases in trace elements, especially F (up to
13.3mg/L) and more locally As, although this contribution is not significant in terms of
associated groundwater flow volumes. There are also more marked and general down-dip
increases in groundwater salinity in the extreme southwest of the SAG in Argentina, which
effectively mark the limit of the potentially useful aquifer system. There have also been some
concerns that the deep confined groundwater might locally contain significant levels of the
soluble uranium isotopes, radium and radon gas (Foster ez al. 2009).

Potential threats to the naturally excellent groundwater quality of the SAG include
urbanization and the disposal of domestic urban wastewaters, industrial development and the
potentially inadequate storage and handling and disposal of hazardous chemicals and liquid
and solid effluents, and intensification of agricultural crop cultivation and forestry. The degree
of groundwater pollution vulnerability of the SAG varies with water-table depth, the degree
of consolidation of the sandstone units and the extent of fracturing of the overlying basalts.
As a result of these factors, only parts of the SAG exhibit significant vulnerability to surface-
derived groundwater pollution in the main recharge area comprising the aquifer outcrop and
adjacent areas where the basalts are highly-fractured or ‘windows’ through the basalt exist.
At a distance from outcrop below the basalt cover, the relatively old groundwater age indicates
minimal pollution vulnerability, except perhaps from low levels of any highly persistent and
mobile groundwater contaminants in the very long term (Foster ez al. 2009).

For the future, the SAG is becoming increasingly important for potable water supply to
many towns with populations of 50000-250000 and in supporting the numerous industrial
applications and potential agro-industrial processes that are seen as essential to the economic
growth of the Mercosur region. Additionally, the SAG also represents a major low-enthalpy
geothermal resource (often with overflowing artesian head) of very extensive distribution, with
potential for future expansion of spa facilities in northwestern Uruguay, neighbouring parts of
Argentina, and further north in the Iguazu international tourist area. Faced with this expansion,

continued on p. 92
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Foster et al. (2009) concluded that most actual and potential groundwater resource management
and protection needs of the SAG fundamentally do not have an ‘international transboundary
character’, albeit that there exist some local ‘transboundary hotspots’ both between nations
and between individual states of Brazil that share the aquifer. Furthermore, Puri et al. (2001)
concluded that future exploitation of groundwater resources reliant on the SAG will partly
depend on international and federal cooperation in sharing the benefits of advances in scientific
understanding and positive groundwater management experiences of the Guarani Aquifer.
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Fig. 2.59 Schematic diagram of the processes associated with submarine groundwater discharge (SGD). Three different units of
measurement of SGD include: (i) volume per unit time; (i) volume per unit time per unit length of shoreline; and (iii) volume per
unit time per unit area (i.e. specific discharge or darcy flux). (Adapted from Taniguchi et al. 2002. Reproduced with permission

from John Wiley & Sons.)

2.16 Submarine groundwater discharge

Hydrogeologists and coastal oceanographers now
recognise that a significant proportion of freshwater
input to the ocean occurs as submarine groundwater
discharge (SGD) together with a significant contribu-
tion of dissolved solutes (nutrients, carbon and
metals), probably exceeding the input of these mate-
rials by rivers (Moore 2010). To illustrate, an inte-
grated tracer study (Moore ef al. 2008) concluded
that the total flux of SGD to the Atlantic Ocean was
similar to the river flux to this ocean. Thus, SGD
must be considered a primary component in global
ocean budgets and models of these constituents. A

worldwide compilation of observed SGD by Tan-
iguchi et al. (2002) showed that groundwater dis-
charge as seeps and springs from the land to the
ocean occurs in many environments along the world’s
continental margins and that SGD has a significant
influence on the environmental condition of many
near-shore marine environments.

Defining the term SGD has presented a dilemma
for hydrologists and oceanographers. As explained
by Taniguchi et al. (2002) oceanographers tend to
view any subsurface fluid fluxes as groundwater,
whereas hydrologists have conventionally termed
groundwater as only that water originating from an
aquifer, which does not include recirculated seawater



(Moore 1999). This discrepancy in definitions has
resulted in confusion when comparing SGD results
from hydrologic models and oceanographic mass
balances. Adopting the definition that SGD represents
the total direct discharge of subsurface fluids across
the seafloor (the land-ocean interface) then, with
reference to Fig. 2.59, the rate of SGD is defined as
the sum of the submarine fresh groundwater
discharge (SFGD) driven by a hydraulic head and the
recirculated saline groundwater (RSGD), the latter
comprising a number of components due to processes
of wave set-up, and tidally-driven oscillation and
convection (either density- or thermally-driven).
Thus, the total net SGD includes both net fresh
groundwater and recirculated seawater discharge
components. The marine-induced forces that result
in flow into and out of the seabed have been described
as creating subterranean estuaries, characterized by
biogeochemical reactions that influence the transfer
of nutrients to the coastal zone in a manner similar
to that of surface estuaries (Moore 2010).

Coastal aquifers may consist of complicated arrays
of confined, semi-confined and unconfined systems
comprised of a complex assemblage of coastal sedi-
ments subject to fresh and salt water mixing. The
measurement of SGD in such a dynamic environment
is challenging. In a review of multiple methods used
to quantify SGD, Burnett et al. (2006) identified
seepage meters and piezometers, environmental
tracer methods (thermal gradients, radon, radium
isotopes and methane, and artificial tracers such as
fluorescein dye saturated with SFs) and hydrologic
water balance and modelling methods as being appli-
cable. The choice of technique depends on practical
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considerations (cost, availability of equipment, etc.).
For many situations, seepage meters, the only device
that measures seepage directly, can work well. These
devices provide a flux at a specific time and location
from a limited amount of seabed (generally about
0.25m?). Seepage meters range in cost from almost
nothing for a simple bag-operated meter to expensive
for those equipped with more sophisticated measure-
ment devices. The use of natural geochemical tracers,
for example radon (Burnett et al. 2001) involves the
use of more costly equipment and requires personnel
with special training and experience. The main
advantage of the tracer approach is that the water
column tends to integrate the signal and, as a result,
smaller scale variations, which may be unimportant
for larger scale studies, are smoothed out. Therefore,
this approach may be optimal in environments where
especially large spatial variation is expected (e.g.,
fractured rock aquifers). In addition to the spatial
integration, tracers integrate the water flux over the
time-scale of the isotope and the water residence time
of the study area. The use of multiple tracers is rec-
ommended where possible, for example, the simulta-
neous measurement of radon and radium isotopes
can be used to constrain the mixing loss of radon.
Simple water balance calculations have been
shown to provide a useful estimate of the fresh
groundwater discharge (see Box 2.13). Dual-density
groundwater modelling can also be undertaken
either as simple steady-state (annual average flux) or
non-steady state (requires realtime boundary
conditions) methods. Unfortunately, model results
usually do not compare well with seepage meter and
tracer measurements due to problems encountered in

Box 2.13 Submarine groundwater discharge on the west coast of Ireland

Submarine and intertidal groundwater discharge is a principal source of freshwater entering
Irish coastal waters between the major west coast estuaries of the Corrib and the Shannon.
Discharges of groundwater around and off this coastal karst area are known from caves and
groundwater resurgences, including those off the coast of The Burren in Counties Clare and
Galway (Fig. 2.60). The Burren is an extensive area of Carboniferous limestone plateaux. Three
levels of karst have been identified in the east of The Burren in the Gort Lowlands: a shallow
depth karst at 15-25 m below ground level (mbgl); an intermediate level at 40-50 mbgl; and
a deep level at 70-80mbgl in the Kinvara area in Galway Bay (OPW 1997). The shallower
two levels appear to transmit rapid groundwater flow at times of high water levels but are
susceptible to saline intrusion at low water levels. The deepest karst limestone underlying

continued on p. 94
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Fig. 2.60 Location maps of: (a) Ireland; and (b) bay areas with submarine groundwater discharge draining the
north of The Burren and the Gort-Kinvara area. (Adapted from Cave and Henry 2011. Reproduced with
permission of Elsevier.)

Kinvara is considered to be a palaeo-karst containing older groundwater. The karst underlying
Kinvara drains quickly through large conduits, some only active during wet periods.

Dye tracer experiments indicate that Kinvara Bay is the focal point for a large part of the
underground drainage from the Gort-Kinvara lowland area, with groundwater taking several
paths to the sea from the sites of tracer input (Fig. 2.61). Groundwater discharge is clearly
visible at low tide at several sites around the head of Kinvara Bay (Plate 2.4). Even at high
tide the inner waters of the bay show low salinities and water can be observed bubbling up,
a phenomenon that continues during long spells of dry weather (Cave and Henry 2011). A
small lake at Caherglassaun, about Skm inland (Plate 2.5) rises and falls by a few centimetres
over a tidal cycle with a lag of about 2 h, while remaining fresh, but a municipal well between
this lake and the sea, about 2 km inland, occasionally pumps salt water when long dry periods
coincide with spring tides (Cave and Henry 2011). Further evidence based on flooding
frequency-duration curves and water level recession characteristics of ephemeral lakes known
as turloughs (Plate 2.6) also show that there is very rapid flow through groundwater catchments
draining The Burren, such that storage of water in the turloughs only occurs at times of heavy
and persistent rainfall, when precipitation exceeds the catchment drainage capacity (Tynan et
al. 2007).

Measurements of groundwater discharges in the intertidal zone of Kinvara Bay during the
autumn and winter of 2006 using the velocity—area method gave intertidal groundwater
discharges of 3.5-5.9m*s™ at low tide from sites between Dunguaire Castle and Kinvara Pier,
albeit at the lower end of the expected range in discharge (Cave and Henry 2011). Moreover,
groundwater sampled at the coast contained relatively high concentrations of dissolved
nutrients, potentially representing a significant source of nutrients to these coastal waters which
potentially, if unchecked, could lead to the development of eutrophic conditions. In their study,
Cave and Henry (2011) measured the combined concentration of nitrite and nitrate in water
sampled at the Dunguaire outfall at the head of Kinvara Bay as having an average concentration
over the winters 2005/06 and 2006/07 of 3.2mgL™", leading to the conclusion that the loads
of fixed nitrogen entering Kinvara Bay by submarine groundwater discharge can approach the
same magnitudes as those entering Galway Bay by the River Corrib (Table 2.5).

continued
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Fig. 2.61 Routes of groundwater tracer inputs
in the vicinity of Kinvara Bay. Numbers 1-8
show the location of turloughs (ephemeral
lakes controlled by fluctuating groundwater
levels in the Carboniferous limestone karst
aquifer), with locations 1-6 representing tracer
input locations. (Adapted from Cave and Henry
2011. Reproduced with permission of Elsevier.)

Table 2.5 Winter nutrient loading (nitrite and nitrate as total oxidized nitrogen, TON) to Kinvara Bay from
submarine groundwater discharge (SGD), compared with loading from the River Corrib. (Adapted from Cave and

Turloughs
1 TuIIynafrankagh O

3 BIackrock (Peterswell)
4 Caherglassaun

5 Coole

6 Hawkhill 8
7 Carranavoodaun

8 Termon

©) Site of tracer input
— Tracer route

*- Kilcolgan river

Henry 2011. Reproduced with permission of Elsevier.)

Location Date Mean flow (m3s™) Mean TON (mg L™) Mean TON flux (kg day™)
River Corrib Nov 2006 162 1.0 13960
Dec 2006 306 1.0 26434
Jan 2007 269 1.0 23240
Feb 2007 189 1.0 16358
Kinvara Bay Nov 2006 14 1.4 1666
Min. SGD Dec 2006 23 1.4 2809
Low TON Jan 2007 31 1.4 3732
Feb 2007 17 1.4 2084
Kinvara Bay Nov 2006 14 3.2 3809
Min. SGD Dec 2006 23 3.2 6421
High TON Jan 2007 31 3.2 8530
Feb 2007 17 3.2 4763
Kinvara Bay Nov 2006 41 1.4 4979
Max. SGD Dec 2006 61 1.4 7376
Low TON Jan 2007 96 1.4 11563
Feb 2007 35 1.4 4180
Kinvara Bay Nov 2006 41 3.2 11380
Max. SGD Dec 2006 61 3.2 16859
High TON Jan 2007 96 3.2 26431
Feb 2007 35 3.2 9554
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the proper scaling, both in time and space, and
in parameterizing dispersion processes. Apparent
inconsistencies between modelling and direct
measurement approaches often arise because different
components of SGD (fresh and salt water) are being
evaluated or because the models do not include
transient terrestrial (e.g. recharge cycles) or marine
processes (tidal pumping, wave set-up, etc.) that
drive part or all of the SGD. Geochemical tracers and
seepage meters measure total flow, very often a
combination of fresh groundwater and seawater and
driven by a combination of oceanic and terrestrial
forces. Water balance calculations and most models
evaluate just the fresh groundwater flow driven by
terrestrial hydraulic heads (Burnett et al. 2006).

As an example of the ecological importance of
SGD to near-shore coastal waters, Biscayne Bay,
Florida is a coastal barrier island lagoon that relies
on significant quantities of freshwater to sustain its
estuarine ecosystem. During the twentieth century,

Rainfall
Surface water
in Everglades
Evapotranspiration
Canal Canal T r
-— - "
T TT Water table
o Lateral BISCAYNE
boundary AQUIFER
flow o
Municipal
well field

field observations suggested that Biscayne Bay
changed from a system largely controlled by wide-
spread and continuous SGD from the highly perme-
able Pliocene-Pleistocene limestone aquifer (Biscayne
aquifer) and overland sheet-flow, to one controlled
by episodic discharge of surface water at the mouths
of canals (Langevin 2003). Kohout and Kolipinski
(1967) demonstrated the ecological importance of
SGD by showing that near-shore biological zonation
in the shallow Biscayne Bay estuary was directly
related to upward seepage of fresh groundwater
(Fig. 2.62).

Throughout much of the area of south-eastern
Florida, a complex network of levees, canals and
control structures is used to manage water resources
(see Box 10.5). Beginning in the early 1900s, canals
were constructed to lower the water table, increase
the available land for agriculture, and provide flood
protection. By the 1950s, excessive drainage had
lowered the water table by 1-3m and caused salt

Biscayne
Recharge Submarine Bay
rb groundwater
discharge

Municipal
well field

Fig. 2.62 Conceptual hydrological model of submarine groundwater discharge to Biscayne Bay, Florida. (Adapted from Langevin
2003. Reproduced with permission from John Wiley & Sons and the National Ground Water Association.)



water intrusion, thus endangering the freshwater
resources and dependent ecosystems of the Biscayne
aquifer. In an effort to reverse and prevent salt water
intrusion, control structures were built within the
canals near Biscayne Bay to raise inland water levels.
On the western side of the coastal control structures,
water levels can be 1m higher than the tidal water
level east of the structures. Current ecosystem
restoration efforts in southern Florida (see Box 10.5)
are examining management
scenarios that could further change the quantity and
timing of freshwater delivery to the bay, although
there are concerns that these proposed modifications
could adversely affect bay salinities (Langevin 2003).

alternative water

2.17 Groundwater resources
of the world

To promote understanding of the world’s ground-
water systems, the collaborative World-wide Hydro-
geological Mapping and Assessment Programme
(WHYMAP) was established in 1999 with the aim
of collecting, compiling and visualizing hydrogeo-
logical information at a global scale (for more
information see www.whymap.org). The basic
concept underlying this mapping is the assumption
that large-sized territories can be identified having an
overall groundwater setting, primarily based on the
spatial extent of rock formations with similar
hydraulic properties. The Groundwater Resources
Map of the World at the scale of 1:25000000
presented in Plate 2.7 shows the aerial extent
of characteristic groundwater environments. Blue
colour shading in this map is used to indicate large
and mainly uniform groundwater basins (aquifers
and aquifer systems usually in large sedimentary
basins that offer good conditions for groundwater
exploitation). Green colour shading represents areas
with complex hydrogeological structure (with highly
productive aquifers in heterogeneous folded or
faulted regions in close vicinity to non-aquifers), and
brown colour shading symbolizes regions with
limited groundwater resources in local and shallow
aquifers. Within the three main hydrogeological
units, up to five different categories are defined
according to their modelled recharge rates from less
than 2mma~! to over 300 mma~. Dark colours (dark
blue, green and brown) represent areas with very
high recharge rates while light blue, green and brown
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colours outline regions with very low recharge
potential, with the latter category vulnerable to
groundwater mining. Groundwater recharge rates
refer to the historic baseline climate period 1961-
1990 calculated from simulations using the Water-
GAP Global Hydrology Model (Déll et al. 2003) as
discussed next.

The example of the Groundwater Resources Map
of the World shown in Plate 2.7 shows the areal
extent of the named principal large aquifer systems
that contain the largest storage of groundwater on
Earth. Of note are those areas containing thick
accumulations of sedimentary material deposited in
various environments during different geological
periods. Such large aquifer systems include the High
Plains-Ogallala Aquifer in North America, the
Guarani Aquifer System in South America, the Paris
Basin in France, the North China Aquifer System and
the Great Artesian Basin of Australia. In some arid
regions, these reserves constitute very important
sources of groundwater, in spite of the lack of recent
recharge, for example, the Nubian Aquifer System of
North Africa and the Arabian Aquifer System.
Altogether, 37 large aquifer systems are distinguished
in Plate 2.7. None of the aquifer systems can be
regarded as homogeneous, since they all include sub-
regions or zones that have characteristics different
from the dominant features of the regional system.

Another feature evident from the Groundwater
Resources Map of the World (Plate 2.7) is that
surface water catchments of river basins rarely
coincide with underground hydrogeological struc-
tures. As a consequence, integrated water resources
management units have to be chosen carefully to pay
due attention to the complementary surface water
and groundwater resources, with most of the large
groundwater units categorized as shared trans-
boundary aquifers (see Section 2.15).

Groundwater recharge is the major limiting factor
for the sustainable use of groundwater resources and
is, therefore, of considerable interest in the assessment
of global groundwater resources. Long-term average
diffuse groundwater recharge for the historic baseline
climate period 1961-1990 has been computed using
the WaterGAP Global Hydrology Model (WGHM)
developed by Doll er al. (2003). With a spatial
resolution of 0.5° latitude by 0.5° longitude, WGHM
first computes total runoff based on a time series of
monthly climate variables, as well as soil and land
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cover characteristics. Groundwater recharge is then
calculated as a fraction of total runoff using data on
relief, soil texture, geology and permafrost/glaciers.
For semi-arid and arid areas, the model has been
calibrated against estimates of groundwater recharge
derived from chloride and isotope data (Dol et al.
2003).

Using two global datasets of gridded observed
precipitation, Doll and Fiedler (2008) gave
groundwater recharge values ranging from 0 to
960mma~', with the highest values occurring in
the humid tropics. Values of over 300mma™" are
computed for parts of northwestern Europe and the
Alps. Europe is the continent with the smallest
fraction of regions with groundwater recharge below
20mma~'. Low recharge values occur in the dry
sub-tropics and, mainly as a result of permafrost,
in Arctic regions. For all land areas of the Earth,
excluding Antarctica, groundwater recharge and,
thus, renewable groundwater resources are estimated
to be 12666km*a™', while the continental values
range from 404km?a~' for Australia and Oceania to
4131km>a™ for South America (Table 2.6) (D6ll and
Fiedler 2008).

To estimate the renewable groundwater resource
available for human consumption, Plate 2.8 shows

the global distribution of groundwater recharge
divided by the population of specific national and,
in the case of eleven large countries (Argentina, Aus-
tralia, Brazil, Canada, China, India, Kazakhstan,
Mexico, Mongolia, Russia and the United States), at
sub-national scales as presented by Déll and Fiedler
(2008). Renewable groundwater resources are shown
to range from 8m?capita”a™ for Egypt to greater
than 1 x 10°m?capita™a™ for the Falkland Islands,
with a global average for the year 2000 of
2091 m’capita~ a™'. All countries in Northern Africa
and the Near East, except Libya, have average per
capita groundwater resources of less than 500 m®a™'.
Humid countries with high population densities,
for example The Netherlands, Vietnam, Japan
and Germany, demonstrate per capita groundwater
resources below 1000m®a™'. In the United States,
lowest values occur in the Southwest, while in
Mexico the northern areas and the densely populated
states in the central area show the smallest per capita
groundwater resources. In Brazil, there is an evident
difference between the water-rich and population-
poor Amazon Basin and the rest of the country. In
Argentina, the semi-arid southern states with low
population densities have high per capita ground-
water resources. In Russia, Mongolia, Australia and

Table 2.6 Long-term average continental renewable groundwater resources (total and per capita) and total renewable water
resources as computed by the WaterGAP Global Hydrology Model for the historic baseline climate period 1961-1990. (Adapted

from D&l and Fiedler 2008.)

Total renewable
water resources

Total renewable
groundwater resources

Per capita renewable
groundwater
resources®

Continent A (km?a™) B (km*a™) B/A (m3capita_'a™)
Africa 4065 2072 51 2604
Asia®® 13168 3247 25 873
Australia and Oceania 1272 404 32 14578
Europe® 3104 1191 38 1740
North/Central America® 6493 1621 25 3336
South America 11310 4131 37 11949
Total land area® 39414 12666 32 2091

?Eurasia is subdivided into Europe and Asia along the Ural Mountains, with Turkey assigned to Asia

®Including the whole island of New Guinea

‘Including Greenland

9Excluding Antarctica

¢Population data based on CIESIN GPWv3 for the year 2000



Canada, population density also dominates the
spatial pattern. Of the large countries, India has
the lowest per capita groundwater resources, with
an average 273m’a”!, with most federal states
below 250m*a~'. The average value for China
is 490m’capita'a”’, but the densely populated
northern states as well as the semi-arid northwest of
the country show per capita groundwater resources
below 250 m?*a™.

Further information for the reader interested in the
worldwide distribution of groundwater resources is
hosted by the International Groundwater Resources
Assessment Centre (IGRAC; see www.un-igrac.org)
and is comprehensively described in the International
Hydrological Programme-VI publication edited by
Zektser and Everett (2004). A geographic synopsis
is also provided by Margat and van der Gun (2013).

2.18 Hydrogeological environments of
the United Kingdom

The occurrence of groundwater and the extent and
distribution of aquifers and aquitards in a region
are determined by the lithology, stratigraphy and
structure of the geological strata present. The
lithology refers to the general characteristics of the
geological strata in terms of mineral composition
and texture of the formations present. The
stratigraphy describes the character of the rocks and
their sequence in time, as well as the relationship
between various deposits in different localities.
Structural features, such as folds and faults, determine
the geometric properties of the formations that
are produced by deformation and fracturing after
deposition or crystallization. In unconsolidated
strata, the lithology and stratigraphy comprise the
most important controls.

In any hydrogeological investigation, a clear
understanding of the geology of an area is essential
if the identification of aquifers and aquitards and the
mechanisms of groundwater flow are to be properly
understood. To illustrate the range of geological
conditions in which groundwater resources can
occur, the following description is based on the wide
variation in groundwater occurrence in the United
Kingdom.

The United Kingdom is fortunate in the variety of
its rocks, structures and natural resources. As shown
in Fig. 2.63, the principal groundwater resources are
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located in the Midlands and south-east of England
where the Cretaceous Chalk, Permo-Triassic
sandstones and the Jurassic limestones contribute
one-third of abstracted water supplies, of which
half is reliant on the Chalk aquifer. Unlike many
other countries, these important water supplies are
dependent on fissure flow in making the limestones
and sandstones permeable. Aquifers also exist in the
older rocks such as the Carboniferous limestones and
in more recent formations such as the Pleistocene
sands and gravels, but these aquifers are not of
such regional significance. Although less important
than surface water sources, the Precambrian and
Palaeozoic rocks in the remoter areas of Ireland,
Scotland and Wales have sufficient storage to be of
local importance for domestic supplies and in
supporting baseflows to minor rivers.

The hydrogeology of England and Wales, Scotland
and Northern Ireland is presented in a number of
maps produced by the Institute of Geological Sciences
(1977) and the British Geological Survey (1988,
1994), respectively, with the hydrogeology of Scotland
documented in a memoir (Robins 1990a,b). In
addition, Maps B3 Edinburgh and B4 London from
the International Hydrogeological Map of Europe
series cover the British Isles (UNESCO 1976, 1980).
In the following sections, the hydrogeological
environments of the British Isles are described in
terms of the three major rock types (sedimentary,
metamorphic and igneous) and their associated
aquifer properties. To help in locating rock types, Fig.
2.64 shows the geological map of Britain and Ireland
and a geological timescale is provided in Appendix 3.

2.18.1 Sedimentary rocks

The extensive sedimentary rocks range from
unconsolidated Quaternary deposits to ancient,
highly indurated Late Precambrian sandstones and
siltstones. The most prolific aquifers are associated
with the Mesozoic sandstones and limestones. The
groundwater resources of the principal Mesozoic
aquifers in England and Wales derived from the
infiltration of rainfall amount to 7309 km?®a™' (Table
2.7) of which 63% is from the Cretaceous Chalk and
20% from the Permo-Triassic sandstones.

Recent coastal dune sands and raised beach
deposits are restricted in distribution but provide
limited supplies to individual farm and domestic
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Fig. 2.63 Hydrogeological map of the United Kingdom showing the location of major aquifers. (Reproduced from http://www.bgs

.ac.uk/research/groundwater/datainfo/levels/ngla.html)

users. Riverine alluvium occurs along many valley
bottoms and includes alluvial fans, deltas, lake and
estuarine deposits. Alluvial deposits include fine
grained sands, silts and clays with the presence of
lenses of gravels and cobbles. Together with glacial
sands and gravels, these superficial deposits are of
significance as locally important aquifers in the hard
rock areas of Ireland, Scotland and Wales (Fig. 2.65).

In Scotland, glacial sands and gravels form terraced
and gently sloping hillocky ground with the
groundwater potential dependent on the extent and
thickness of the saturated material. Borehole yields
of up to 102m?s™! can typically be achieved in these
deposits.

The fine, largely unconsolidated Pleistocene shelly
marine sands and silts of eastern England form the
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http://www.bgs.ac.uk/research/groundwater/datainfo/levels/ngla.html

Physical hydrogeology 101

Sedimentary rocks

Z»

Tertiary and marine Pleistocene
o= (Quaternary deposits not shown)
% Cretaceous
E Jurassic
Triassic
. W4
@ Permian )
@ Carboniferous Eé’

Devonian

Silurian
Ordovician
Cambrian

Late Precambrian '

Metamorphic rocks &
Lower Palaeozoic and
Late Precambrian P
Early Precambrian

(Lewisian)
Igneous rocks @
Intrusive o
Volcanic 8 4 28t dinburgh
& '%‘E;'ﬁ@ North Sea
A

Irish Sea

\Dublin

Fig. 2.64 Geological map of Britain and
Ireland. (Adapted from Geological
Museum 1978. Reproduced with
permission of the Natural History
Museum, London from the book
‘Britain Before Man’ © Crown
Copyright 1978.)

English Channel

Table 2.7 Groundwater resources of the principal Mesozoic aquifers in England and Wales (in km?a™). Abstraction data are for
the year 1977. (Adapted from Downing et al. 1993.)

Aquifer Infiltration (1) Abstraction (A) Balance A/l

Cretaceous Chalk 4631 1255 3376 0.27
Cretaceous Lower Greensand 275 86 189 0.31
Jurassic Lincolnshire Limestone 86 43 43 0.50
Middle Jurassic limestones 627 65 562 0.10
Permo-Triassic sandstones 1443 587 856 0.41
Permian Magnesian Limestone 247 41 206 0.17

Total 7309 2077 5232 0.28
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Fig. 2.65 Site of a groundwater source developed in alluvial
deposits in the Rheidol Valley, west Wales. In general, the
well-sorted fluvial and glaciofluvial sands and gravels reach a
thickness of 30m and are exploited for locally important
groundwater supplies. At this site, Lovesgrove, transmissivities
are 0.05-0.07m?s™' (4000-6000m?day™"), specific yield about
5% and sustainable yield 0.05m?s™". The number 1 borehole
is positioned below the top of the concrete chamber shown at
left and reaches a depth of 30m through a sequence of river
gravels (Hiscock and Paci 2000).

regionally important Crag aquifer. The Crag can
attain a thickness of 80 m representing a single water-
bearing unit with overlying glacial sands and can
yield supplies of 10?m?®s™'. Elsewhere in south-east
England, Tertiary strata form a variable series of
clays, marls and sands ranging in thickness from
30-300m. The Eocene London Clay, up to 150m
thick, is an important confining unit in the London
Basin. The underlying Lower London Tertiaries
include clays, fine sands and pebble beds and where
permeable sands rest on the underlying Chalk, these
Basal Sands are generally in hydraulic continuity and
can yield small supplies.

The Cretaceous Period resulted in the transgression
of shallow, warm tropical seas and the deposition of
the Chalk Formation, the most important source of
groundwater in the south and east of England (Fig.
2.66) (Downing et al. 1993). The Chalk is a pure,
white, microporous limestone made up of minute
calcareous shells and shell fragments of plankton
together with bands of harder nodular chalk and
flints, marly in the lower part. In total the Chalk is
up to 500m in thickness. The intrinsic permeability
of the Chalk matrix is low, such that good yields of
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Fig. 2.66 Cretaceous Chalk outcrop at Hunstanton in
north-west Norfolk. Unusually at this location, the hard,
well-fissured lower Chalk passes into the highly fossiliferous,
iron-rich, red-stained Chalk known as the Red Chalk (now
Hunstanton Formation). Below is the Lower Cretaceous
Carstone Formation of medium to coarse, pebbly, glauconitic,
quartz sand stained brown by a limonitic cement.

typically 10" m?*s™ depend on the intersection of
fissures and fractures, solutionally developed along
bedding plains and joints. The permeability is best
developed in the upper 80-100m in the zone of
greatest secondary permeability development. Below
this level the fissures are infrequent and closed by the
overburden pressure and the groundwater becomes
increasingly saline. In Northern Ireland, a hard
microporous and fissured Chalk is found with
recrystallized calcite partly infilling pore spaces. The
Chalk attains a maximum thickness of only 150 m
and is largely covered by Tertiary basalt lavas.
Recharge via the lavas supports numerous springs at



the base of the outcrop along the Antrim coast.
Borehole yields from the Chalk beneath the lavas are
typically less than 10°m®s™ and the number of
boreholes is few.

Beneath the Chalk, the Lower Cretaceous
glauconitic and ferruginous sands and sandstones
of the Upper and Lower Greensand Formations and
the alternating sequence of sandstones and clays of
the Hastings Beds occur and form locally important
aquifers in southern England.

The Jurassic Period also resulted in the formation
of important limestone aquifer units, namely the
Corallian and Lincolnshire Limestone aquifers. The
Corallian is well-developed in Yorkshire where well-
jointed oolitic limestones and grits are found up to
110 m thick. Southwards the formation thins to 20m
and is replaced by clay before reappearing in the
Cotswolds, up to 40m thick, giving yields of
107 - 102m’s™". The Great Oolite and Inferior
Oolite limestones of Central England and the
Cotswolds are part of a variable group of limestones,
clays and sands, up to 60m thick that can yield
copious supplies. The Inferior Oolite Lincolnshire
Limestone aquifer is partly karstic in nature with
rapid groundwater flow through conduits (Figs
2.67 and 2.68). The highly developed secondary
permeability supports yields of 10" m*®s™. Beneath
the limestones, the Upper Lias sands form locally

Fig. 2.67 The Lincolnshire Limestone at Clipsham Quarry,
Lincolnshire. In this exposure, which is approximately 12m
high, solutional weathering of bedding surfaces and vertical
joints imparts a high secondary permeability. The pale centre
in the block at the top right-hand side is an example of the
heart stone of unoxidized limestone. Above is the grey-green
clay of the Rutland Formation that acts as an aquitard above
the limestone aquifer.
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important aquifers such as the Midford Sands close
to Bath in the west of England.

The Permo-Triassic sandstones, marls and
conglomerates comprise an extensive sequence up to
600m thick and form deep sedimentary basins in the
Midlands and North West of England and a smaller
basin typically over 100m thick in South West
England (Fig. 2.69). The red sandstones originated
in a desert environment and much of the fine to
medium grained cross-bedded sandstones are soft,
compact rock that is only weakly cemented.
Groundwater can flow through the intergranular
matrix but the presence of fractures enhances the
permeability considerably giving good yields of up
to 10" m?s™ of good quality. Above the Triassic
sandstones, the Mercia Mudstone confines the
underlying aquifer, although local supplies are
possible from minor sandstone intercalations. Up to
300m of Triassic sandstone occur in the Lagan
Valley and around Newtownards in Northern Ireland
where it is intruded by many basalt dykes and sills
with yields of up to 102 m’s™
to medium grained sandstone. Smaller isolated
Permian sands and sandstones are found in north-
west England and south-west Scotland. At the base
of the Permian, and overlain by red marls, the
Magnesian Limestone forms a sequence of massive
dolomitic and reef limestones that are important for
water supply in the north-east of England where
typical yields range up to 102 m?s™".

obtained from a fine

Fig. 2.68 An exposed joint surface on a block of Lincolnshire
Limestone showing a scallop-like feature caused by
groundwater flow. The dark area to the right is a large vertical
conduit formed by solutional weathering of a joint normal to
the exposed face.
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Fig. 2.69 Exposure of Triassic Sherwood Sandstone (Otter
Sandstone Formation) at Ladram Bay, South Devon. The Otter
Sandstone Formation comprises predominantly fine- to
medium-grained red-brown, micaceous, variably cemented,
ferruginous sands and sandstones, with occasional thin silt
and conglomerate lenses. Frequent, well-developed bedding
planes show a gentle 2-4° east-south-east dip, with, as shown
in this cliff face, cross-bedding also typically present.
Cementation along bedding planes exerts a small but
potentially significant control in promoting horizontal
groundwater movement (Walton 1981). Two prominent fissure
openings along cemented bedding planes are visible to the
left, in the lower one-third and upper two-thirds, of the face
shown.

The Carboniferous strata include the massive,
well-fissured karstic limestones that give large
supplies of up to 10"'m’s™ from springs in the
Mendip Hills (see Section 2.6.2), South Wales and,
to a lesser extent, Northern Ireland. Later, rhythmic
sequences of massive grits, sandstone, limestone,
shale and coals produce minor supplies from fissured
horizons in sandstone and limestone and form
aquifers of local significance, particularly from the
Yoredale Series in northern England and in the
Midland Valley of Scotland.

The Old Red Sandstone is the principal aquifer
unit of the Devonian Period and includes sandstones,
marls and conglomerates that yield small supplies
from sandstones in the Welsh borders. In Scotland,
the Upper Old Red Sandstone is of much greater
significance and around Fife and the southern flank
of the Moray Firth consists of fine to medium
grained sandstones, subordinate mudstones and
conglomerates with good intergranular permeability
yielding supplies of up to 10?m?*s™. Widespread
outcrops of fine to medium grained Lower and

Fig. 2.70 Silurian shales at outcrop in the Rheidol Valley, west
Wales showing the grey mudstones. Secondary permeability is
developed in the weathered upper horizon from which
shallow well supplies can be obtained as well as from
occasional fracture openings (as seen at lower left) that
intersect drilled boreholes.

Middle Old Red Sandstones, in places flaggy, with
siltstones, mudstones and conglomerates as well as
interbedded lavas give borehole yields ranging from
102 m’s™ in the Borders to 10”?m’s™ in Ayrshire
and parts of Strathmore. In Northern Ireland the
principal Devonian lithology is conglomerate with
some sandstone, subordinate mudstone and volcanic
rocks but these are indurated and poorly jointed with
small borehole yields of 10°m?®s™ where secondary
permeability is present.

Silurian, Ordovician and other Lower Palaeozoic
and Late Precambrian sedimentary facies predominate
in southern Scotland, the north-east and north-west
of Ireland and Wales and consist of great thicknesses
of highly indurated and tectonically deformed shales,
mudstones, slates and some limestones and sandstones
(Fig. 2.70). Some groundwater may occur in shallow
cracks and joints that produce a sub-surface
permeable zone in which perched water tables may
occur that support occasional springs and shallow
boreholes providing small yields.

2.18.2 Metamorphic rocks

The Lower Palaeozoic and Precambrian crystalline
basement rocks of the Highlands and Islands of
Scotland and north-west Ireland offer little potential
for groundwater storage and flow other than in
cracks and joints that may be associated with tec-



tonic features or near-surface weathering. Available
groundwater can support a yield up to 10> m’s™.

2.18.3 Igneous rocks

Groundwater flow in well-indurated igneous intrusive
and extrusive rocks occurs in shallow cracks and
joints opened by weathering. Yields of occasional
springs are small except where tectonic influences
have enhanced the secondary porosity (isolated
yields of up to 10 m?s™" are typical). Tertiary basalts
up to 800m thick occur in the Antrim and Lough
Neagh areas of Northern Ireland. The basalts have
some primary permeability in weathered zones but
the principal, secondary permeability is developed in
joints and fissures which provide sustainable borehole
yields of only 107 to 102 m?s™.
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3 Groundwater and geological processes

3.1 Introduction

This chapter discusses the response of groundwater
systems to geological processes such as plate tectonics,
glaciation and sea-level fluctuations. Although
topography-driven groundwater flow, as introduced
in Chapter 2, is in many areas of the world
the dominant mode of groundwater circulation,
consideration of the additional impact of geological
processes on groundwater flow is often important to
fully appreciate the dynamics of groundwater systems
on relatively long timescales (millennia). For example,
only by considering the hydrogeological impacts of
glaciation and associated sea-level low stand, can the
occurrence of fresh water underneath the sea-floor
along much of the continental shelf be understood.
In the description of regional groundwater flow
systems, which typically reach circulation depths of
several kilometres, flow driven by the variable density
of groundwater and flow induced by stresses imposed
on pore fluids play an important role and often form
the sole driver of fluid flow in the absence of
topographically driven flow. The variable density of
groundwater and anomalous pore pressures can be
caused by a suite of geological processes. Thus, to
understand fluid flow patterns in relatively deep
hydrogeological systems requires an understanding
of how the relevant geological processes cause fluid
flow. It is the task of the hydrogeologist to evaluate,
for a given geological setting, which processes can be
expected to be dominant in driving fluid flow in the
subsurface.

The way groundwater and other geofluids, such as
hydrocarbons, respond to geological forcing often
has a direct feedback on how geological processes
proceed. This feedback mechanism is, for example,

important when the influence of fluids on seismicity
should be considered. In this chapter, however,
discussion will be limited to a more or less one-way
description of the primary impact of geological
processes on fluid movement in the Earth’s crust,
while a consideration of feedback mechanisms would
be the topic of a more specialized discussion than
covered here.

This chapter demonstrates the societal relevance of
understanding the role of geological processes in
driving groundwater flow. Topical issues such as the
safe sequestration of CO, in the subsurface, or the
design of nuclear waste repositories in deep aquifers,
require understanding of the interplay between
groundwater and geological processes, knowledge of
which are of paramount importance.

3.2 Geological processes driving
fluid flow

Groundwater recharge is a hydrogeological process
leading to topography-driven groundwater flow.
The rates of groundwater recharge will vary with
fluctuating climatic conditions but there are also
several geological processes that modify water table
gradients on geological timescales such as the
build-up and retreat of ice-sheets, and mountain
building and erosion. There are two further groups
of mechanisms unrelated to topography-driven
groundwater flow by which hydraulic head gradients
can arise in groundwater flow systems, which are
often relevant when flow on a regional scale and on
geological timescales is considered. First, contrasts in
fluid densities resulting from geological processes can
lead to hydraulic gradients. Density contrasts strong
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enough to cause significant hydraulic head gradients
will result from developing temperature gradients
and/or contrasts in total dissolved solids content
(salinity). Density-driven flow is important in coastal
areas, in deep sedimentary basins where highly
mineralized, and therefore often dense, fluids occur
and in hydrothermal systems. Second, stresses
imposed on pore fluids as a result of geological
processes can lead to fluid movement. Examples of
such processes discussed in this chapter are sediment
compaction in subsiding sedimentary basins, or
underneath developing ice-sheets, and mountain
building and erosion.

3.3 Topography-driven flow in the
context of geological processes

In topography-driven groundwater flow systems,
hydraulic gradients in an aquifer required for
groundwater flow (see Chapter 2) are caused by the
topography of the water table near the surface.
Through fluid movement, the potential energy as
reflected by hydraulic gradients dissipates and water
table gradients will become smaller. Therefore, to
sustain fluid flow, energy needs to be supplied to the
system which, in topography-driven flow systems,
occurs through groundwater recharge. Hence,
the flow of groundwater from recharge areas
to groundwater discharge areas will only continue
when groundwater recharge is sufficient to maintain
the driving water table gradient. If not, the water
table gradient will be reduced over time until
groundwater movement halts. This is exemplified by
arid areas which experience little groundwater
recharge and have deep water tables. Thus, the rate
of topography-driven flow will vary with climatic
conditions affecting recharge but also with possible
changes in topography over geological time.
Topography can change with erosion and mountain
building and the development of ice-sheets. Such
changes in driving topographic gradients are usually
accompanied by other geological processes causing
density gradients and/or changes in pore water
pressure, which provide additional mechanisms
to generate fluid flow. Before discussing examples
of groundwater systems affected by changing
configurations of topography, groundwater flow
driven by pressure anomalies and density-driven flow
are first introduced in some detail.

3.4 Compaction-driven fluid flow

Sedimentary basins (e.g. the North Sea Basin and
Gulf of Mexico Basin) contain a sediment pile with
a thickness of the order of kilometres. During
development of such basins, sediments will become
increasingly deeply buried underneath younger
sediments. Whilst this happens, mechanical
compaction takes place which will result in a loss of
porosity. When pore volume is reduced, fluids
residing in the pores will be expelled because water
has a negligible compressibility to accommodate
strain. This process will be accomplished by a rise in
pore fluid pressures. Thus, the process of compaction
drives fluid flow with the energy provided by the
increasing weight of the overburden. Investigation of
measurements of porosity versus depth for different
types of
compaction in more detail. Two observations are
apparent from an example of such data depicted in
Fig. 3.1. First, porosity is most rapidly lost in the
upper few hundred metres of the subsurface. Second,
clay-rich sediments have a larger porosity (water-
content) than sand-rich sediments at the surface.
However, for clay-rich sediments, porosity is lost

sediments illustrates the process of
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Fig. 3.1 Variation of porosity with depth in predominantly
sand-rich sediments and clay-rich sediments. Data compiled
from various data sources as listed in Bense and Person (2006).



more rapidly with increasing depth than for sand-
rich sediments. The difference in compressibility of
clay and sands can be understood from the ability
of platy clay-minerals to hold water molecules in
between them.

As outlined by Terzaghi in his classic work from
the 1920s (Terzaghi 1925), mechanical compaction
of a pore network requires an increase of the effective
stress (o,) which is equal to (see Section 2.11):

0. =0;—p eq. 3.1

To accomplish a rise in effective stress the total
weight of the overburden has to increase (o;) or the
fluid pressure (p) needs to decrease. The latter will
be accomplished by the drainage of pore fluids,
whilst the former occurs during increasing sediment
burial. When effective stress rises, a larger proportion
of the weight of the overburden (total stress) has to
be carried by the sediment framework. If the sediment
is mechanically compressible, an increase in effective
stress will result in compaction and a reduction in
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porosity. The ease by which sediments compress as
a result of a mechanical load (compressibility) is
larger for relatively porous sediments such as clays
and shales, while lower porosity sands are less easily
compressible (Table 2.2).

Porosity (n) variations with depth as shown in Fig.
3.1 are often described (e.g. Bethke and Corbet
1988) using a simple relationship taking into account
effective stress, compressibility (8, Pa™') and assuming
a porosity at the surface (n,), of the form:

n=mn, e %P eq. 3.2

In eq. 3.2, porosity, n, exponentially declines with
increasing effective stress. If a linear correlation
between effective stress and depth is assumed, eq. 3.2
can be used to calculate porosity-depth curves as
shown as the dashed lines in Fig. 3.1, for various
values of compressibility and 7, (see Box 3.1).
When the vertical connectivity of the pore network
is efficient, rises in pore pressure as a result of
porosity loss will quickly even out and hydrostatic

n=mny e P

Box 3.1 Determining porosity and sediment compressibility from drill core and well data

To illustrate the basic concepts of porosity and how porosity loss can be related to sediment
compressibility, consider a dry, water-free drill-core which comes from a depth of 324m as
retrieved from a borehole penetrating a sandstone. The circular drill-core has a length of 10cm
and a diameter of 50mm. This core is submerged in a tank containing water which has
dimensions (I x w x b) of 0.1 x 0.1 x 0.2m. The water level in this tank initially rises by an
unspecified amount. Four hours after the core was submerged, the water level has dropped by
3.1mm and the water level does not drop any further.

It can now be assumed that initially the rock only contained air in its pore space which took
time to be filled with water. Therefore, the volume of water filling the pores can be calculated
as: 0.0031m (the depth of water used to fill the pores in metres) x 0.1 x 0.1 (the surface area
over which the drop in water level occurred in the tank) = 3.1 x 10~ m’.

Now, to calculate the porosity of the rock in the drill-core, the volume of the drill-core is
found from: 7 x radius® x b = £ x 0.025% x 0.1m?* = 1.96 x 10™*m’; and the porosity of the
rock at a depth of 324 m follows from: 7 = Vyore/ Variticore = 3.1 X 107%/1.96 x 107 = 0.158.

From a rock outcrop of the same geological formation from which the drill core was
obtained a similar determination yielded a porosity of 0.27. From this additional information,
the compressibility of the sandstone can be derived using eq. 3.2:

and by assuming that the effective stress (eq. 3.1), o,, follows a simple linear relationship with
depth. Therefore, o, can be replaced with depth, z, and as a result the compressibility, 3, takes
on units of length rather than pressure:

eq. 1

continued on p. 112
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n=n, e P eq. 2

B is calculated using the data obtained above using 7, = 0.27 (porosity of 27% at the surface),
and 7 = 0.158 at z = 324 m. This calculation yields:

7(324 m) = 15(0 m) X exp(—f3 x 324)
1(324 m)/ny(0 m) = exp(—f x 324)
In(0.158/0.27) = —Bx 324
B=-In(0.158/0.27))/324
B=~1.7x10" m™

The value for  found this way can now be used to calculate a complete porosity- depth
profile for this sandstone formation using eq. 2. Table 3.1 shows these calculated values for
Well #1.

A plot of the porosity values for Well #1 is shown in Fig. 3.2. Data for two additional wells
(Well #2 and Well #3 in Table 3.1) are also plotted. The sediments found in Well #2 have a
significantly higher compressibility of 4.04 x 10 m™, which can be confirmed by following
the procedure outlined above. The porosity-depth profile for Well #3 shows an increase of
porosity with depth over the interval roughly between 100-300m that cannot be explained
from compaction as described by eq. 1. Over this depth, additional processes must be at work,
such as water-rock interaction that lead to porosity enhancements which may result from
dissolution. Another possible explanation for an interval of enhanced porosity to occur in
borehole data such as these is if the borehole is intersected by a zone of fracturing over this
depth interval.

Table 3.1 Example porosity-depth data for three wells. Porosity values for Well #1 were calculated from field
data as outlined in the text. Note that values of porosity, n, are given in %.

Depth (m) Well #1 Well #2 Well #3
0 27.0 55.0 15.0
50 24.9 45.2 14.2
100 22.9 37.1 13.5
150 21.1 30.5 13.8
200 19.4 25.0 14.1
250 17.8 20.5 19.5
300 16.4 16.9 19.9
350 15.1 13.8 18.3
400 13.9 1.4 13.8
450 12.8 9.3 11.3
500 11.8 7.7 8.8
550 10.9 6.3 8.3
600 10.0 5.2 7.9
650 9.2 4.2 7.5
700 8.5 35 7.1
750 7.8 2.9 6.7

continued
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Fig. 3.2 A plot of the porosity-depth data presented in Table 3.1.

conditions will be met. Under hydrostatic conditions
the pore pressure in the subsurface increases linearly
with depth representing only the weight of the
overlying fluids hydraulically connected through the
pore network. The hydrostatic pressure (p,) with
increasing depth (z) is thus simply given by:

Py =208 eq. 3.3

in which g is the acceleration due to gravity and
pr is the water density. For purely fresh water
(pr = 1000kgm™), the hydrostatic gradient is about
10*Pam™. One kilometre of water thus exerts a
pressure of about 10 MPa. Likewise, the total vertical
stress, Oy, often called the lithostatic pressure, is
equal to the pressure exerted by the overburden of
sediment only, which is equal to:

Or =208 eq. 3.4

in which p, is the density of the rock matrix. A
typical density for sediments is 2700 kgm™. Hence,
the lithostatic gradient under such conditions is 2.7
times larger than the hydrostatic gradient (Fig. 3.3a).

In many areas of active sedimentation, pore
pressures in deeper aquifers (>1km) are higher than
would be expected from hydrostatic conditions
(Fig. 3.3b). Elevated pressure above the hydrostatic

gradient is often referred to in the literature
as ‘overpressure’, ‘anomalous pressure’, ‘excess
pressure’ or ‘geopressure’. To drill in overpressured
strata can present a hazard and result in a ‘blow-out’
when pressurized fluids start to escape through the
borehole. The occurrence of overpressure is an
indication that the high pressures developing during
compaction do not dissipate efficiently. This is
typically the case in low permeability environments.
Although any out-of-equilibrium pressures disappear
given sufficient time, the rate of dissipation is in
competition with the rate of overpressure generation
due to ongoing mechanical loading (sedimentation
rate). In mathematical terms, the net effect of the
generation of hydraulic gradients (and thus fluid
fluxes) via sedimentary loading can be incorporated
into a one-dimensional version of the groundwater
flow equation by describing flow in the depth (z)
direction via a source term, Q., as:
2
K Ih =S, 9 +0,
9z? ot

Kooi (1999) showed that the magnitude of the source
term (Q,) relates to the subsidence rate (v,), the rate
of sedimentation (vq4), the density of the sediment
settling at the sea bed (p,,) and its porosity (7.), and

eq. 3.5
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the compressibilities of sediment (o) and the fluid
residing in the pores (), as given by:

Qc = a(pgr - pw)(l - nsed)gl/sed - nﬁpwgvz €q. 36

Equation 3.6 shows that in more rapidly subsiding
basins, as well as in more easily compressible
sediments, the hydrodynamic effects of compaction
will be larger.

While the concept of compaction-driven flow is
introduced above using the example of flow driven
by an increasingly large overburden, other geological
processes can also lead to the compression of pore
space and result in fluid movement. For example, the
increasing overburden weight exerted by a developing
ice-sheet or glacier can induce fluid flow in the
aquifers underlying the ice. Also, tectonic stresses
can cause a rise in fluid pressure (Ge and Garven
1994). The rates and magnitude with which the load
is applied (e.g. rate of either sedimentation, ice-sheet
build up or tectonic movement) will primarily control
the impact of these different processes on fluid
pressure.

It is important to realise that compaction-driven
flow is a transient phenomenon related to the
geological process of basin formation leading to the
burial of fluid-bearing sediments. In more mature
basins, the effects of compaction-driven flow can be
expected to be less important. Compaction-driven
flow is a common phenomenon in actively subsiding

Fig. 3.3 Fluid pressure in a pore network
will follow a hydrostatic trend when the
vertical connectivity of the pore network
is efficient. In (a) lithostatic pressures
reflect the pressure exerted by the rock
matrix. In (b) when the vertical
equilibration of fluid pressures is
hampered during basin subsidence, for
example by the presence of a hydraulic
> seal such as a low-permeability shale, so
called ‘overpressures’ can develop at
’ depth. A field example of pressure-depth
s profiles showing overpressure can be
. found in Box 3.2. (Adapted from
Domenico and Schwartz 1998.
Reproduced with permission from John
Wiley & Sons.)

Hydraulic
seal

sedimentary basins. In such basins, topography-
driven flow can be relatively less dominant during
development of the basin while in more mature
sedimentary basins, in which compaction has ceased
because the sediments are strengthened by diagenesis
and therefore less compressible, topography-driven
flow is dominant (Fig. 3.4). An example of a basin
within the latter category is the Bath Basin (Box
2.11), while the Gulf of Mexico Basin exemplifies an
active basin in which both topography-driven and
compaction-driven flow play an important role.
Further analysis of the interplay between compaction-
driven and topography driven flow can be found in
the case study (Box 3.2) describing overpressure
generation in the Gulf of Mexico by employing a
two-dimensional numerical model.

3.5 Variable-density driven fluid flow

3.5.1 Salinity gradients leading to
variable-density flow

Density gradients in groundwater will cause buoyancy
effects and the associated hydraulic gradients will
drive groundwater flow. The classic setting in which
to consider variable-density flow is that of coastal
areas where saline water from the sea interfaces with
fresh water originating from meteoric recharge over
the land surface. Section 8.4.4 discusses the practical
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Fig. 3.4 (a) Groundwater circulation pattern in an actively subsiding sedimentary basin where topography-driven flow from the
flanks competes with compaction-driven flow originating mainly from the depositional centre of the basin. TDS = total dissolved
solids. (b) A more geologically mature basin in which deposition has halted and topography-driven flow is dominant. (Adapted
from Domenico and Schwartz 1998. Reproduced with permission from John Wiley & Sons.)

Box 3.2 Compaction- and topography-driven fluid flow in the Gulf of Mexico Basin

The Gulf of Mexico Basin is a classic example of an actively subsiding sedimentary basin (Fig.
3.5). The Gulf of Mexico Basin contains economically important hydrocarbon reserves as well
as groundwater aquifers exploited for water supply purposes. The hydrodynamical situation
in the Gulf of Mexico is similar to other basins across the world such as the North Sea Basin,
Amazon Delta, Niger Delta and Persian Gulf.

Offshore in the Gulf of Mexico, sediments of sand and clay accumulate and the increasing
overburden is expected to lead to compaction and compaction-driven flow. However, onshore,
on the flanks of the basin, meteoric recharge occurs and topography-driven flow will dominate.
Interesting hydrodynamic systems develop where topography-driven and compaction-driven
flows interact. The interaction between topography-driven and compaction driven flow is
apparent when pressure-depth profiles taken within the basin are inspected (Fig. 3.6). Profiles
5 and 6 are taken near-shore and onshore in the Gulf of Mexico Basin. These profiles display
hydrostatic conditions (Section 3.3) down to a depth of ~4km, below which pressures are
much higher than hydrostatic (overpressure). The transition between hydrostatic and
overpressured conditions occurs at much shallower depths further offshore (Profiles 1-4).
Model simulations constrained by geological and pressure data from the Gulf of Mexico show

continued on p. 116
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Fig. 3.5 Outline of the shape and size of the Gulf of Mexico sedimentary basin and its approximate bathymetry.
The location of cross-section A-A’ is indicated, for which Harrison and Summa (1991) carried out a numerical
model to simulate the hydrodynamic history of the basin. (Adapted from Harrison and Summa 1991.)

the relation between the occurrence of overpressure and the geological build-up of the basin
(Fig. 3.7).

Figure 3.7 illustrates the two-dimensional distribution of overpressure in the deeper parts
of the basin. The overpressures at depth lead to an upward flow of fluids away from the basin
centre. The model results show that the rates of fluid expulsion, taking into account the
pressure gradients and sediment permeabilities, are of the order of 6.5cma™ (Fig. 3.7a). At
depths of up to ~2km in the onshore and near-shore part of the basin, overpressure is absent
and topography-driven groundwater flow is in the direction of the basin centre. Rates of
shallow groundwater flow are an order of magnitude higher than those deeper in the basin at
up to ~70cma’. At least in part, the observed patterns can be understood when aspects of
the basin stratigraphy are considered (Fig. 3.7b). As a result of the geological history of the
basin, the deeper basin sediments are more clay-rich than shallow sediments which are
dominated by sand. A relatively high clay-content increases the compressibility and lowers the
permeability of sediments. Hence, the dominance of compaction-driven flow in the basin
centre, together with low fluid flow rates can, at least in part, be understood from the presence

continued
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Fig. 3.6 Pore pressure variation with depth as observed in six wells in the Gulf of Mexico sedimentary basin.
Locations of these wells are indicated on the accompanying map inset. The occurrence of overpressure at depth
is observed in all wells but nearer to the centre of the basin overpressure occurs at increasingly shallower depth.
(Adapted from Harrison and Summa 1991.)

of clay-rich sediments. Likewise, the more rapid topography-driven groundwater flow
circulation rates at shallow depths are facilitated by the presence of permeable sediments.

However, when analysed in detail, and next to sediment compaction, additional geological
processes could explain the current overpressures presently observed in the Gulf of Mexico
Basin. These are, for example, the role of thermal expansion of pore waters in causing
overpressure, and the de-hydration of clay minerals such as smectite during compaction
releasing interlayer water into pore space and raising pore pressure. Furthermore, the
palaeohydrology of the Gulf of Mexico system in which subsidence rates and sea-level will
have fluctuated over the past millions of year can have an important impact on present pore
pressure distributions. Harrison and Summa (1991) presented a set of two-dimensional
numerical models considering the palaeohydrology of the Gulf of Mexico Basin during the
Tertiary and Quaternary. These models illustrate how the depth of meteoric groundwater
circulation and the intensity of fluid expulsion from the basin centre have varied over time.
However, the outcomes of the Harrison and Summa (1991) model largely support the concept
that compaction—driven flow is the main driver of deeper fluid flow regimes in the Gulf of
Mexico Basin.

continued on p. 118
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Fig. 3.7 (a) The current distribution of overpressure in the Gulf of Mexico Basin as simulated by Harrison and
Summa (1991) with approximate direction of fluid flow directions indicated by arrows. The shaded area
represents that part of the basin where fluids are driven by topographic gradients, while in the rest of the basin
compaction-driven flow predominates. (b) The geological build-up of the basin shows that the largest
overpressures develop in the more easily compressible lithologies which are more clay-rich, such as shale, and in
the deepest parts of the basin. (Adapted from Harrison and Summa 1991.)




issues of the potential for saline intrusion when fresh
water is exploited for important water supply needs.
Furthermore, a certain group of organic contaminants
can have properties that are less dense or denser than
water such that their density needs to be taken into
account when investigating their behaviour in
groundwater flow systems (see Section 8.3.3).
Variable-density ~ flow can  be  described
mathematically by inclusion of buoyancy terms in
the groundwater flow equation. Contrasts in fluid
density differences can arise by variations in
temperature, pressure and solute concentration (see
Appendix 2). Where variable-density driven flow
develops in the absence of topographic gradients, it
is commonly referred to as occurring through free-
convection. Convection of groundwater caused by
topography of the water table would then formally
be called forced-convection which, in practice, is
hardly used as a term. Free-convection will only
occur when the permeability of the aquifer, the
density contrast between the seawater and the
groundwater in the aquifer, and the thickness of
the aquifer are large enough. These parameters can
be combined to calculate a theoretical stability
criterion, a Rayleigh number, Ra, for the onset of
free-convection due to solute concentration effects
(e.g. Schincariol and Schwartz 1990) and is given as:

Ra = ERL(P:=py)

3.7
ubD “

in which u is the dynamic viscosity, p, is seawater
density, p; is density of water in the aquifer, k
is intrinsic permeability, D is solute diffusivity
coefficient, and L is thickness of the aquifer. If Ra is
larger than ~10, free-convection of saline groundwater
into fresh groundwater underneath is likely to occur.

3.5.2 Hydrothermal systems driven by
variable-density flow

Where temperature gradients are large enough to
lead to sufficient fluid density gradients, convective
fluid flow patterns can result, which are often
referred to as thermal convection. In freely convect-
ing systems, areas of downwelling and upwelling
develop. In a hydrothermal system driven by free-
convection, hot fluids with a relatively low density
rise to the surface and cool. Then, their increasing
density counters the buoyancy and results in sinking.
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Again, a Rayleigh number can be formulated to
determine under which conditions thermal convection
will start to occur. In a simplified system, in which
the upper and the lower boundaries of a horizontal
aquifer with thickness, L, are kept at a fixed
temperature (denoted as T, and T, respectively), the
Rayleigh number for the onset of thermal convection
is given as:

_ oypuc,8RL(T, - T,)
= i

in which o is the thermal expansivity, k is aquifer
permeability, x is thermal conductivity, p,, is fluid
density, ut is fluid dynamic viscosity, and ¢, is the fluid
volumetric heat capacity. The reference temperature
chosen to evaluate temperature-dependent properties
in eq. 3.8 is typically taken as (T, + T))/2. Free
convection occurs when Ra exceeds a critical value.
Commonly cited is a critical value of ~47%. Using,
Ra= 47" and common values for the other parameters
ineq. 3.8, Fig. 3.8 shows the critical thermal gradients

Ra eq. 3.8

104

-
o
W

Ra = 4n?

T
1S 102 \
&J \
b= k= qne
i) 10" \\ 10 I'x‘mz
g N
2 100
©
=
£ 102 AN
G \
£= 10~11

2

o

0 02 04 06 08 10 1.2 14 16 1.8 20
Aquifer thickness (km)

-
S
w

Fig. 3.8 In this diagram, by assuming a Rayleigh number (Ra)
for the onset of hydrothermal convection (eq. 3.8) the critical
thermal gradient can be calculated which, if exceeded, leads
to groundwater convection. However, as shown, this critical
thermal gradient is also a function of aquifer thickness and
permeability (k).
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as a function of the thickness of the aquifer and for
three different values of permeability. This suggests
that thermal gradients mostly need to exceed that
of normal geothermal conditions (e.g. 25°C km™)
substantially for free-convection to occur as a result
of density differences caused by thermal effects.
Permeable rock with a good vertical continuity (in
the direction of the geothermal gradient) increases
the likelihood of free-convection occurring. It is not
surprising, therefore, that many permeable fault
zones have been identified as loci of thermal con-
vection of groundwater resulting in the emergence
of hot springs at the surface (see Box 3.3 and
discussion of the hydrothermal system in the Great
Basin, USA). To an extent, many of these systems are
also controlled by high crustal heat flow required to
maintain the required temperature gradients.

3.6 Regional groundwater flow
systems driven predominantly by
variable-density flow

In the following, two regional-scale systems are
considered in which variable-density flow plays

the central role in controlling the hydrogeological
evolution of the system. Firstly, the longer term shifts
in the distribution of saline and fresh water in coastal
areas as a result of sea-level fluctuations over the
course of millennia are discussed. Secondly, salinity
contrasts are important when considering where
brines (highly saline fluids) in deep aquifers occur,
often far away from coastal areas in mature
sedimentary basins. The impacts on fluid flow of this
type of groundwater situation needs to be addressed
in specific cases, for example when the impacts of
glaciations on continental-scale groundwater flow is
considered but also in the design of nuclear waste
repositories, or in consideration of the long-term
safety of CO, sequestration in deep aquifers.

3.6.1 Fluctuating sea-level and its impact
on the distribution of groundwater
salinity in coastal areas

Seawater can either intrude into fresh water aquifers
via tongues, or via coastal flooding after which
seawater can sink into underlying aquifers by free-
convection. When the coastline is at a stable position,

along faults (e.g. Person et al. 2007a).

Box 3.3 Hot springs along permeable fault zones in the Great Basin, Western USA

The Great Basin in the Western USA is formed by a number of extensional basins bounded by
normal fault systems. The Great Basin is characterized by a relatively small crustal thickness
(~20km) intermediate between oceanic and continental crust, reminiscent of the geological
history of the area as a former site of oceanic crust formation before being incorporated into
the American continent during the Mesozoic. Cenozoic uplift and associated crustal extension
created extensive normal-fault systems and new local basin formation. In combination with
the high geothermal heat flow in the area, many of these fault systems are the location of
hydro-geothermal systems. In this area, world-class ore deposits formed by gold-silver
accumulations along fault zones are associated with the past circulation of hydrothermal water

One of the most closely studied spring systems associated with active faulting in the Great
Basin is that just north of Borax Lake in northern Nevada (Fig. 3.9). In this area, no boreholes
are available for the collection of hydraulic head and geological data, or to take samples of
the deeper groundwater. However, the geochemistry and temperature of the spring waters can
be measured by relatively simple means. Fairley and Hinds (2004) used a handheld digital
thermometer to measure the water temperature of 175 springs and also the temperature of

continued
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Fig. 3.9 Locations of: (a) the Great Basin; and (b) Borax Lake. (Adapted from Fairley and Hinds 2004.
Reproduced with permission of John Wiley & Sons.)

near-surface materials close to these springs. Geostatistical techniques were then used to
properly interpolate these data to obtain an image of the near-surface temperature distribution
in the area of the springs (Fig. 3.10).

Several patterns in the thermal image (Fig. 3.10b) are striking. The hot springs line up along
what are interpreted to be two fault traces. These might be part of the same fault structure at
depth showing a so-called fault relay structure at the surface where one fault strand ends and
the fault displacement is transferred to a second fault trace. Also, along the fault trace the
spring and ground temperatures are highly variable. This would indicate the presence of
preferential flow paths in the fault zone with a relatively high permeability along which
groundwater can rise more rapidly. Since along these flow paths cooling will occur where the
ambient rock is colder than the upwelling groundwater, higher surface temperatures would
indicate a higher flow rate. The temperatures of some springs are near boiling (up to 94°C)
whilst oxygen-isotope data indicate that recharge to the springs is meteoric. Sr-isotope data
suggest circulation depths of up to 2-3km depth (Anderson and Fairley 2008). To reconcile
these data it seems likely that thermal convection is the primary mechanism to circulate
groundwater from and towards the surface accompanied by a component of more shallow
topography-driven flow as seen, for example, in groundwater recharge from Borax Lake
flowing into the fault zone.

continued on p. 122
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Fig. 3.10 Location and interpolated (simulated) near-surface temperatures of springs emerging in the Borax Lake
area. Clearly, the springs align along the trace of a set of linear fault segments. (Adapted from Fairley and Hinds
2004. Reproduced with permission of John Wiley & Sons.)

As a first-pass quantitative analysis of the data, Fairley and Hinds (2004) used a simple
one-dimensional heat flow model to estimate the possible variability in vertical groundwater
fluxes reflected by the observed surface temperature distribution. This primary analysis yields
insight into the distribution of fault permeability which then provides the basis of more
elaborate numerical models that incorporate an explicit description of flow driven by thermal
convection (Fairley 2009). In this model (Fig. 3.11), a constant temperature (250°C) boundary
at 400 m depth is simulated from which groundwater rises upward at a rate controlled by a
stochastic permeability structure that has statistical properties equivalent to those observed in
the field. The latter model produces a variability of groundwater discharge rates as well as
surface temperatures, the statistics of which can then be compared with field observations.

The groundwater circulation along faults near Borax Lake is a prime example of a system
driven by thermal convection. The research at this location illustrates how relatively simple
field observations, such as near surface groundwater temperatures, in combination with
conceptualized numerical models can provide a rather detailed insight into the permeability
structure of complex hydrogeological systems such as fault zones.

continued
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Fig. 3.11 (a) Set-up and boundary conditions of a numerical model describing thermal convection along a fault
zone. (b) Temperature distribution and surface groundwater fluxes as calculated in the fault plane for one model
of a set of model realizations. (Adapted from Fairley 2009. Reproduced with permission from John Wiley & Sons.)
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conditions such as depicted in Fig. 3.12(a) will
generally apply. Tongues of saline water will be
present in aquifers landward from the coastline
underlying the fresh-water system fed by meteoric
recharge. For a stable average position of the coastline
(not considering tidal fluctuations), the extent of the
landward ingress of seawater will depend on the
density contrast between the fresh and the saline
water in combination with the magnitude of the
topography-driven seaward flow of fresh water
which is controlled by the rates of meteoric recharge
in the coastal zone.

Locally, over decades, groundwater
abstraction from the fresh water parts of coastal
aquifers has led to the upconing and inward migra-
tion of the salt-fresh interface in many coastal areas
(see Section 8.4.4). On a global scale, the geological
process of sea-level fluctuation, resulting from
climate variability (primarily glaciation) in combina-
tion with crustal isostatic effects has, in the geologi-
cal past, led to dramatic shifts in the position of the
saline-fresh water interface. Our understanding of
the dynamics of these changes and, therefore, of the
impacts of future sea-level rise to the availability on
fresh water resources in coastal areas, has improved
considerably over past decades (e.g. Oude Essink
et al. 2010).

over-

In many submarine aquifer systems underneath
continental shelves flanking the global oceans, pore
waters have been found with salinities considerably
lower than that of seawater (Fig. 3.13). For example,
on the continental shelf off the coast of New England,
drilling for oil and gas in the 1960s and 1970s
showed the presence of water with a salinity of only
30-70% of that of seawater hundreds of metres
below the seafloor (Person et al. 2003 and references
therein). If only equilibrium conditions
considered, the occurrences of relatively fresh water
underneath the seafloor cannot be readily understood.
It was proposed (e.g. Kohout et al. 1977) that
these relatively fresh water bodies underneath the
present seafloor offshore of New England reflect
hydrogeological conditions related to sea-level low-
stand during glacial maxima in the Late Pleistocene.
Environmental isotopes provide further evidence for
this view. Groundwater age determinations show
that the anomalously fresh waters on the continental
shelf are commonly ~7-20ka, strengthening the
hypothesis that these aquifers were recharged during
the last global sea-level low-stand. Furthermore, 'O
and *H abundances in these groundwaters often
indicate that recharge must have taken place during
relatively cool climatic conditions as would be found
during ice-house conditions (e.g. Morrissey et al.

were
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Fig. 3.12 Diagram showing the stages of development of saline groundwater in coastal aquifers. In (a) under steady-state
conditions and considering a stable position of the coastline, seawater can be assumed to be present below the seafloor. The
extent of saline water sag as a tongue at the base of the coastal aquifer is restricted by the coastward flow of fresh groundwater
derived from meteoric recharge. In (b) during sea level low stand after marine regression, the saline groundwater formerly below
the sea floor is displaced by fresh groundwater which leads to a new steady-state situation. In (c) during and after transgression,
unstable transient conditions prevail for a period. Salinization processes in the coastal zone exposed to meteoric recharge during
sea-level low stand are complex. Both free-convection of sea water sinking into less dense fresh water in the sub-seafloor aquifer
as well as the sideways migration of the saline-fresh water interface inland will lead to an eventual, complete resalinization of
offshore fresh groundwater as in (a). However, model simulations illustrate these processes can take many millennia before such a
renewed steady-state is reached (Plate 3.1). Note the difference in length scale that should be assumed between the onshore and

offshore domain shown in these sketches.

2010). Similar ‘anomalous’ bodies of fresh water
have since been found in European coastal aquifers
(e.g. summarized in Edmunds and Milne 2001).
The hydrogeological mechanism to explain fresh
water underneath the sea floor hundreds of kilometres
offshore is as follows. After global sea-level dropped
by ~120 m during the Last Glacial Maximum (LGM)
about 18000 years ago, the continental shelves were
largely exposed. During this period, for example
along most of the Atlantic Ocean, the coastline had
moved seaward by 400km or more. Thus, the
aquifers on the continental shelves were at that time
exposed to direct precipitation (Fig. 3.12b). Where
these conditions persisted for long enough in

combination with hydrogeological conditions
favouring groundwater recharge (high effective
rainfall and transmissive aquifers), significant

volumes of fresh water could have displaced the
saline water in these aquifers during this period,
pushing the salt-fresh interface seaward. During
eventual climate warming, continental ice-sheets
thawed which resulted in a sea-level rise and the
transgression of the sea. When transgression of
the sea over the continental shelf occurred during the
Holocene, seawater would have started to invade the
fresh water bodies which developed during the sea-
level low stand. This can happen from above where
seawater will start to overlie fresh water in the
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Fig. 3.13 In this diagram, salinity distributions in aquifers on the continental shelf of the North and South Atlantic Ocean illustrate
the presence of off-shore fresh to brackish groundwater. By invoking the conceptual model shown in Fig. 3.12, it can be
hypothesized that these bodies of ‘anomalous’ fresh water were emplaced during past sea-level low stand and reflect transient
hydrogeological conditions on the continental shelf. (Cohen et al. 2010. Reproduced with permission of John Wiley & Sons.)

aquifers underneath the seafloor. As a result of the
density differences, seawater will potentially start to
sink into the aquifer through free-convection, while
at the same time, the salt-fresh interface at depth will
migrate landward. However, it appears that the
process of re-salinization has still not yet been
completed. As a result of which, the present condition
is not in equilibrium, and ‘anomalous’ water with a
salinity much lower than that of seawater occurs on
the continental shelf (Fig. 3.12c).

In order to get a more quantitative understanding
of the process described above and, for example, to
assess what type of conditions would favour the
preservation of fresh water on continental shelves,

there are several approaches available. As outlined
earlier, a main process to salinise aquifers on
continental shelves would be free-convection, where
seawater is transgressing over an aquifer containing
fresh groundwater. Where free-convection does not
occur, the fresh groundwater underlying the sea floor
will still become saline over time but only via the
much slower process of molecular diffusion. Another
approach constitutes the use of numerical models
(e.g. Kooi and Groen 2001; Post and Kooi 2003;
Cohen et al. 2010) which allow investigation of a
larger range of parameters controlling the timescales
at which relatively fresh water in aquifers on
the continental shelves might be preserved after
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transgression. Examples of such parameters are the
rate of sea-level rise, and the impact of the presence
of aquitards near the sea-bed which control different
modes of seawater intrusion that can be expected
during transgression (Plate 3.1).

Analysis applying the type of methodology
described previously, together with field observa-
tions, yields estimates of the amount of water with
relatively low-salinity which can potentially be used
for drinking water purposes after relatively minor
treatment, as compared to desalination using seawa-
ter. These yield, for example Person et al. (2007b)
and Cohen et al. (2010), that on the continental shelf
offshore of New England a relatively fresh ground-
water resource of the order of ~1.7 x 10°km’ is
present. To put this into perspective, for a current
water use of ~4.5 x 10°m*day™" for a city the size of
New York, this resource could provide ~1035 years
of fresh water after relatively minor treatment com-
pared to complete desalination of seawater.

3.6.2 Brines in continental aquifers

The regional-scale occurrence of saline water is
not constrained to coastal areas. It is a common
phenomenon that solute concentrations in aquifers
increase with depth as a result of which brines
occur deep in sedimentary basins. Some continental
sedimentary basins contain groundwater even at
relatively shallow depths with a density much larger
than that of seawater. Such a type of groundwater is
usually called brine. Well studied examples of
sedimentary basins containing brines at relative near-
surface depths include the inter-cratonic Michigan,
Illinois and Williston Basins in North America. The
salinity of the pore waters in these basins is up to
five to six times the salinity of seawater (200gL™
versus 35gL™"; Fig. 3.14). Where evaporite deposits
such as halite and gypsum are present in sedimentary
sequences, the dissolution of these could explain the
extreme salinity of the pore waters. However, the
Illinois Basin, for example, is not known to contain
such deposits. Therefore, it has been proposed that
these brines represent seawater which was partially
evaporated before it was enclosed in the pore network
as pore fluids (e.g. Hanor and McIntosh 2007). In
most of the continental basins in North America
these brines are hosted by Devonian and Silurian
sedimentary rocks, hence the brines are believed to
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Fig. 3.14 Graph showing depth versus salinity relationships
for three sedimentary basins: the lllinois, Alberta and Michigan
Basins in North America. For reference, sea water salinity is
indicated by the dashed line. (Adapted from Bense and Person
2008. Reproduced with permission of John Wiley & Sons.)

be of around the same age implying these fluids have
been largely immobile since those ancient geological
times.

As the salinity (and thus density) is increasing with
depth (Fig. 3.14), free convection is not likely to
occur. Topographic gradients could potentially drive
fresh meteoric groundwater into these saline aquifers
to dilute and displace the brines. However, in
many basins, hydrogeological forcing by water-table
gradients is not strong enough to flush out the brines.
Therefore, it seems a good assumption that these
deep brines, mostly due to their density, are more or
less stagnant with very little fluid movement even on
geological time scales. It is for this reason that deep
aquifers containing these brines have been considered
relatively safe localities for the sequestration of CO,
or even the long-term storage of nuclear waste.

3.7 Regional groundwater flow
systems driven predominantly
by shifting topography and
stress changes

Undulating water tables are often an important
driving mechanism for regional fluid flow. When



sufficient recharge occurs, the water table will mimic
surface topography. However, over geological time,
these topographic gradients can change. Such changes
occurring on geological timescales are now believed
to play a fundamental role in explaining the
characteristics of regional- to continental-scale fluid
flow systems.

There are two main geological processes that will
result in a significant shift in topographic gradients
over time which are discussed here. These are
orogeny and subsequent erosion, and the waxing and
waning of continental ice-sheets. A well-founded
understanding of the long-term development of fluid
flow systems on a continental scale as a result of
plate tectonic processes and glaciation is needed
to correctly interpret, and potentially predict, the
location of hydrocarbon accumulations, fresh water
bodies in otherwise saline aquifers, and the presence
of ore bodies.

3.7.1 Mountain building and erosion

Orogens are formed by the collision of continental
plates forced by continental drift caused by mantle
convection. Orogeny results in a vertical thickening
of the crust, while laterally crustal shortening occurs.
Consequently, mountain chains are built from rock
originally forming in sedimentary basins in which
compaction-driven flow and thermal convection
dominate (Fig. 3.15a). The ensuing mountain belt is
subsequently eroded through weathering processes.
This cycle happens on geological timescales of tens
of Ma. The development of strong topographic
gradients in a mountain chain can be expected to
drive an episodic mobilization of deep crustal fluids
especially in combination with increased pore
fluid pressures that will result from the tectonic
compression during mountain building (Fig. 3.15b).
Both the occurrence of lead-zinc ore deposits
(often referred to as Mississippi-Valley-type (MVT)
ore-deposits), as well as that of hydrocarbon
accumulations at basin margins, have been explained
as being the result of the expulsion of originally
deep-seated fluids with a high temperature, and
often a high salinity to the basin margins during and
for a while after orogeny. These continental-scale
migration pathways ceased to exist with erosion of
the topography, resulting in a more local character
of groundwater flow systems, and the waning of
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tectonic compression (Fig. 3.15¢). Emplacement of
these reactive, high-salinity fluids that are believed to
have migrated laterally over hundreds of kilometres
(literally at a continental scale), into a shallower
environment that contained sulfur from organic
sources meant that the metals contained in these
brines precipitated out as sulfides such as galena
(PbS) and sphalerite (ZnS). Deposits of this type
found in the United States and in Carboniferous
basins in Ireland now form a substantial part of the
world’s lead and zinc reserves. Where oil has migrated
from depth to an environment near to the surface
(Fig. 3.15b), bio-degradation and oxidation have
strongly increased the viscosity of the original
buoyant oil and a tar-like substance remains. The
latter type of deposit is exemplified by the now
economically-viable tar sand deposits found at the
eastern end of the Western Canada Sedimentary
Basin (e.g. Head er al. 2003).

3.7.2 Impact of glaciations on
regional hydrogeology

Ice-house conditions have prevailed across areas of
the Northern Hemisphere for most of the Pleistocene
(~2.5Ma until ~12ka), followed by the warm inter-
glacial period, the Holocene, experienced at present.
During the Late Pleistocene, ice-house conditions
prevailed for roughly 50% of the time alternating
with warm periods on a timescale of ~20-50ka. The
last glacial period lasted from ~90-12ka and the
period of maximum ice built-up during this period
is commonly referred to as the Last Glacial Maximum
(LGM) at around 18 ka. During the LGM, ice-sheets
reached down to 40° N across the North American
continent (Laurentian ice-sheet), and covered most
of Scandinavia in Europe (Eurasian ice-sheet). There
is ample evidence that past glaciations resulted in a
complete reorganization of regional hydrology and
hydrogeology as compared to interglacial periods
(Box 3.4). Many important aquifer systems at north-
ern latitudes are now thought to have received
significant volumes of fresh water recharge during
glacial periods from underneath ice-sheets. Analo-
gous to the situation on the continental shelves
discussed above (Section 3.6.1), evidence from geo-
chemistry and environmental isotopes suggests that
groundwater recharge rates in many glaciated areas
were significantly elevated during glaciations, which
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Fig. 3.15 Diagram showing the schematic evolution of the Western Canada Sedimentary Basin as an example of how tectonic
compression and mountain building lead to episodic continental-scale fluid migration. (a) During the late Palaeozoic, flow is driven
by compaction and thermal convection in a thick limestone aquifer. (b) During the Late Tertiary, uplift and mountain building result
in topography-driven flow becoming the dominant driving fluid flow. The extra ‘push’ provided by tectonic compression means
that continental-scale fluid migration pathways are established. These processes result in the long-range migration of oil produced
at depth in the mountain belt where the temperature and pressure conditions favour the production of oil. (c) At present, only
relatively local-scale topography-driven flow systems exist as a result of erosion and the absence of ongoing tectonic compression.
However, the tar sand deposits found near the surface are interpreted as being emplaced during Late Tertiary times when
continental-scale transport of hydrocarbons occurred. The occurrence of hydrocarbons near the surface leaves them prone to
oxidation and biodegradation. (Adapted from Garven 1995. Continental-scale groundwater flow and geologic processes. Annual
Review of Earth and Planetary Sciences 23, 89-117.)

led to the emplacement of pockets of fresh water are likely to have prevailed and prevented ground-
into, for example, the otherwise very saline ground- water recharge across those areas. The latter effect
water aquifers of the intercratonic basins in the is, again, confirmed by geochemical and isotope data
Canadian shield such as the Michigan, Illinois and (see Jirdkova et al. 2011).

Williston Basins (see Section 3.6.2). Although, appre- During glacial periods, in glaciated areas the thick-
ciable groundwater recharge might have occurred ness and the topography of the ice-sheet surface in
from underneath ice sheets, in the pro-glacial area combination with the availability of sub-glacial water

ahead of the ice sheet snout, permafrost conditions are the main parameters controlling groundwater
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Box 3.4 Reversal of regional groundwater flow patterns forced by ice-sheet waxing and
waning in the Williston Basin, Western Canada

The Williston Basin is a thick (up to Skm) sedimentary basin of Phanerozoic origin in south
western Canada and flanking states in the USA (Fig. 3.16). Since basin subsidence stopped at
least 500 Ma it is safe to assume that compaction-driven flow does not play a role in analysing
data from the basin. Hence, the present groundwater flow in this transboundary aquifer system
can be considered to be primarily topography-driven with recharge occurring over the
topographic highs along the southern end of the basin such as the Black Hills in South Dakota
and similar highs in Montana and Wyoming. Discharge of groundwater occurs mainly from
Devonian limestone aquifers outcropping in Manitoba, Canada. Thus, the basin hydrogeological
architecture suggests a regional groundwater flow pattern from south-west to north-east (Fig.
3.17a). In the deepest aquifers centrally in the basin, brines occur (see Section 3.6.2), which
currently emerge in springs in the main discharge area of the basin in Canada.

For the Williston Basin, a very extensive dataset is available of groundwater chemistry and
stable isotopes obtained via samples taken in water supply wells, test wells, oil wells and
springs. The collation of these data (Grasby et al. 2000) reveals that roughly three types of
groundwaters with very distinct geochemical signatures are present in the system (Fig. 3.18).
These are: (1) recent groundwater derived from present-day recharge (low-salinity, §'*0 ~ —12%o);

55°N

45° N

] Devonian Limestone

—
~ . Southern limit of the Laurentide 0 300 km

ice-sheet during the LGM

Fig. 3.16 Location map of the Williston Basin showing the Devonian limestone outcrops in the groundwater
recharge and discharge areas. Also shown are the southern limit of the Laurentide ice-sheet during the Last
Glacial Maximum (LGM) and the orientation of the hydrogeological cross-section shown in Fig. 3.17. (Adapted
from Grasby et al. 2000. Reproduced with permission of the Geological Society of America.)

continued on p. 130
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Fig. 3.17 Conceptual hydrogeological cross-section depicting: (a) the present-day flow field in the Williston
Basin; and (b) the reversal of the regional groundwater flow system as inferred by Grasby et al. (2000) mainly
from geochemical data (Fig. 3.18). (Adapted from Grasby et al. 2000. Reproduced with permission of the
Geological Society of America.)

(2) brine (high-salinity; 6'*O ~ +3%o); and (3) low-salinity groundwater (80 ~ —24%.). The
third type of groundwater is interpreted as derived from Pleistocene meltwater because of the
low-salinity in combination with an isotope signature suggesting recharge temperatures
substantially lower than those of today’s climatic conditions.

The designation of three different types of groundwater found in the Williston Basin allows
identification of the primary hydrodynamic mechanisms within the basin. Figure 3.18 shows
that mixing between the three principal water types occurs in particular between the Pleistocene
meteoric water and the deep basinal brines. Spatial identification of the zone of mixing between
Pleistocene water and brines shows that this occurs within a distinct zone along the eastern
flank of the basin. Supported by additional geomorphological evidence and patterns of the
degree of biodegradation of crude oil in the basement, which indicate the influx of oxygenated
water, the present-day distribution of Late Pleistocene water in the Williston Basin, and its
mixing relation to the deeper brines, is interpreted by Grasby et al. (2000) to strongly suggest
that during the Late Pleistocene a significant westward influx of groundwater occurred on the
east flank of the basin. For this groundwater recharge regime to have existed in the past,
however, requires a complete reversal of present-day hydraulic gradients since current

continued




Geological Society of America.)

Fig. 3.18 (a) Plot of groundwater oxygen-isotope ratios and salinity (total dissolved solids, TDS) interpreted to
show that regional-scale mixing of glacial meltwater and basinal brines has occurred in the current groundwater
discharge area of the Williston Basin. (b) The mixing of groundwater in the current discharge area is further
illustrated by Na:Cl and Br:Cl ratios. (Adapted from Grasby et al. 2000. Reproduced with permission of the
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topographic gradients and the occurrence of springs identify the eastern part of the Williston
Basin as an area of groundwater discharge rather than one of recharge. Therefore, Grasby
et al. (2000) proposed that the southern limit of the Laurentide ice sheet covering the
northeastern half of the Williston Basin must have had the hydraulic capacity to accomplish
such regional-scale reversal of groundwater flow directions, a situation which is depicted in
Fig. 3.17(b). In this scenario, substantial recharge of the aquifers in the current discharge area
occurs and a zone of intense hydrodynamic mixing is established where the deep basinal brines
are mobilized by the ‘push’ of the inflowing fresh water from underneath the ice-sheet, possibly

from a sub-glacial lake.

recharge and discharge conditions on a regional
scale. This is in strong contrast with the hydrogeo-
logical situation during temperate climatic condi-
tions when groundwater recharge rates are
determined by surface topography-controlled water
table gradients in combination with the availability
of water for recharge, constrained mostly by mete-
orological conditions. Appreciation of these long-
term shifts in recharge conditions is important
because it will lead to the realization that fresh water
abstracted from aquifers that were recharged under
ice-house conditions might not be rapidly replen-
ished under present-day climatic conditions.

To understand hydrogeological conditions during
glaciation it is of paramount importance to evaluate

what is controlling the volumes and rates of
groundwater recharge from underneath an ice-sheet.
Ice-sheets can either have an appreciable amount of
liquid water at their base (wet-based or temperate ice
sheets), or be mostly frozen to the ground (dry-based
or polar ice sheets). Whether an ice-sheet is either
wet- or dry-based depends on a number of factors
controlling the temperature at the ice-bed. Liquid
water at the base of an ice-sheet can come directly
from in situ melting of ice, or be present indirectly
from the routing towards the bed of surface melt
water or of melt water from within the ice-sheet
(englacially). The latter mechanism requires the
existence of crevasses and/or other types of fracture
systems in the ice providing an efficient conduit
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Fig. 3.19 Diagram showing the hydrogeology of ice-sheet margins. Englacial passages in ice sheets can deliver liquid water to the
ice-sheet base where it can potentially recharge subglacial aquifers. In such a case, groundwater flow (Q,) can occur from
underneath the ice sheet to areas of groundwater discharge in the proglacial area where discontinuities exist in the otherwise
relatively impermeable permafrost. Examples of discontinuities include sufficiently insulating surface-water bodies such as lakes or
large rivers. Otherwise, subglacial water will be routed along the ice-sheet bed via subglacial tunnels and exit at the toe of the ice

sheet (Q,).

between the surface and the ice-sheet base (Fig.
3.19). The heat required for melting at the base of
the ice sheet can come from mechanical friction
(drag) between the ice and the substratum, in
combination with a supply of geothermal heat from
the rocks underneath the ice sheet, because the ice
sheet will act partially as a thermal blanket. Hence,
surface temperature conditions, ice thickness and ice
flow dynamics will in this way largely control the
possibility of liquid water occurring at the ice sheet
base. Not all water present underneath a wet-based
ice sheet will infiltrate. Water can either flow along
the interface of the ice-sheet and the substratum, or
it can infiltrate the subsurface into aquifers present
in the bedrock (Fig. 3.19).

The permeability of the rocks underlying the ice-
sheet will to a large extent control the possibility of
sub-glacial drainage via the subsurface as ground-
water recharge. The presence of permafrost in the
underlying strata, which would reduce permeability
to almost zero, would prohibit infiltration of sub-
glacial water. Permafrost will usually often be present
in the pro-glacial area over which the ice-sheet
expands. However, underneath wet-based ice-sheets,
temperatures are near the melting point and this will
cause the permafrost underneath most of the ice-
sheet to thaw over time, except for the zone near the
ice-sheet snout.

As will be clear from the above, the evaluation of
the potential for and rates of groundwater recharge

from underneath ice sheets requires the consideration
of a suite of processes and environmental conditions.
Many of these are unknown for the LGM and
idealized model representations of regional to
continental-scale hydrogeological conditions (see
Bense and Person 2008; Lemieux et al. 2008) take
these processes into account to illustrate how highly
elevated rates of groundwater recharge will have
existed underneath continental ice sheets during past
glaciations, as well as providing a sense of its spatial
and temporal variability. With the insights of such
idealized model results, current distributions of
‘anomalous’ fresh water occurrences recharged
during glacial times can be better understood and
the water resource they represent more efficiently
managed.

While the relevance of understanding the impact
of glaciations as a geological process to regional
groundwater of relatively shallow depth (several
hundreds of metres) is evident, the hydrogeology of
much deeper aquifers is also affected by glaciation.
As a result of the locally increasing weight of the
ice-sheet while accreting at the start of a glacial
period, underlying strata are mechanically loaded
in an analogous way to sediments in subsiding
sedimentary basins. Hence, the increase in total
stress caused by the thickening of an ice sheet can
lead to compaction and the associated generation
of overpressure. The development of hydraulic
head gradients via this mechanism can result in



groundwater movement in very deep aquifers which
are otherwise not directly impacted by the imposition
of high hydraulic heads at the surface by the ice sheet
(Plate 3.2). When the period of glaciation ends, the
opposite effect occurs, generating sub-hydrostatic
pressure regimes (under-pressure), in an analogous
way to the impacts of erosion on fluid pressures. The
generated over- and under-pressures caused by ice-
sheet loading and unloading will in part cancel each
other out. However, in between the phases of ice-
sheet build up and retreat, pressures will start to
dissipate so that a resultant anomalous pressure field
will remain after glaciations in the deeper aquifers.
The dissipation of anomalous pore pressures
will take millennia, particularly in relatively thick
sequences of low-permeability rocks. Numerical
simulations (Bense and Person 2008) have shown
thatit s likely that present pore pressure distributions
in deep aquifers underneath areas formerly covered
by ice-sheets still reflect the hydrogeological
conditions experienced during the ice-house period
that ended ~12ka.

The long-term stability of fluids in aquifers at
several kilometres depth is of importance for
consideration of the safety of the sequestration of
CO, or the burial of nuclear waste in such locations.
The potential hydrogeological impact of future
glaciations on deep aquifer systems is one of the
main concerns in the safety assessment of nuclear
waste repositories at high-latitudes (e.g. Canada and
Sweden) which require groundwater movements
ideally to remain minimal for at least the coming few
millennia. An improved understanding of the effects
past glaciations have had on regional hydrogeological
conditions will greatly aid the evaluation of whether
such conditions can be expected with future changes
of climate and possibly renewed glaciation.

3.8 Coupling and relative importance
of processes driving fluid flow

This chapter demonstrates that on time scales of
thousands to millions of years, geological processes
such as subsidence in sedimentary basins, mountain
building, sea-level fluctuation and glaciation can have
profound impacts on the rates and direction of
groundwater movement. In particular, when regional-
scale systems are considered, patterns of groundwater
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flow, and the distribution of fresh and saline
groundwater will often be difficult to interpret if such
processes are not taken into account. However, not
only the current geological forcing of groundwater
systems needs to be considered (e.g. present-day
climatic conditions) but also past conditions which
still have a lasting signature on the system. This is
because geological processes often operate on
timescales of millennia and longer, and groundwater
systems are slow to respond to changes in boundary
conditions. Many current hydrogeological patterns
represent a transient state in which groundwater
fluxes are reflecting the adjustment to present
conditions from a past change in boundary conditions.

It is not just the common transient state of deep
groundwater flow systems which complicates the
interpretation of groundwater flow patterns. Another
difficulty in the analysis of groundwater flow systems
for geological processes is that these can operate
simultaneously as a result of which it becomes
difficult to unravel the relative importance of each
and to judge which simplifications are justified in the
analysis of hydrogeological data. One example of
the interference of processes is that the build-up of
continental ice-sheets and their subsequent waning
can have comparable impacts on regional fluid flow
as mountain building and erosion. This has lead to
discussion in the literature (e.g. Neuzil 2012) as to
whether under-pressures observed in thick shale
units in the Williston Basin can be attributed to
deglaciation or erosional unloading, or a combination
of the two processes.

The field examples and mechanisms presented in
this chapter show that the impact of geological
processes on deep and long-term groundwater flow
is profound. Such processes have implications for
humanity’s informed use and exploitation of deep
aquifer systems either as sources of drinking water
(e.g. the Nubian aquifer in north-east Africa (Box
10.1) and off-shore groundwater) or as loci to store
substances unwanted at the surface (such as excess
CO, or nuclear waste).

Further reading

Ingebritsen, S.E., Sanford, W.E. and Neuzil, C.E. (2006)
Groundwater in Geologic Processes (2nd edn). Cambridge
University Press, New York.
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Person, M., Raffensperger, J., Ge, S. and Garven, G. (1996)
Basin-scale hydrogeological modelling. Reviews of
Geophysics 34, 61-87.

Post, V.E.A., Groen, J., Kooi, H., Person, M., Ge, S. and
Edmunds, W.M. (2013) Offshore fresh groundwater
reserves as a global phenomenon. Nature 504, 71-78.
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4 Chemical hydrogeology

4.1 Introduction

The study of groundwater chemistry, or hydrochem-
istry, is useful in hydrogeology in a number of ways.
Interpretation of the distribution of hydrochemical
parameters in groundwater can help in the under-
standing of hydrogeological conditions and can also
aid decisions relating to the quality of water intended
for drinking water. Hydrochemical processes are also
significant in attenuating groundwater contaminants.
In this chapter, the major hydrochemical processes of
importance in groundwater are introduced. Interpre-
tation techniques for combining data and defining
hydrochemical types are also discussed as part of an
integrated approach to understanding groundwater
flow mechanisms.

4.2 Properties of water

The chemical structure of water is illustrated in
Fig. 4.1 which shows one oxygen atom bonded
asymmetrically to two hydrogen ions with a bond
angle of 105°. The shape results from the geometry
of the electron orbits involved in the bonding.
Oxygen has a much higher electronegativity (a
measure of the tendency of an atom to attract an
additional electron) than hydrogen and pulls the
bonding electrons towards itself and away from the
hydrogen atom. The oxygen thus carries a partial
negative charge (usually expressed as 6-), and each
hydrogen a partial positive charge (6+), creating a
dipole, or electrical charges of equal magnitude and
opposite sign a small distance apart. As a consequence,
the opposite charges of water molecules attract each
other to form clusters of molecules, through a type
of interaction known as hydrogen bonding. The size
of the clusters increases with decreasing temperature

reaching a maximum at 4°C. When water is cooled
from 4°C to 0°C the size of the clusters creates a
more open structure and the water becomes less
dense, with further expansion on freezing. Hence, ice
has a lower density than liquid water. Values for
water density, viscosity, vapour pressure and surface
tension over a temperature range of 0-100°C are
given in Appendix 2.

As illustrated in Table 4.1, water is not simply
H,O but rather a mixture of six molecules depending
on the hydrogen and oxygen isotopes that combine
to form the water molecule. Eighteen combinations
are possible, the most common of which is 'H,"O.
Pure water contains hydrogen and oxygen in ionic
form as well as in the combined molecular form. The
ions are formed when water dissociates as follows:

H,Oe H"+0OH" eq. 4.1

The H' ion is normally in the form H;O" (the
hydronium ion) and in rock-water interactions, the
transfer of protons (H* ions) between the liquid and
solid phases is known as proton transfer, an important
consideration in carbonate chemistry.

The polarity of the water molecule makes water
an effective solvent for ions; the water molecules are
attracted to the ions by electrostatic forces to form
a cluster with either oxygen or hydrogen oriented
towards the ions as shown in Fig. 4.2. This
phenomenon is known as hydration and acts to
stabilize the solution. Polar solvents such as water
easily dissolve crystalline solids like sodium chloride
(NaCl) and break down the ionic crystal into a
solution of separately charged ions:

H0
Na*Cl~ & Naj,, +Cliyy) eq. 4.2
Positively charged atoms like sodium are known as

cations, while negatively charged ions like chloride
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Fig. 4.1 The structure of the water molecule showing the
dipole created by the partial negative charge on the oxygen
atom and partial positive charge on each hydrogen atom.
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Table 4.1 The relative abundance of hydrogen and oxygen
isotopes in the water molecule.

Isotope Relative abundance  Type
H Proteum 99.984 Stable
’H Deuterium 0.016 Stable
°H Tritium 0-107"° Radioactive*
'*0 Oxygen 99.76 Stable
70 Oxygen 0.04 Stable
¥0 Oxygen 0.20 Stable
* Half-life = 12.3 years
(o}
H H
H H

(0]

Hydrogen inwards
around anions

Fig. 4.2 Water molecules surrounding a positively charged cation and a negatively charged anion to form hydrated ions.

are called anions. When writing chemical equations,
the sum of charges on one side of the equation must
balance the sum of charges on the other side. On the
left-hand side of eq. 4.2, NaCl is an electrically
neutral compound, while on the right-hand side, the
aqueous sodium and chloride ions each carry a single
but opposite charge so that the charges cancel, or
balance, each other.

The degree of hydration increases with increasing
electrical charge of the dissociated ion and also with

decreasing ionic radius. Because cations are generally
smaller than anions, cations are usually more strongly
hydrated. The effect of hydration is to increase the
size of an ion and so reduce its mobility and affect
the rates of chemical reaction. In addition, the
complexation of cations, particularly the transition
metals such as iron, copper, zinc, cobalt and
chromium, where the ions chemically bond with
water molecules, leads to the creation of complex
ions of fixed composition and great chemical stability.



4.3 Chemical composition
of groundwater

The chemical and biochemical interactions between
groundwater and the geological materials of soils and
rocks provide a wide variety of dissolved inorganic and
organic constituents. Other important considerations
include the varying composition of rainfall and
atmospheric dry deposition over groundwater recharge
areas, the modification of atmospheric inputs by
evapotranspiration, differential uptake by biological
processes in the soil zone and mixing with seawater in
coastal areas. As shown in Table 4.2, and in common
with freshwaters in the terrestrial aquatic environment,
the principal dissolved components of groundwater
are the six major ions sodium (Na), calcium (Ca®*),
magnesium (Mg®"), chloride (CI), bicarbonate
(HCO3) and sulfate (SO%"). These cations and anions
normally comprise over 90% of the total dissolved

Table 4.2 Chemical composition of groundwater divided into
major and minor ions, trace constituents and dissolved gases.
(Adapted from Freeze and Cherry 1979. Reproduced with
permission of Pearson Education, Inc.)

Major ions (>5mgL™")

Bicarbonate Sodium
Chloride Calcium
Sulphate Magnesium
Silicon
Minor ions (0.01-10.0mgL™")
Nitrate Potassium
Carbonate Strontium
Fluoride Iron
Boron
Trace constituents (<0.1mgL™")
Aluminium Molybdenum
Arsenic Nickel
Barium Phosphate
Bromide Platinum
Cadmium Radium
Caesium Selenium
Chromium Silver
Cobalt Thorium
Copper Tin
Gold Titanium
lodide Uranium
Lead Vanadium
Lithium Zinc
Manganese
Dissolved gases (trace — 10mgL™")
Nitrogen Methane
Oxygen Hydrogen sulphide

Carbon dioxide Nitrous oxide
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solids content, regardless of whether the water is dilute
rainwater or has a salinity greater than seawater
(typical analyses of rainwater and seawater are given
in Appendix 5). Minor ions include potassium (K*),
dissolved iron (Fe*), strontium (Sr**) and fluoride
(F) while aqueous solutions commonly also contain
amounts of trace elements and metal species. The
introduction of contaminants into groundwater from
human activities can result in some normally minor
ions reaching concentrations equivalent to major ions.
An example is nitrate, as excessive application of
nitrogenous fertilizers can raise nitrate concentrations
in soil water and groundwater to levels in excess of
50mgL™ (see Box 4.1 for a discussion of the different
concentration units used in hydrochemistry).

Organic compounds
groundwater at very low concentrations of less than
0.1mgL™" as a result of oxidation of organic matter
to carbon dioxide during infiltration through the soil
zone (Section 4.7). In environments rich in organic
carbon such as river floodplains and wetlands,
biogeochemical processes can generate anaerobic
groundwater conditions and the production of
dissolved gases such as nitrogen (N,), hydrogen
sulfide (H,S) and methane (CH,). Other dissolved
gases include oxygen (O,) and carbon dioxide (CO,)
mostly of an atmospheric source, and nitrous oxide
(N,O) from biogeochemical processes in soils and
groundwater. Radon (**’Rn) gas, a decay product
of uranium (U) and thorium (Th), is common in
groundwater and can accumulate to undesirable
concentrations in unventilated homes, mines and
caves. Uranium is present in crustal rocks (e.g. in the
mineral uranite, UQO,), silicates (e.g. in the mineral
zircon, ZrSiO,) and phosphates (e.g. in the mineral
apatite, Cas(PO,);(OH, E Cl)) and is common in
granitic rocks but also in other rock types, sediments
and soil. Radon and its decay products such as
polonium (*"*Po and *'°Po) and ultimately isotopes
of lead (Pb) are harmful when inhaled by humans.

Minor concentrations of the inert gases argon
(Ar), helium (He), krypton (Kr) and xenon (Xe) are
found dissolved in groundwater and these can
provide useful information on the age and temperature
of groundwater recharge and therefore help in the
interpretation of hydrochemical and hydrogeological
conditions in aquifers (Section 4.5).

The degree of salinization of groundwater
expressed as the total dissolved solids (TDS) content

are usually present in
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Box 4.1 Concentration units used in hydrochemistry

Concentration is a measure of the relative amount of solute (the dissolved inorganic or organic
constituent) to the solvent (water). A list of atomic weights is supplied in Appendix 4.

There are various types of concentration unit as follows:

Molarity (M): number of moles of solute dissolved in 1L of solution (molL™). For example,
if we have 10 grams of potassium nitrate (molar mass of KNO; = 101 grams per mole) then
this is (10g)/(101 gmol™) = 0.10 moles of KNO;. If we place this in a flask and add water
until the total volume = 1L we would then have a 0.1 molar solution. Molarity is usually
denoted by a capital M, for example a 0.10M solution. It is important to recognize that
molarity is moles of solute per litre of solution, not per litre of solvent, and that molarity
changes slightly with temperature because the volume of a solution changes with temperature.

Molality (m): number of moles of solute dissolved in 1kg of solvent (molkg™). Notice that,
compared with molarity, molality uses mass rather than volume and uses solvent instead of
solution. Unlike molarity, molality is independent of temperature because mass does not change
with temperature. If we were to place 10g of KNO; (0.10 moles) in a flask and then add one
kilogram of water we would have a 0.50 molal solution. Molality is usually denoted with a
small m, for example a 0.10m solution.

Mass concentration: this unit of concentration is often used to express the concentration of
very dilute solutions in units of parts per million (ppm) or, more commonly, mg L™'. Since the
amount of solute relative to the amount of solvent is typically very small, the density of the
solution is approximately the same as the density of the solvent. For this reason, parts per
million may be expressed in the following two ways:

ppm = mg of solute/L of solution
ppm = mg of solute/kg solution

Chemical equivalence: the concept of chemical equivalence takes into account ionic charge and
is useful when investigating the proportions in which substances react. This aspect of chemistry
is called stoichiometry.

Equivalents per litre (eq L™') = number of moles of solute multiplied by the valence of the
solute in 1L of solution. From this it follows that meq L™ = mg L™ x (valence/atomic weight).

As an example of the application of chemical equivalence, take the effect of ion exchange
when a fresh groundwater in contact with a rock is able to exchange a chemically equivalent
amount of calcium (a divalent cation with atomic weight = 40g) with sodium (a monovalent
cation with atomic weight = 23 g) contained within the aquifer. If the groundwater has an
initial calcium concentration of 125mgL™" and sodium concentration = 12mgL™, what will
be the new groundwater sodium concentration if all the calcium were exchanged with the clay

material?
Initial calcium concentration =125 mg L' X(2/40) = 6.25 meq L'
Initial sodium concentration =12 mg L' x(1/23) = 0.52 meq L™

New sodium concentration after ion exchange = 6.25+0.52 = 6.77 meq L™
= 6.77x(23/1)=155.71 mg L'

Therefore, the extra sodium contributed to the groundwater by ion exchange is ~ 144 mgL™".




Table 4.3 Simple classification of groundwater based on total
dissolved solids (TDS) content. (Adapted from Freeze and
Cherry 1979. Reproduced with permission of Pearson
Education, Inc.)

Category TDS (mg L)

Freshwater 0-1000

Brackish water 1000-10000

Saline water (seawater) 10000-100000 (35000)
Brine water >100000

Note: TDS > 2000-3000mgL™" is too salty to drink

is a widely used method for categorizing groundwa-
ters (Table 4.3). In the absence of any specialist
analytical equipment for measuring individual dis-
solved components, a simple determination of TDS
by weighing the solid inorganic and organic residue
remaining after evaporating a measured volume of
filtered sample to dryness, can help determine the
hydrochemical characteristics of a regional aquifer.
Equally, a measurement of the electrical conductivity
(EC) of a solution will also give a relative indication
of the amount of dissolved salts, made possible by
the fact that groundwater is an electrolytic solution
with the dissolved components present in ionic form.
For any investigation, it is possible to relate the TDS
value to electrical conductivity (usually expressed in
units of micro-siemens centimetre™') as follows:

TDS(mg L") = k.. EC(uS cm™) eq. 4.3

where the correlation factor, k., is typically between
0.5 and 0.8 and can be determined for each field
investigation. The electrical conductivity for fresh
groundwater is of the order of 100suScm™ while
rainwater is of the order of 10suScm™ and brines
100000suScm™. Given that ionic activity, and
therefore electrical conductivity, increases with
temperature at a rate of about a 2% per °C,
measurements are usually normalized to a specific
temperature of 25°C and recorded as SEC,;s.

4.4 Sequence of hydrochemical
evolution of groundwater

In a series of three landmark papers, and based on
nearly ten thousand chemical analyses of natural
waters, Chebotarev (1955) put forward the concept
that the salinity distribution of groundwaters obeys
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a definite hydrological and geochemical law which
can be formulated as the cycle of metamorphism
of natural waters in the crust of weathering.
Chebotarev (1955) recognized that the distribution
of groundwaters with different hydrochemical facies
depended on rock-water interaction in relation to
hydrogeological environment, with groundwaters
evolving from bicarbonate waters at outcrop to
saline waters at depth in the Earth’s crust.

In a later paper, Hanshaw and Back (1979)
described the chemistry of groundwater as a result
of the intimate relationship between mineralogy and
flow regime because these determine the occurrence,
sequence, rates and progress of reactions. With
reference to carbonate aquifers, Hanshaw and Back
(1979) presented the conceptual model shown in Fig.
4.3 to depict the changes in groundwater chemistry
from the time of formation of a carbonate aquifer
through to the development of the aquifer system.
When carbonate sediments first emerge from
the marine environment, they undergo flushing of
seawater by freshwater during which time the salinity
decreases and the hydrochemical facies becomes
dominated by Ca—-HCO;. At this time, the carbonate
sediments are selectively dissolved, recrystallized,
cemented and perhaps dolomitized to form the rock
aquifer. Gradually, as recharge moves downgradient
(R = D in Fig. 4.3), Mg*" increases due to dissolution
of dolomite and high-magnesium calcite while Ca*
remains relatively constant. With this chemical
evolution, SO~ increases as gypsum dissolves and
HCO; remains relatively constant. For coastal
situations or where extensive accumulations of
evaporite minerals occur, highly saline waters or
brines result (R — M/B in Fig. 4.3).

In interpreting groundwater chemistry and
identifying hydrochemical processes it is useful to
adopt the concept of hydrochemical facies or
water type introduced by Chebotarev (1955). A
hydrochemical facies is a distinct zone of groundwater
that can be described as having cation and anion
concentrations within definite limits. A pictorial
representation of the typical changes in hydrochemical
facies along a groundwater flowpath is shown in Fig.
4.4. Dilute rainwater with a Na—Cl water type and
containing CO, enters the soil zone whereupon
further CO,, formed from the decay of organic
matter, dissolves in the infiltrating water. Where
relevant, the application of agricultural chemicals



140 Hydrogeology: Principles and Practice

Recharge area

Increasing distance downgradient

>
»

R Increasing temperature D
High CO, T3Co; 13co;,
Low 502; Dissolve gypsum, dolomite and TsoZA— Dissolve gypsum, dolomite; 1s0%
Low CaZ* calcite Tca?t precipitate calcite Tca?t
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Fig. 4.3 Schematic model showing the evolution of the chemical character of groundwater in carbonate aquifers. In areas of
recharge (R), the high concentrations of CO, and low dissolved solids content cause solution of calcite, dolomite and gypsum. As
the concentrations of ions increase and their ratios change downgradient (D), groundwater becomes saturated with respect to
calcite which begins to precipitate. Dedolomitization (dissolution of dolomite to form calcite with a crystalline structure similar to
dolomite) occurs in response to gypsum solution with calcite precipitation. Where extensive accumulations of evaporite minerals
occur, their dissolution results in highly saline brines (B). Another common pathway is caused by mixing with seawater (M) that has
intruded the deeper parts of coastal aquifers. (Adapted from Hanshaw and Back 1979. Reproduced with permission of Elsevier.)

such as fertilizers add further Na*, CI" and K*, NO3,
PO3 . Within the soil and unsaturated zone, the
dissolved CO, produces a weakly acidic solution of
carbonic acid, H,CO;, which itself dissociates and
promotes the dissolution of calcium and magnesium
carbonates giving a Ca-Mg-HCO; water type.
Away from the reservoir of oxygen in the soil and
unsaturated zone, the groundwater
increasingly anoxic below the water table with
progressive reduction of oxygen, nitrate and sulfate
linked to bacterial respiration and mineralization of
organic matter. Under increasing reducing conditions,
Fe and Mn become mobilized and then later
precipitated as metal sulfides (Section 4.9). In the
presence of disseminated clay material within the
aquifer, ion exchange causes Ca®" to be replaced by
Na" in solution and the water evolves to a Na-HCO;
water type. In the deeper, confined section of the
aquifer, mixing with saline water occurs to produce
a Na-Cl water type before a region of static water
and aquifer diagenesis is reached. Either part or all
of this classic sequence of hydrochemical change is
identified in a number of aquifers including the Great
Artesian Basin of Australia (see Box 2.10), the
Floridan aquifer system (see Box 4.2) and the Chalk
aquifer of the London Basin (Ineson and Downing
1963; Mihlherr et al. 1998).

becomes

4.5 Groundwater sampling and
graphical presentation of
hydrochemical data

The aim of field sampling is to collect a raw water
sample that is representative of the hydrochemical
conditions in the aquifer. To obtain a groundwater
sample for analysis some type of sampling device is
required, for example a bailer, depth sampler, gas lift
sampler or pump (inertial, suction or submersible) in
either an open hole or borehole, or from purpose-
designed piezometers or nested piezometers. Care
must be taken to first flush the water standing in the
well or borehole by removing up to three or four
times the well or borehole volume prior to sampling.
Abstraction boreholes that are regularly pumped
provide a sample that is representative of a large
volume of aquifer whereas depth-specific sampling
from a multi-level system, or from a section of
borehole column isolated by inflatable packers,
provides discrete samples that are representative of
a small volume of aquifer. For a comparison of the
performances of various depth sampling methods,
the reader is referred to Price and Williams (1993)
and Lerner and Teutsch (1995).

Groundwater samples can be conveniently
collected in new or cleaned screw-cap, high-density



Chemical hydrogeology 141

Rainwater — dilute solution
(NacCl of marine origin, dissolved CO,)

zone

Unsaturated
zone

AV4

Soil Addition of soil CO, and fertilizer
NO3, PO4, Cl, Na, K

Solution of Ca and Mg carbonates

Ca-Mg-HCO;s water

Aquifer

Saturated \’
zone Bacterial reduction of

Direction of groundwater flow;

increasing confinement of \

Fig. 4.4 Schematic diagram of the
evolution of groundwater along a
flowpath from recharge area to
confined section showing important
hydrochemical processes that affect the
chemical composition of groundwater.
The processes shown are not wholly
sequential in that ion exchange can
occur without substantial redox
reactions (Section 4.9).

groundwater

polyethylene bottles. When filling sampling bottles,
the bottle should first be rinsed two to three times
with the water sample and, for samples containing
suspended sediment or particles, filtered using
a 0.45um membrane filter. A 0.1um filter is
recommended where trace metals are to be analyzed.
Typically, several filled sample bottles are collected
at one site, with one sample preserved to stabilize
the dissolved metals in solution. The conventional
method of preservation prior to analysis is to add a
few drops of concentrated nitric or acetic acid after
the sample has been collected and filtered to lower
the pH to 2. A test using pH paper can be applied
to indicate if the pH after acidification is adequate.
Once collected, samples should be stored in a cool
box and shipped as soon as possible, ideally the same
day, to the laboratory for storage at 4°C in order to
limit bacterial activity and degradation of nutrient

02, NO3, SO4

Leaching of iron oxides;
precipitation of metal
sulphides

\

lon exchange
Na-HCOs water

Saline water
Na-Cl water

N\

Static water;
aquifer
diagenesis

species (NO3, SOF™ and POY"). Freezing of samples
should be avoided as this can lead to precipitation
of some elements.

While at a sampling location, and as part of the
sampling methodology, the well-head chemistry
should be measured, again with the aim of collecting
data representative of the hydrochemical conditions
in the aquifer. Parameters such as temperature, pH,
redox potential (Eb) and dissolved oxygen (DO)
content will all change once the groundwater sample
is exposed to ambient conditions at the ground
surface, and during storage and laboratory analysis.
On-site measurement of electrical conductivity (EC)
and alkalinity should also be conducted. To limit the
exsolution of gases from the groundwater, for
example the loss of CO, which will cause the pH
value of the sample to increase, and in order to
prevent mixing of atmospheric oxygen with the
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Box 4.2 Hydrochemical evolution in the Floridan aquifer system

The Floridan aquifer system occurs in the south-east of the United States (Fig. 4.5) and is one
of the most productive aquifers in the world. The aquifer system is a vertically continuous
sequence of Tertiary carbonate rocks of generally high permeability. Limestones and dolomites
are the principal rock types, although in south-western and north-eastern Georgia and in South
Carolina, the limestones grade into lime-rich sands and clays. The Floridan aquifer is composed
primarily of calcite and dolomite with minor gypsum, apatite, glauconite, quartz, clay minerals
and trace amounts of metallic oxides and sulfides.

The aquifer system generally consists of an Upper and Lower Floridan aquifer separated by
a less permeable confining unit having highly variable hydraulic properties (Fig. 4.6). The
Upper Floridan aquifer is present throughout but the Lower Floridan is absent in most of
northern Florida and Georgia. Recharge occurs primarily in outcrop areas of Alabama, Georgia
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Fig. 4.5 Map of the extent of the Upper Floridan aquifer showing the relation between the spatial distribution
of chloride concentrations and areas of confined-unconfined groundwater conditions. (Adapted from Sprinkle
1989.)

continued
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Fig. 4.6 Hydrogeological section of part of the Upper Floridan aquifer. The line of section A-A” from Highlands
County to Charlotte County is shown in Fig. 4.5. (Adapted from Sprinkle 1989.)

and north-central Florida. Most discharge is to rivers and springs with only a small fraction
(<5%) discharged directly into the sea. Where the system is unconfined, recharge is rapid and
groundwater circulation and discharge rates are high, and secondary permeability is developed
by mineral dissolution. Where confining units are thick, the carbonate chemistry of the
groundwater evolves in a closed-system (Section 4.7) and the development of secondary
permeability and flushing of residual saline water within the aquifer system is slow (Sprinkle
1989).

In an extensive study of the hydrochemistry of the Floridan aquifer system, Sprinkle (1989)

identified the following major hydrochemical processes:

1. dissolution of aquifer minerals towards equilibrium;

2. mixing of groundwater with seawater, recharge or leakage;
3. sulfate reduction; and

4. cation exchange between water and rock minerals.

A sequence of hydrochemical evolution is observed starting with calcite dissolution in
recharge areas that produces a Ca-HCO; dominated water type with a TDS concentration of
generally less than 250 mg L™'. Downgradient, dissolution of dolomite leads to a Ca-Mg-HCO;
hydrochemical facies. Where gypsum is abundant, sulfate becomes the predominant anion.
In coastal areas, as shown in Fig. 4.5, seawater increases the TDS concentrations and the
hydrochemical facies changes to Na-Cl. Leakage from underlying or adjacent sand aquifers in
south-central Georgia enters the Floridan aquifer and lowers TDS concentrations but does not

continued on p. 144
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Fig. 4.7 Hydrochemical section along line A-A” (see Fig. 4.6) showing the variation in the concentrations of
major ions downgradient in the direction of groundwater flow. (Adapted from Sprinkle 1989.)

change the hydrochemical facies. In the western panhandle of Florida, cation exchange leads
to the development of a Na-HCOj; water type.

The hydrogeological and hydrochemical sections shown in Figs 4.6 and 4.7 illustrate the
main features of the hydrochemical environment in south Florida. The confining unit of
the Upper Floridan aquifer is thick along this section and there are evident changes in the
concentrations of the major ions in the general direction of groundwater flow. Chemical
stratification of the Upper Floridan aquifer may be indicated by the fact that concentrations
of Ca*, Mg* and SO7™ in water from the Lake June in Winter (LJIW) well are greater than
in water from the downgradient Fort Ogden well, which is about 100m shallower than the
LJIW well. However, the Fort Ogden well is nearer the coast and Na* and CI™ concentrations
increase by about three times compared with concentrations at the LJTW well.




sample and so affecting the Eh and DO values,
measurements should be made on a flowing sample
within an isolation cell or flow cell. The flow cell
is designed with a plastic tube leading from the
sampling tap into the base of the cell and an overflow
tube at the top of the cell. The lid of the flow cell
has access holes into which the various measurement
probes can be inserted. A typical time to allow for
the Eb and DO electrodes to stabilize in the flow cell
prior to recording the final values is between 20 and
30 minutes. For further information on hydrochemical
parameter measurement and sample collection,
including sampling of springs and pore waters, the
reader is referred to Lloyd and Heathcote (1985) and
Appelo and Postma (1994).

Before attempting any hydrochemical interpreta-
tion, it is first necessary to check the quality of labo-
ratory chemical analyses and that the condition of
electroneutrality has been met whereby the sum of
the equivalent weight of cations equates to the sum
of the equivalent weight of anions. This check is
commonly carried out by calculating the ionic
balance error of the major ions where:

Ton balance error(%) = {(z cations — Z anions)/

(2 cations + 2 anions)} x100

An ionic balance error of less than 5% should be
achievable with modern analytical equipment and
certainly less than 10%. Larger errors are unaccept-
able and suggest that one or more analyses are in error.
Various methods have been developed for the
visual inspection of hydrochemical data in order to
look for discernible patterns and trends. By grouping
chemical analyses it becomes possible to identify
hydrochemical facies and begin to understand
the hydrogeological processes that influence the
groundwater chemistry. The simplest methods
include plotting distribution diagrams, bar charts,
pie charts, radial diagrams and pattern diagrams (as
presented by Stiff 1951). Although these are easy to
construct, they are not convenient for graphical
presentation of large numbers of analyses and for
this reason other techniques are used including
Schoeller (named after Schoeller 1962), trilinear
(Piper 1944) and Durov (Durov 1948) diagrams.
The distribution diagram shown in Fig. 4.8
represents of Na* and CI" in

eq. 4.4

concentrations
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groundwaters of the Milk River aquifer system
located in the southern part of the Western Canadian
Sedimentary Basin. The Milk River aquifer is an
artesian aquifer, one of several sandstone units
developed within a Tertiary—Cretaceous section
comprizing mainly shale and mudstones. The aquifer
crops out in the southern part where recharge occurs
but in the northern part is covered by up to 400 m
of younger rocks. Groundwater flow is generally
northward with a significant component of upward
leakage through confining beds. Concentrations of

(b)

Fig. 4.8 Distribution diagrams of (a) Na* and (b) CI-
concentrations in groundwaters from the Milk River aquifer
system, Alberta. (Adapted from Schwartz and Muehlenbachs
1979. Reproduced with permission of John Wiley & Sons.)
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Na* and CI™ are characterized by marked spatial
variability and, as shown in Fig. 4.8, are lowest in
the south where most of the freshwater recharge
occurs. An important feature is the marked northward
tongue of fresh groundwater (delimited by the
100mgL"'Cl- contour) that coincides with a
well-developed zone of aquifer permeability. This
hydrochemical pattern is interpreted as a broad zone
of mixing that forms as meteoric recharge water
flushes pre-existing more saline formation water
(Schwartz and Muehlenbachs 1979).

The Schoeller diagram visualizes concentrations as
meq L™ (see Box 4.1 for a discussion of concentration
units). The example shown in Fig. 4.9 is for the
chemistry of groundwater in crystalline rocks in
which the near-surface groundwater is typically
recharged by rain and snowmelt. The rock-forming
minerals in crystalline rocks are silicates, and their
chief cations are Ca**, Mg**, Na* and K*. For North
America, the principal weathering agent is carbonic
acid, chiefly from CO, dissolved in the soil zone.
Under these conditions the water typically attains
a Ca- or Na-HCOj; composition. Variants of this
general water type are due to major differences in
the composition of the aquifer rock (Trainer 1988).

To illustrate simple methods for presenting hydro-
chemical data, Fig. 4.10 shows bar charts, pie charts,
a radial diagram and pattern diagrams for the major
ion analyses given in Table 4.4. These analyses are
for the Milligan Canyon area, south-west Montana,
in the eastern region of the Northern Rocky Moun-
tain Province. The area is a broad synclinal basin
with folded carbonate rocks of Palaeozoic and Meso-
zoic age on the southern rim, and volcanic breccia
and andesitic lava overlying older, deformed rocks
on the northern rim. The basin is infilled with uncon-
solidated alluvial and aeolian deposits and Tertiary
sediments of siltstones, limestones and sandstones
that contain deposits of gypsum (CaSO,.2H,0) and
anhydrite (CaSO,). A number of Upper Cretaceous
and early Tertiary igneous intrusives are also present.
Groundwater flow is predominantly from west to
east but with a contribution of upward groundwater
flow from the Madison limestone aquifer underlying
the basin. High groundwater yields are obtained
from the Tertiary basin.

The same major ion analyses for the Milligan
Canyon area are also presented as trilinear and
Durov diagrams in Figs 4.11 and 4.12. With these

101 T T T I T
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Fig. 4.9 Schoeller (semi-logarithmic) diagram illustrating
near-surface groundwater chemistry in crystalline rocks.
Symbols on plot indicate rock type (QZ, quartzite; GA, gabbro;
GR, granite; M, marble). Analyses shown are for Houghton
County, Michigan; Thompson, Manitoba; New Mexico (mixture
of native and injected surface waters) and California. (Adapted
from Trainer 1988. Reproduced with permission of the
Geological Society of North America.)
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Table 4.4 Major ion analyses of four groundwater samples from the Milligan Canyon area, south-west Montana, used to plot Figs
4.10-4.12. (Data from Krothe and Bergeron 1981.)

Water Sample

type number Ca** (mg L") Mg (mgL") Na*(mglL') K- (mglL' HCOs(mgL") SOF (mglL") CI-(mglL")
Ca-HCO; 2 47 25.2 10 3.1 251 29 7
Ca-S04 3 426 103 56 5.4 328 1114 143
Na-HCO; 4 73 6.4 83 4.5 236 158 17
Na-SO4 1 49 13.7 312 29.2 286 566 43

Water Sample

type number Ca®* (meq L") Mg? (meq L") Na"(meq L") K" (meqL") HCO;(meqL") SOF (megL) CI (meqlL™)
Ca-HCO; 2 2.35 2.10 0.43 0.08 4.11 0.30 0.20
Ca-S0, 3 21.30 8.58 2.43 0.14 5.38 11.60 4.09
Na-HCO; 4 3.65 0.53 3.61 0.12 3.87 1.65 0.49
Na-SO4 1 2.45 1.14 13.57 0.75 4.69 5.90 1.23

Fig. 4.11 Trilinear diagram of major ion analyses of groundwaters from the Milligan Canyon area, south-west Montana, given in
Table 4.4. The individual cation and anion concentration values are expressed as percentages of the total cations and total anions
and then plotted within the two triangular fields at the lower left and lower right of the diagram. The two points representing

each sample are then projected to the central diamond field and the point of intersection found.
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Fig. 4.12 Durov diagram of major ion analyses of groundwaters from the Milligan Canyon area, south-west Montana, given in Table
4.4 with additional SiO, and TDS data from Krothe and Bergeron (1981). The method of plotting is similar to that for the trilinear
diagram shown in Fig. 4.11 but with the additional projection of points from the central square to the two adjacent scaled

rectangles.

methods of graphical presentation, the concentrations
of individual samples are plotted as percentages
of the total cation and/or anion concentrations,
such that samples with very different total ionic
concentrations can occupy the same position in the
diagrams. Also, with the trilinear diagram (Fig.
4.11), samples that plot on a straight line within
the central diamond field represent mixing of
groundwaters between two end-member solutions,
for example freshwater and saline water. Further
hydrochemical interpretations can be obtained from
the Durov diagram (Fig. 4.12). Lines from the central
square field can be extended to the adjacent scaled
rectangles to allow for representation in terms of two
further parameters.

The next step in the hydrochemical interpretation
after plotting the chemical data in a variety of ways
is to identify the hydrochemical facies present and to

prepare maps and cross-sections to show the regional
distribution of water types. In the example of
groundwaters in the Milligan Canyon area, Fig. 4.13
shows the overall hydrochemical and hydrogeological
interpretation. In Fig. 4.13(a), the central diamond
field of the trilinear diagram is shown and the
samples grouped depending on the hydrochemical
facies present (Ca-HCOj;, Ca-SO,, Na-HCO; and
Na-SO,). When the spatial distribution of the
hydrochemical facies is plotted in Fig. 4.13(b) and
compared with the regional geology and groundwater
flow direction obtained from a potentiometric map,
it is clear that an elongate groundwater body with a
distinct Ca-SOy4 water type is found in the centre
of the basin. The hydrochemical interpretation given
by Krothe and Bergeron (1981) is that recharge
occurring in the structurally high areas around the
rim of the basin, and formed by older carbonate
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rocks, results in groundwater of a Ca-HCO;
character. As groundwater flows through the Tertiary
deposits, the recharge water undergoes a change in
chemical character with increasing residence time
and possible solution of anhydrite and/or gypsum
resulting in the Ca-SO, water type and high
concentrations of SO} and TDS. Groundwaters with
high Na* concentrations are localized in the north-
east and east-central portions of the basin at the
point of groundwater discharge out of the basin
where the HCOj ion is again dominant. A
combination of three factors accounts for these
chemical changes, including: sulfate reduction;
mixing between Ca—HCOj; and Ca-SO, waters at the
exit from the basin; and possible ion exchange
between Ca?*and Na*associated with montmorillonite
clay in the Tertiary sediments and the weathering of
the Elkhorn Mountain Volcanics that are rich in
Na-plagioclases.

It might be concluded from Fig. 4.13 that sharp
boundaries exist between adjacent water types. In
reality, the groundwater chemistry is evolving along
a flowpath and this can be illustrated by constructing
a hydrochemical section such as the example shown
for the Floridan aquifer system described in Box 4.2
(Fig. 4.7). Another interpretation technique for
understanding regional hydrochemistry is to prepare
a series of X-Y plots and dilution diagrams on either
linear or semi-logarithmic paper that can demonstrate
hydrochemical processes such as simple mixing,
ion exchange and chemical reactions. Examples are
shown in Fig. 4.14.

All the graphical techniques described here have
been applied principally in regional hydrochemical
studies. For contaminated groundwater investigations
these techniques are not always appropriate, except
for the simpler diagrams such as bar charts, due
to the wide spatial variation in concentrations of
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Fig. 4.14 Graphical methods for exploring hydrochemical
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representing mixing between fresh and saline end-member
groundwaters. Points plotting above and below the dilution
line represent enrichment and depletion, respectively, of

the ionic concentration with respect to the conservative
chloride ion.
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contaminant species between background and
contaminated groundwaters. In this case, plotting
the contaminant concentrations as pie charts on a
site map can give a visual indication of the ‘hot spots’
of contamination. An example is shown in Fig. 4.15.

4.6 Concept of chemical equilibrium

Hydrochemical processes in groundwater can be
viewed as proceeding slowly towards chemical
equilibrium, a concept that is common to aqueous
chemistry. Shifts in a system’s equilibrium can be
qualitatively described by Le Chatelier’s Principle
that states that, if a system at equilibrium is perturbed,
the system will react in such a way as to minimize
the imposed change. For consider
groundwater flowing through a limestone aquifer
composed of calcite:

CﬂCO3 + HzCO3 (=4 C(l2+ + 2HCO3_

example,

eq. 4.5

The chemical reaction described by eq. 4.5 will
proceed to the right (mineral dissolution) or to the
left (mineral precipitation) until equilibrium is
reached. Looking at this in another way, any increase
in Ca?* or HCO3 in solution would be lessened by
a tendency for the reaction to shift to the left,
precipitating calcite. The concept of chemical
equilibrium establishes boundary conditions towards
which chemical processes will proceed, and can
be discussed from either a kinetic or an energetic
viewpoint. The kinetic approach is described first.

4.6.1 Kinetic approach to
chemical equilibrium

The equilibrium relationship is often called the law
of mass action which describes the equilibrium
chemical mass activities of a reversible reaction. The
rate of reaction is proportional to the effective
concentration of the reacting substances. For the
reaction:

aA+bB < cC+dD eq. 4.6

the law of mass action expresses the relation between

the reactants and the products when the chemical

reaction is at equilibrium such that:
[CI[D)

K="

[AF[B] eq. 4.7
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Fig. 4.15 Site plan showing points of solvent use and soil gas concentrations of TCE (trichloroethene) and TCA
(1,1,1-trichloroethane) at an industrial site in the English Midlands. (Adapted from Bishop et al. 1990.)

indicate  the
concentration, or

where the square  brackets
thermodynamically effective
activity (Box 4.3).

Equation 4.7 is a statement of chemical equilibrium
where K is the thermodynamic equilibrium constant
(or stability constant). Values of K depend on
temperature with solute concentrations expressed in
terms of activities. An equilibrium constant greater
than unity suggests that equilibrium lies to the right-
hand side of the equation describing the chemical
reaction and that the forward reaction is favoured.

4.6.2 Energetic approach to
chemical equilibrium

In this approach to chemical equilibrium, the most
stable composition of a mixture of reactants is the
composition having the lowest energy. This more
rigorous thermodynamic treatment, compared with
the kinetic approach, involves enthalpy, the heat
content, H, at constant pressure, and entropy, S, a
measure of the disorder of a system. The change in
enthalpy (AH, measured in J mol™) in a reaction is

a direct measure of the energy emitted or adsorbed.
The change in entropy in most reactions (AS,
measured in ] mol™ K™) proceeds to increase disorder,
for example by splitting a compound into its
constituent ions. For a reversible process, the change
in entropy is equal to the amount of heat taken up
by a reaction divided by the absolute temperature,
T, at which the heat is absorbed.

The total energy released, or the energy change in
going from reactants to products, is termed the
Gibbs free energy, G (measured in k] mol™). If energy
is released, in which case the products have lower
free energy than the reactants, G is considered
negative. The change in Gibbs free energy is
defined as:

AG = AH -TAS eq. 4.8

By convention, elements in their standard state
(25°C and 1 atmosphere pressure) are assigned
enthalpy and free energy values of zero. Standard
state thermodynamic data, indicated by the super-
script °, and tabulated as values of standard free
energies, enthalpies and entropies, are given in most
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Box 4.3 Active concentration

The active concentration or activity of an ion is an important consideration in concentrated
and complex solutions such as seawater, but also for groundwaters and surface waters that
contain dissolved ions from many sources. lons in a concentrated solution are sufficiently close
to one another for electrostatic interactions to occur. These interactions reduce the effective
concentration of ions available to participate in chemical reactions and, if two salts share a
common ion, they mutually reduce each other’s solubility and exhibit the common ion effect.
In order to predict accurately chemical reactions in a concentrated solution, it is necessary to
account for the reduction in concentration as follows:

a=ym eq. 1

where a is the solute activity (dimensionless), y is the constant of proportionality known as
the activity coefficient (kg mol™), and m is the molality. In most cases, it is convenient to
visualize the activities of aqueous species as modified molalities in order to take account of
the influence on the concentration of a given solute species of other ions in solution.The activity
coefficient of an ion is a function of the ionic strength, I, of a solution given by:

1
I= 72 ¢z} .

2 1. i< €q 2
where ¢; is the concentration of ion, i, in mol L™, z, is the charge of ion, i, and X represents
the sum of all ions in the solution. As a measure of the concentration of a complex electrolyte
solution, ionic strength is better than a simple sum of molar concentrations since it accounts
for the effect of the charge of multivalent ions. Freshwaters typically have ionic strengths
between 10~ and 10™*mol L™, whereas seawater has a fairly constant ionic strength of 0.7 molL™.

For dilute solutions such as rainwater, yis about equal to unity. Activity coefficients can be
calculated by the extended Debye-Hiickel equation, examples of which for a number of charged
and uncharged species are shown graphically in Fig. 4.16. In most practical applications
involving dilute or fresh groundwaters, it is adequate to assume that the activity of a dissolved
species is equal to the concentration, although measured concentrations of any chemical species
should strictly be converted to activities before comparison with thermodynamic data.
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Fig. 4.16 Activity coefficient, 7, as a function of ionic strength for common ionic constituents in groundwater.
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geochemistry and aqueous chemistry textbooks, for
example, Krauskopf and Bird (1995) and Stumm and
Morgan (1981). Values of AG® for different reactions
can be calculated by simple arithmetic combination
of the tabulated values. Any reaction with a negative
AG® value will, in theory, proceed spontaneously (the
chemical equivalent of water flowing down a hydrau-
lic gradient), releasing energy. The reverse reaction
requires an input of energy. For example, consider
the reaction of aqueous carbon dioxide (H,COj3)
with calcite (eq. 4.5). Relevant data for this reaction
at standard state are AG° (H,CO;) =—623.1k] mol™,
AG® (CaCO;) = —1128.8kJmol™”, AG® (Ca®) =
-553.6kJmol™ and AG°(HCOj3)=-586.8 k] mol™.
Therefore, the change in standard free energy for
this reaction, AG®=3XAG®  oducs — 2 AG® reactanss =
-1727.2 - (-1751.9) = 24.7 k] mol™.

Since an energetically favoured reaction proceeds
from reactants to products, the relationship between
AG and the equilibrium constant, K, for a reaction
is given by:

AG =-RTlog.K eq. 4.9

where R is the universal gas constant relating
pressure, volume and temperature for an ideal gas
(8.314Jmol™ K™).

Hence, one useful application of the energetic
approach to chemical equilibrium is the use of
thermodynamic data to derive equilibrium constants,
K, using eq. 4.9. Now, for the reaction given in
eq. 4.5, and using eq. 4.9 at standard conditions
(T = 298K), then log K = —~AG°/RT = —(24.7 x 10%)/
(8.314 x298) =-9.97. Hence, K, the thermodynamic
equilibrium constant for the reaction of dissolved
carbon dioxide with calcite at 25°C is equal to
4.68 x 107° or, expressed as the negative logarithm
to base 10 of K (pK) = 4.33 and K = 1073,

4.7 Carbonate chemistry
of groundwater

Acids and bases exert significant control over the
chemical composition of water (Box 4.4). The most
important acid-base system with respect to the
hydrochemistry of most natural waters is the
carbonate system. The fate of many types of
contaminants, for example metal species, can depend
on rock-water interactions involving groundwater
and carbonate minerals. Later, in Section 5.4.2, the

interpretation of groundwater ages based on the
carbon-14 dating method will require knowledge of
carbonate chemistry and how the water has interacted
with carbonate minerals in an aquifer.

The fundamental control on the reaction rates in
a carbonate system is the effective concentration of
dissolved CO, contained in water. The proportion of
CO, in the atmosphere is about 0.03% but this
increases in the soil zone due to the production of
CO, during the decay of organic matter, such that
the amount of CO, increases to several per cent of
the soil atmosphere. As groundwater infiltrates the
soil zone and recharges the aquifer, reactions can
occur with carbonate minerals, typically calcite and
dolomite, which are present.

CO, dissolves in water forming small quantities of
weak carbonic acid, as follows:

COy,, + H,O & H,CO;4 eq. 4.10

From the law of mass action, the equilibrium constant
for this reaction is:

[H>COs]

:7[Hzo][coz(g,] eq. 4.11

COy
According to Henry’s Law, in dilute solutions the
partial pressure of a dissolved gas, expressed in
atmospheres, is equal to its molality (or activity for
dilute solutions). Also, given that the activity of
water is unity except for very saline solutions, then
eq. 4.11 becomes:

[H,COs]

Kcog =

eq. 4.12
PCOZ q

Carbonic acid is polyprotic (i.e. it has more than one
H* ion) and dissociates in two steps:
H,CO; & H* + HCO;

HCO; =H"+CO3~

eq. 4.13
eq. 4.14

From the law of mass action, dissociation constants
can be expressed as follows:

[H*][HCOs3]
K =—= .4.15
0 =T H,COy) “
[H*][CO37]
KHCO§ :?O;; €q. 4.16

Using a mass balance expression for the dissolved
inorganic carbon (DIC) in the acid and its dissociated
anionic species, expressed in terms of molality, then:
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Box 4.4 Acid-base reactions

Acids and bases are important chemical compounds that exert particular control over reactions
in water. Acids are commonly considered as compounds that dissociate to yield hydrogen ions
(protons) in water:

HCl .y = H{,y) + Cliay eq. 1

Bases (or alkalis) can be considered as those substances which yield hydroxide (OH") ions in
aqueous solutions:

N(ZOH(M) = N(l(th) + OH(_aq) €q. 2
Acids and bases react to neutralize each other, producing a dissolved salt plus water:

HCl ;) + NaOH,,, = Cl,, + Na,, + H,Oy, eq. 3
Hydrochloric acid (HCI) and sodium hydroxide (NaOH) are recognized, respectively, as strong
acids and bases that dissociate completely in solution to form ions. Weak acids and bases
dissociate only partly.

The acidity of aqueous solutions is often described in terms of the pH scale. The pH of a
solution is defined as:

pH = —loglo[H+] €q. 4
Water undergoes dissociation into two ionic species as follows:
H,O=H"+OH" eq. 5

In reality, H* cannot exist, and H;O" (hydronium) is formed by the interaction of water and
H*. However, it is convenient to use H in chemical equations. From the law of mass action,
the equilibrium constant for this dissociation is:

[H*][OH"] 14
Kyo=—"—=10 .6
H>0 [H,0] €q

For water that is neutral, there are exactly the same concentrations (1077) of H* and OH ions
such that pH = —log[107] = 7. If pH < 7, there are more H* ions than OH™ ions and the
solution is acidic. If pH > 7, there are more OH™ ions than H* ions and the solution is basic.
It is important to notice that pH is a logarithmic scale and so it is not appropriate to average
pH values of solutions. Instead, it is better to average H* concentrations.

Acid-base pairs commonly present in groundwater are those associated with carbonic acid
and water itself. Boric, orthophosphoric and humic acids are minor constituents of groundwater
but are relatively unimportant in controlling acid-base chemistry. Many aquifers of sedimentary
origin contain significant amounts of solid carbonate such as calcite (CaCO3), a fairly strong
base that contributes a carbonate ion, thus rendering the solution more alkaline, and dolomite
(CaMg(CO3),) which participate in equilibrium reactions involving carbonic acid. All acid-base
reactions encountered in natural aqueous chemistry are fast such that acid-base systems are
always in equilibrium in solution.

155
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Fig. 4.17 Percentage distribution of inorganic carbon species in water as a function of pH at 25°C and 1 atmosphere pressure.

DIC = (H,CO3) + (HCO3) + (CO3) eq. 4.17
Rearranging eqs 4.13-4.17, and taking an arbitrary
value of unity (one) for DIC, equations for the
relative concentration of H,CO;, HCO3 and CO3™ as
a function of pH are obtained as shown graphically
in Fig. 4.17. It can be seen from Fig. 4.17 that over
most of the normal pH range of groundwater (6-9),
HCOj3 is the dominant carbonate species and this
explains why HCO;3 is one of the major dissolved
inorganic species in groundwater.

To calculate actual concentrations of inorganic
carbon species in groundwater, first consider the dis-
solution of calcite by carbonic acid (eq. 4.5). With
reference to eq. 4.10, if the partial pressure of carbon
dioxide (Pco2) in the infiltrating groundwater
increases, then reaction 4.5 proceeds further to the
right to achieve equilibrium. Now, at 25°C, substitu-
tion of eqs 4.12, 4.15 and 4.16 into the equation
expressing the equilibrium constant for the dissocia-
tion of calcite:

[Ca**][CO57] eq. 4.18

calcite
yields:
[H+] =10 {[C42+]Pcoz }% eq. 4.19

To obtain the solubility of calcite for a specified Pcos,
an equation of electroneutrality is required for the

condition ¥£zm, = ¥zm, for calcite dissolution in pure
water where z is the ionic valence and m. and m, are,
respectively, the molalities of the cation and anion
species involved:

2(Ca*)+(H*) = (HCO3)+2(CO¥ )+ (OH") eq. 4.20

The concentrations of H* and OH™ are negligible
compared with the other terms in eq. 4.20 with
respect to the groundwater Pco, values and by
combining eqs 4.19 and 4.20 with eqs 4.12, 4.15 and
4.16 gives a polynomial expression in terms of two
of the variables and the activities. For a specified
Pcoy value, iterative solutions by computer can be
obtained. The results of these calculations for
equilibrium calcite dissolution in water for a
condition with no limit on the supply of carbon
dioxide are shown graphically in Fig. 4.18.

It can be seen from Fig. 4.18, that the solubility of
calcite is strongly dependent on the Pco, and that the
equilibrium value of H* (i.e. pH) also varies strongly
with Pco,. Hence, the accurate calculation of the
inorganic carbon species in groundwater requires the
careful measurement of pH in the field with no loss
of carbon dioxide by exsolution from the sample.
In the groundwater environment, Pco, is invariably
>107* atmospheres and again it is noticed that HCO3
rather than CO3™ is the dominant ionic species of
DIC in groundwater. In Box 4.5, the carbonate
chemistry of a limestone aquifer in the west of
England is described to illustrate the changes in the
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Fig. 4.18 Dissolved species in water in equilibrium with calcite
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demonstrate that at high Pco, values, such as found in
groundwater, these are the major species formed by dissolving
calcite. (Adapted from Guenther 1975. Reproduced with
permission of Springer Science+Business Media B.V.)
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distribution of carbonate species along a groundwater
flowpath.

The chemical evolution of the carbonate system
can be considered as occurring under ‘open’ or
‘closed’ conditions. As shown in Fig. 4.22, under
open conditions of carbonate dissolution, a constant
Pco, is maintained while under ‘closed’ conditions,
carbonate dissolution occurs without replenishment
of CO,. Using the theory outlined previously, it is
possible to model paths of chemical evolution for
groundwater dissolving carbonate. Steps along the
paths are computed by hypothetically dissolving
small amounts of carbonate material (calcite or
dolomite) for a given temperature and starting
condition for Pco, until the water becomes saturated
(lines 2 and 3 at 15°C in Fig. 4.23). Lower
temperatures will shift the saturation line to higher
solubilities, while higher temperatures will result in
saturation at lower solubilities.

It is noticeable in Fig. 4.23 that, for closed-system
dissolution, the pH values at saturation are higher
and the HCOj concentrations lower. In reality, very
small quantities of calcite and dolomite exert a
strong influence on the carbonate chemistry of
groundwater flowing through the soil zone such that
open-systems typically dominate, resulting in a pH
invariably between 7 and 8.

Eggboro 1981).

Box 4.5 Carbonate chemistry of the Jurassic limestones of the Cotswolds, England

The Jurassic limestones of the Cotswolds, England, form two major hydrogeological units in
the Upper Thames catchment: (a) limestones in the Inferior Oolite Series; and (b) limestones
in the Great Oolite Series. These aquifer units are separated by the Fullers Earth clay which,
in this area, acts as an aquitard. The groundwater level contours shown in Fig. 4.19 indicate
a regional groundwater flow direction to the south-east although with many local variations
superimposed upon it. In the upper reaches, river valleys are often eroded to expose the
underlying Lias clays. The presence of these clays together with the Fullers Earth clay,
intercalated clay and marl bands within the limestones, as well as the presence of several faults
gives rise to numerous springs. Flow through the limestones is considered to be dominantly
through a small number of fissures. At certain horizons a component of intergranular movement
may be significant, but on the whole the limestone matrix has a very low intrinsic intergranular
permeability due to its normally well-cemented and massive lithology (Morgan-Jones and

continued on p. 158
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Fig. 4.19 Map of the geology and groundwater level contours for the Jurassic limestone aquifers of the Cotswolds.
The sample points shown are from the survey of Morgan-Jones and Eggboro (1981) with the numbered samples
used to construct the hydrochemical sections shown in Fig. 4.20. (Adapted from Morgan-Jones and Eggboro
1981.)
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Fig. 4.20 Hydrochemical sections showing major and minor anion (a) and cation (b) data for the sample
locations shown in Fig. 4.19. (Adapted from Morgan-Jones and Eggboro 1981.)

A survey of the hydrochemistry of boreholes and springs between 1976 and 1979 is reported
by Morgan-Jones and Eggboro (1981). The hydrochemical profiles shown in Fig. 4.20 are
for the selected locations shown in Fig. 4.19. The dominant major ions in the limestone
groundwaters are Ca** and HCOj3 in the unconfined areas but in areas where the limestones
become increasingly confined beneath clays, the groundwater changes to a Na-HCO; type.
Groundwaters from deep within the confined limestones contain a Na—-Cl component as a
result of mixing with increasingly saline groundwater.

The degree of groundwater saturation with respect to calcite and dolomite is shown
diagrammatically in Fig. 4.21. A confidence limit of £10% is shown to account for any errors
in the chemical analyses or in the basic thermodynamic data used to compute the saturation
indices (Box 4.6). Samples from locations in the unconfined limestones where high Pco, values
are maintained under open-system conditions are supersaturated with respect to calcite. The

continued on p. 160
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Fig. 4.21 Cross-plots of calcite saturation index versus dolomite saturation index for (a) borehole and (b) spring
samples in the Jurassic limestone aquifers of the Cotswolds. The numbered samples shown are those used in
Fig. 4.19. (Adapted from Morgan-Jones and Eggboro 1981.)

consistently high Ca®/Mg*" ratios and low degrees of dolomite saturation in the samples
analysed suggest that both limestone series contain predominantly low magnesium calcite.
Values of pH of about 7.5 were recorded for all unconfined groundwater samples. With the
onset of confined conditions, pH values increase as a result of changes in HCOj3 concentration
and ion exchange reactions lead to an increase in Na* and decrease in Ca** concentrations (Fig.
4.20). The removal of Ca** causes the groundwater to dissolve more carbonate material but
without the replenishment of CO, in the closed-system conditions that prevail, the pH begins
to rise as H* ions are consumed in the calcite dissolution reaction (eq. 4.5). For example, the
confined groundwater of sample 8§ has a pH of 9.23 and Ca*", HCOj; and Na* concentrations
of 4, 295 and 137mgL"!, respectively, compared with the unconfined sample 2 which has
corresponding values of 7.31 (pH) and 100 (Ca*"), 246 (HCO3) and 6.9 (Na*) mg L.

continued
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Of the minor ions, fluoride shows considerable enrichment with increasing confinement of
the groundwaters. The majority of spring samples have F~ concentrations of <100 ugL™" (Fig.
4.20). Most limestones contain small amounts of fluorite (CaF,) but this mineral has a very
low solubility (K, at 25°C = 107'°*) and the majority of Ca-rich waters have low F~ values.
Morgan-Jones and Eggboro (1981) considered that rainwater is the principal source of F~ in
the unconfined aquifer areas. A maximum value of 9.8 mgL™ was recorded at sample location
10 in the confined Great Oolite aquifer. Here, the increase is related to the onset of ion
exchange and to the availability and solubility of fluorite within the limestone. The equilibrium

(G EP
Ken = can)

to increase.

activity of F~ is dependent on the activity of Ca** as defined by the equilibrium constant:

Hence, the decline in the activity of Ca®* with increasing ion exchange allows the F~ activity

eq. 1

Open-system

Recharge
Soil zone.
CO, from oxidation of organic matter and plant root respiration
= constant Pco,

Soil water equilibrates with CO, and dissolves CaCOjs in soil material

Calcite saturation achieved infiltrating groundwater

(a) Aquifer
Closed-system

§ Recharge

Sojl zone: . . i X
Soil water equilibrates with CO, carbonate-free soil material

\ Infiltrating groundwater containing CO,

Aquifer carbonate encountered in
the saturated zone

Calcite dissolution with no
(b) replenishment of CO,

Calcite saturation achieved

Fig. 4.22 Schematic representation of the development of
open- and closed-systems of calcite dissolution in soil-aquifer
systems.

To illustrate carbonate dissolution pathways in
a limestone aquifer, Fig. 4.24 shows the results of
chemical modelling of recharge to the Chalk aquifer
in north Norfolk, eastern England. In this area, the
Chalk aquifer is covered by glacial deposits including
outwash sands and gravel and two types of till
deposits that are distinguished by the mixture of
contained clay, sand and carbonate fractions. The

evolution of the carbonate chemistry for this aquifer
system can be modelled for both open- and closed-
systems as demonstrated by Hiscock (1993). Two
shallow well waters in the glacial deposits that are
both undersaturated with respect to calcite represent
starting conditions for the two models. Using the
computer program MIX2 (Plummer et al. 1975)
small increments of carbonate are added to the
groundwaters until saturation is reached. The initial
and final chemical compositions of the well waters
are given in Table 4.5 and the evolution paths fol-
lowed in each case are shown in Fig. 4.24. The
agreement between the modelled chemistry and the
actual Chalk groundwaters sampled from beneath
the glacial deposits demonstrates that calcite satura-
tion is achieved under open-system conditions. The
distribution of points about the phase boundary in
Fig. 4.24 is, as explained by Langmuir (1971), the
result of either variations in the soil Pgo, at the time
of groundwater recharge or changes in groundwater
chemistry that affect Pco,. For the Chalk aquifer in
north Norfolk, the main reason is variations in soil
Pcos. In areas of sandy till cover, recharge entering
soils depleted in carbonate attain calcite saturation
for lower values of soil Pco,, in the range 102°-107>°
atmospheres. In contrast, the carbonate-rich soils
developed in areas of chalky, clay-rich till experience
calcite saturation for higher soil Pgo, values, in the
range 107*'-10*° (Hiscock 1993).

Although a useful framework for considering the
chemical evolution of the carbonate system, several
factors have not been considered including: seasonal
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Fig. 4.24 Graphical representation of the
modelled open- and closed-system
carbonate dissolution paths given in
Table 4.5. Starting conditions are
represented by shallow well samples
contained in glacial till deposits. The two
fields showing Chalk groundwaters
represent saturated conditions with
respect to calcite with the differences
explained by the greater dissolution of
carbonate material at higher Pco, values
in soils developed on the carbonate and
clay-rich till deposits. (Adapted from
Hiscock 1993. Reproduced with
permission of Elsevier.)
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Table 4.5 Chemical models for the formation of Chalk groundwaters beneath glacial deposits in north Norfolk, eastern England,
under the processes of open- and closed-system dissolution of calcite. (Adapted from Hiscock 1993. Reproduced with permission

of Elsevier.)

Well sample name CaCOj; added (x102molL™") Ca’* (mgL™) HCO3; (mgL™) pH Pco, (atmos) Qcarcite

Open-system conditions

Kelling Heath 0 10.0 56.7 6.62 1.94 -2.47
2.00 90.2 299.5 7.30 1.94 -0.03

Hindolveston 0 9.4 59.2 6.81 2.12 -2.09
1.75 79.5 271.5 7.44 2.12 0.02

Closed-system conditions

Kelling Heath 0 10.0 56.7 6.62 1.94 -2.47
0.70 36.0 130.5 8.02 3.00 -0.05

Hindolveston 0 9.4 59.2 6.81 2.12 -2.09
0.44 28.4 111.6 8.24 3.29 0.02

Table 4.6 Thermodynamic equilibrium constants for calcite, dolomite and major aqueous carbonate species in pure water for a

temperature range of 0-30°C and 1 atmosphere total pressure. Note that pK = —log;,K. Thermodynamic data from Langmuir
(1971); Plummer and Busenberg (1982).

Temperature (°C) pKco, PKicos PKhcos PK carcite PK dotomite Keacite/(Kdotomite)”*
0 1.1 6.58 10.63 8.38 16.18 0.51
5 1.19 6.52 10.56 8.39 16.39 0.63

10 1.27 6.47 10.49 8.41 16.57 0.75

15 1.34 6.42 10.43 8.43 16.74 0.87

20 1.41 6.38 10.38 8.45 16.88 0.97

25 1.47 6.35 10.33 8.48 17.00 1.05

30 1.52 6.33 10.29 8.51 17.11 1.1

variation in soil temperature and Pcp,; processes
such as adsorption, cation exchange and gas diffu-
sion and dispersion that influence the concentrations
of Ca®* and Pcg,; and the process of incongruent
dissolution whereby the dissolution is not stoichio-
metric, with one of the dissolution products being a
mineral phase sharing a common ionic component
with the dissolving phase.

The above treatment of calcite dissolution assumed
independent dissolution of calcite and dolomite.
However, if both minerals occur in a hydrogeological
system they may both dissolve simultaneously or
sequentially leading to different equilibrium relations
compared to those shown in Fig. 4.23. In this
situation, a comparison of equilibrium constants for
calcite and dolomite for the particular groundwater
temperature is necessary to define which mineral is
dissolving incongruently.

For example, considering the thermodynamic data
shown in Table 4.6, at about 20°C, K = Kdotomite " >
Under these conditions, since the solubility product
(Box 4.6) of calcite is equal to [Ca**][CO3] and for
dolomite is equal to [Ca®*][Mg?*][CO¥ |[COZ ], if
groundwater saturated with dolomite flows into a
zone that contains calcite, no calcite dissolution will
occur because the water is already saturated with
respect to calcite. At temperatures lower than
20°C, K < Kaotomie'> and if groundwater dis-
solves dolomite to equilibrium the water becomes
supersaturated with respect to calcite which can then
precipitate. In a system where the rate of dolomite
dissolution is equal to the rate of calcite precipita-
tion, this is the condition of incongruent dissolution
of dolomite. At temperatures higher than 20°C,
Keacire > Kioomiee > and if dolomite saturation is
achieved with the groundwater then entering a region
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Box 4.6 Solubility product and saturation index

The dynamic equilibrium between a mineral and its saturated solution when no further
dissolution occurs is quantified by the thermodynamic equilibrium constant. For example, the
reaction:

Caco3(calcxte) = Cﬂ(zatl) + CO%(;q) €q. 1
is quantified by the equilibrium constant, K, found from:

_[Ca™]ICOT]

Kca cite — . 2
’ [CaCOs] €

Since CaCOs is a solid crystal of calcite, its activity is effectively constant and by convention
is assigned a value of one or unity.

The equilibrium constant for a reaction between a solid and its saturated solution is known
as the solubility product, K,. Solubility products have been calculated for many minerals,
usually using pure water under standard conditions of 25°C and 1 atmosphere pressure and
are tabulated in many textbooks, for example data for major components in groundwater are
given by Appelo and Postma (1994). The solubility product for calcite (eq. 2) is 107** and eq.
2 now becomes:

2+ 2-

= [Ca ]£C03 ] =[Ca**][CO¥ ] = 1075 mol?L2 eq. 3
The solubility product can be used to calculate the solubility (mol L™) of a mineral in pure
water. The case for calcite is straightforward since each mole of CaCOj that dissolves produces
one mole of Ca** and one mole of CO%". Thus, the calcite solubility =[Ca®*"]=[CO37] and
therefore calcite solubility = (107%#%)"% = 10*** = 5.75 x 10°mol L™".

The state of saturation of a mineral in aqueous solution can be expressed using a saturation
index, where:

_IAP
K

Q eq. 4

sp
in which IAP is the ion activity product of the ions in solution obtained from analysis. A Q
value of 1 indicates that mineral saturation (equilibrium) has been reached. Values greater than
one represent oversaturation or supersaturation and the mineral is likely to be precipitated
from solution. Values less than one indicate undersaturation and further mineral dissolution
can occur. An alternative to eq. 4 is to define Q = log;o(IAP/Ky,) in which case the value of Q
is zero at equilibrium with positive values indicating supersaturation and negative values
undersaturation.

By calculating saturation indices, it is possible to determine from hydrochemical data the
equilibrium condition of groundwater with respect to a given mineral. For example, a
groundwater from the unconfined Chalk in Croydon, South London, gave the following results:
temperature = 12°C, pH = 7.06, Ca®** concentration = 121.6mgL™" (10**molL™) and
HCO; =217 mg L'/(10** mol L'"). By making the assumption that the concentrations are
equal to activities for this dilute groundwater sample, the first step in calculating a calcite
saturation index is to find the CO3~ concentration. The dissociation of HCOj can be
expressed as:

continued
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HCO; =H*+CO5~ eq. 5
for which the approximate equilibrium constant at 10°C (Table 4.6) is:

+ 2—-
Koo, = HNCOT] _ 4 5109 eq. 6

HCOs

Rearranging eq. 6 for the unknown CO3™ concentration and substituting the measured values
for H" and HCOj gives:

[HCOs5]

[Col—] B KHCO§ B 10—10.49.10—245
3] = =

=10788 eq. 7

[H+] 10—7406 q
Now, using the result of eq. 7, the calcite saturation index is found from:

Ca**][CO3~
Qcalcitc = logl() M €q. 8

K,
If K, for calcite = 104! at 10°C, then:
2,529 ()-5-88

Qcalcita = 10g10 % = 10g10 100'01 =0.01 €q. 9

Hence, the Chalk groundwater is marginally supersaturated and, given the assumptions used
in the calculation of Q., can be regarded as at equilibrium. A more accurate calculation
using the chemical program WATEQ (Truesdell and Jones 1973) that accounts for the chemical
activity and speciation of the sample as well as the actual sample temperature of 12.0°C gives
a calcite saturation index of —0.12, again indicating equilibrium with respect to calcite for
practical purposes (Muhlherr et al. 1998).

containing calcite, calcite dissolution will occur
leading to an increase in Ca?* and CO3}~ concentra-
tions. The water will now be supersaturated with
respect to dolomite and dolomite precipitation,
although sluggish, will occur, to achieve a condition
of incongruent dissolution of calcite. In cases where
groundwater first dissolves calcite to equilibrium
and then encounters dolomite, dolomite dissolves
regardless of the temperature because the water
must acquire appreciable Mg** before dolomite equi-
librium is achieved. However, as the water becomes
supersaturated with respect to calcite due to the
influx of Ca? and CO3 ions from dolomite dissolu-
tion, calcite precipitates and the dolomite dissolution
becomes incongruent (Freeze and Cherry 1979).
Over long periods of time, incongruent calcite and
dolomite dissolution may exert an important influ-
ence on the chemical evolution of the groundwater
and on the mineralogical evolution, or diagenesis, of
the aquifer rock; for example, dolomitization of
calcareous sediments. Dedolomitization, the process

whereby a dolomite-bearing rock is converted to a
calcite-bearing rock has been reported, for example
in the case of the Floridan aquifer system described
in Box 4.2. Concentrations of Mg** in the Upper
Floridan aquifer generally range from 1-1000mgL™,
with the highest concentrations occurring where
the aquifer contains seawater. Where the aquifer
contains freshwater, Mg?* concentrations generally
increase in downgradient directions because of
dedolomitization of the aquifer, although data are
insufficient to prove that formation of dolomite
limits Mg?* concentrations in the Upper Floridan
aquifer (Sprinkle 1989).

4.8 Adsorption and ion exchange

Adsorption and ion exchange reactions in aquifers
can significantly influence the natural groundwater
chemistry and are an important consideration in
predicting the migration of contaminants such as
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heavy metals and polar organic chemicals (see Section
8.3.2 for further discussion). Major ion exchange
reactions affect not only the exchanging ions but
also other species, especially via dissolution and
precipitation reactions. The attenuation of some
pollutants, for example NHj, is mainly by the
process of ion exchange (Carlyle er al. 2004). Ton
exchange reactions can also lead to changes in the
hydraulic conductivity of natural materials (Zhang
and Norton 2002).

Tonic species present in groundwater can react
with solid surfaces. As shown in Fig. 4.25(a),
adsorption occurs when a positively charged ion in
solution is attracted to and retained by a solid with
a negatively charged surface. Depending on the point
of zero charge (PCZ) of the rock-forming mineral,
where PCZ is the pH at which the mineral has zero
charge (at pH values less than the PCZ the mineral
has a net positive charge, at values greater than the
PCZ a net negative charge), different minerals will
attract anions or cations to their surfaces depending
on the pH of the solution. Clay minerals have
negative surface charges in all but the most acidic
solutions and therefore attract cations to their
surfaces to neutralize the negative charge. The
surface charge for oxides and hydroxides of Fe can
be either negative or positive in the pH range of most

Adsorption lon exchange
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-+®
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Fig. 4.25 Pictorial representation of (a) adsorption and (b)
cation exchange reactions in groundwater. In (c) the divalent
Ca?* ion with a smaller hydrated radius is more strongly
adsorbed by the negatively charged surface (e.g. clay) than is
the monovalent Na* ion with a larger hydrated radius.

groundwaters (PCZ values for haematite and goethite
are between 5-9 and 7.3-7.8, respectively; Krauskopf
and Bird 1995), giving the potential for anion
adsorption (for example, arsenic oxyanions) at low
pH, and release at high pH.

In general, the degree of adsorption increases with
an increasing surface area and with decreasing grain
size. Hence, clays are typically most reactive since
they have a small grain size and therefore have a
large surface area on which sorption reactions can
occur. In addition, clays tend to be strong adsorbers
since they have an excess of negative charge at the
surface due to crystal lattice defects on to which
cations can adsorb. The adsorption may be weak,
essentially a physical process caused by van der
Waals’ force, or strong, if chemical bonding occurs.
Divalent cations are usually more strongly adsorbed
than monovalent ions as a result of their greater
charge density, a consequence of valence and smaller
hydraulic radius (Fig. 4.25¢). The adsorptive capacity
of specific soils or sediments is usually determined
experimentally by batch or column experiments.

Ion exchange occurs when ions within the mineral
lattice of a solid are replaced by ions in the aqueous
solution (Fig. 4.25b). Ion exchange sites are found
primarily on clays, soil organic matter and metal
oxides and hydroxides which all have a measurable
cation exchange capacity (CEC). In cation exchange
the divalent ions are more strongly bonded to a solid
surface such that the divalent ions tend to replace
monovalent ions. The amounts and types of cations
exchanged are the result of the interaction of the
concentration of cations in solution and the energy
of adsorption of the cations at the exchange surface.
The monovalent ions have a smaller energy of
adsorption and are therefore more likely to remain
in solution. As a result of a larger energy of
adsorption, divalent ions are more abundant as
exchangeable cations. Ca®** is typically more
abundant as an exchangeable cation than is Mg,
K* or Na'. The energy absorption sequence is:
Ca* > Mg* > K* > Na* and this provides a general
ordering of cation exchangeability for common ions
in groundwater.

Values of CEC are found experimentally with
laboratory results reported in terms of meq (100g)™".
CEC is commonly determined by extraction of
the cations from soils or aquifer materials with a
solution containing a known cation, normally NH.



Table 4.7 Surface area and cation exchange capacity (CEC)
values for clays and Fe and Al oxy-hydroxides. (Adapted from
Talibudeen 1981 and Drever 1988. Reproduced with
permission.)

Surface area CEC

(m*g™) (meg 100g7™")

Fe and Al oxy-hydroxides 25-42 0.5-1

(pH ~ 8.0)
Smectite 750-800 60-150
Vermiculite 750-800 120-200
Bentonite 750 100
llite 90-130 10-40
Kaolinite 10-20 1-10
Chlorite - <10

Ammonium acetate (CH;COONH,), the salt of a
weak acid and weak base, is usually used for this
purpose, its pH being adjusted to the value most
suited to the investigation. A review of methods for
determining exchangeable cations is provided by
Talibudeen (1981). The surface area and CEC of
various clays and Fe and Al oxy-hydroxides are given
in Table 4.7.

An example of cation exchange occurring in
groundwater is found in the Jurassic Lincolnshire
Limestone aquifer in eastern England. The Lincoln-
shire Limestone aquifer comprises 10-30 m of oolitic
limestone with a variable content of finely dissemi-
nated iron minerals and dispersed clay and organic
matter acting as reactive exchange sites for Ca** and
Na*. The aquifer is confined down-dip by thick
marine clays. A hydrochemical survey (Fig. 4.26)
showed that cation exchange occurs at around 12km
from the aquifer outcrop and that within a further
12km downgradient the Ca** decreases to a minimum
of <4mgL™ as a result of exchange with Na*
(Edmunds and Walton 1983). The lack of cation
exchange closer to the aquifer outcrop is explained
by the exhaustion of the limited cation exchange
capacity of the limestone. The concentrations of Sr**
and, to a lesser extent, Mg?*" continue to increase for
around 22 km from outcrop as a result of incongru-
ent dissolution. The removal of Ca®* by cation
exchange causes calcite dissolution to occur to
restore carbonate equilibrium. However, once the
Ca*/Sr** and Ca?*/Mg*" equivalents ratios fall below
a certain critical level (~20:1 and 1:1, respectively)
cation exchange reactions become dominant and
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Fig. 4.26 Hydrogeochemical trends in the Lincolnshire
Limestone for Ca*, Mg?*, Na*, Sr** and CI~ The trend lines are
for 1979 and illustrate the effect of cation exchange between
Ca** and Na* and the onset of mixing with saline water in the
deeper aquifer. (Adapted from Edmunds and Walton 1983.
Reproduced with permission of Elsevier.)

both Sr** and Mg?** concentrations begin to decrease
(Edmunds and Walton 1983).

Cation exchange reactions are a feature of saline
water intrusion in coastal areas. Freshwater in
coastal areas is typically dominated by Ca®*" and
HCO3 ions from the dissolution of calcite such that
cation exchangers present in the aquifer have mostly
Ca?" adsorbed on their surfaces. In seawater, Na* and
CI" are the dominant ions and aquifer materials in
contact with seawater will have Na* attached to the
exchange surfaces. When seawater intrudes a coastal
freshwater aquifer, the following cation exchange
reaction can occur:

+ 1 1 2+
Na"+=-Ca-X—>Na-X+=-Ca eq. 4.21

2 2
where X indicates the exchange material. As the
exchanger takes up Na*, Ca®* is released, and the
hydrochemical water type evolves from Na-Cl
to Ca-Cl. The reverse reaction can occur when
freshwater flushes a saline aquifer:

%Ca\“+Na—X—>%Ca—X+Na+ eq. 4.22
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where Ca®* is taken up from water in return for Na*
resulting in a Na-HCO; water type. An example of
this reaction is given in Box 4.7 for the Lower Mersey
Basin Permo-Triassic sandstone aquifer of north-
west England.

The chemical reactions that during
freshwater and saline water displacements in aquifers
can be identified from a consideration of conservative
mixing of fresh and saline water end member

occur

Cimix = fatine« Cisatine (1= fiatine )Ci fresh eq. 4.23
where ¢; is the concentration of 10N 1 i fresh AN Giine
indicate the conservative mixture and end-member
fresh and saline waters; and f,;,. is the fraction of
saline water. Any change in the sample composition
as a result of reactions, for example cation exchange,
other than by simple mixing (Ci ) is then simply
found from:

solutions and comparing with individual water

analyses. For conservative mixing: Cisreact = Cisample ~ Ciymix

Box 4.7 Cation exchange in the Lower Mersey Basin Permo-Triassic sandstone
aquifer, England

The Lower Mersey Basin Permo-Triassic sandstone aquifer of north-west England demonstrates
the effect of very long-term natural flushing of a saline aquifer. The aquifer comprises two
main units: the Permian Collyhurst Sandstone Formation and the Triassic Sherwood Sandstone
Formation that dip southwards at about 5° and are up to 500 m thick. To the south, the aquifer
unit is overlain by the Triassic Mercia Mudstone Group, a formation which contains evaporites.
Underlying the aquifer is a Permian sequence, the upper formations of which are of low
permeability that rest unconformably on Carboniferous mudstones. The sequence is extensively
faulted with throws frequently in excess of 100m. Overlying the older formations are highly
heterogeneous, vertically variable Quaternary deposits dominated by glacial till. Pumping of
the aquifer system has caused a decline in water levels such that much of the sandstone aquifer
is no longer confined by the till.

Typical compositions of the sandstones are quartz 60-70%, feldspar 3—-6 %, lithic clasts 8%,
calcite 0-10% and clays (including smectite) <15%. Haematite imparts a red colour to most
of the sequence. The sandstones contain thin mudstone beds often less than 10cm in thickness.
Cation exchange capacities are of the order of 1 meq (100g)™. Underlying the fresh
groundwaters present in the area are saline groundwaters attaining a Cl™ concentration of up
to 100gL™", which appear to be derived from dissolution of evaporites in the overlying Mercia
Mudstone Group (Tellam 1995). This saline water is present within 50m of ground level
immediately up-flow of the Warburton Fault Block and along the Mersey Valley but the
freshwater-saline water interface is found deeper both to the north and south (Tellam ez al.
1986).

A hydrochemical survey of around 180 boreholes across the Lower Mersey Basin was
conducted in the period 1979-1980 and the results presented by Tellam (1994) in which five
water types were identified (Table 4.8). Salinities ranged from 100 mgL™" up to brackish water
concentrations. lon proportions varied widely, with Ca—~HCO;, Ca-SO, and Na-HCO; being
dominant water types in various locations (Fig. 4.27). The large storativity of the aquifer means
that the groundwater chemistry does not substantially change seasonally. The spatial distribution
of water types is shown in Fig. 4.28. In general, the hydrochemical distribution of water types
correlates with the broad pattern of groundwater flow in the aquifer. Type 1 water is found
in areas of recent groundwater recharge, in contrast to older fresh groundwaters (Types 4 and

continued
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Table 4.8 Hydrochemical water types for the Lower Mersey Basin Permo-Triassic sandstone aquifer as

determined from borehole water chemistry. (Courtesy of J.H. Tellam.)

Water type General characteristics Occurrence Interpretation
1A [1B] High NOs, SO,, Cl, Predominantly where Samples dominated by recent
tritium aquifer outcrops recharge, affected by agricultural
Low HCOs;, Ca, Mg, and industrial activity
pH
SIC<<0 [As above] [Slightly older water, or water which
[As for 1A but has been induced to flow through
SIC ~ 0] carbonate-containing parts of the
aquifer near outcrop]
2 NO; often low, but Predominantly under Mixing in borehole of water recharged
not always glacial till locally through Quaternary deposits
Variable SO, and Cl and water recharged at outcrop.
pH ~ 7 Through-Quaternary recharge occurs
SIC~0 because of leakage induced by
abstraction. Approximately a mixture
of Types 1 and 4, though modified
during travel through the
Quaternary deposits
4 NO; < d.l., low SO, Predominantly under Samples dominated by pre-industrially
low Cl glacial till recharged water with low NOs, SO,,
High HCO;, Ca, Mg Cl. Has encountered enough mineral
pH ~ 8 carbonate to become saturated with
SIC~0;SID~0 respect to calcite and dolomite
5 NO; < d.l., low SQO,, Below glacial till, Type 4 water, but in a part of the
low to very high Cl adjacent to saline aquifer previously occupied by saline
Very high HCO3 groundwater groundwaters. The Na/Cl ratio
pH 8to 9 indicates ion exchange, the
Very low to low Ca, exchangers releasing Na sorbed
Mg when the saline groundwater was
Na/Cl > to >> 1 present. As Ca and Mg are taken
SIC~0;SID~0 up, more carbonate is dissolved, and
pH and HCO; rise. Cl concentration
depends on whether there is any
saline water left in the system
3 Generally low and Collyhurst Sandstone Post-industrial recharge, but with
variable Formation and in an limited pollutants. Limited carbonate
concentrations of isolated fault block in in aquifer results in carbonate
major determinands. west of the area undersaturation, even for waters
SIC<0 with considerable residence time
Saline Cl to 5g/l, high |, Bordering the Mersey Intrusion from Mersey Estuary (Carlyle
groundwater SO, < expected Estuary (average Cl et al. 2004), accompanied by
S1 from Mersey Estuary concentration ~ 5g/l) various reactions including SO,
High Ca/Cl, low Na/Cl, reduction, CO, degassing and ion
SIC~0 exchange
Saline Clto 1059/l Below fresh groundwater  Brines resulting from dissolution of
groundwater  Low Br/Cl compared in Mersey Valley inland evaporites in the Mercia Mudstone
S2 with S1 from Mersey Estuary Group, and subsequent migration.

Low SO,/Cl compared
with S1

Very light §'®0 and
&H

and adjacent areas;
interface with
freshwater up to
250 m below ground
level

Upper part of the saline
groundwater was diluted by
freshwater recharged under climatic
conditions significantly cooler than
at present

Notes: SIC = saturation index for calcite, SID = saturation index for dolomite [log;oIAP/K]; d.l. = detection limit

continued on p. 170
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Fig. 4.27 The central area of a Piper diagram showing the distribution of hydrochemical water types in the
Lower Mersey Basin Permo-Triassic sandstone aquifer. (Adapted from Tellam 1994. Reproduced with permission
of Elsevier.)

5) and saline groundwater (Type S2) located in areas of the aquifer with low hydraulic
gradients. The effect of modern groundwater abstractions is reflected by saline intrusion (Type
S1) and recently induced recharge through the Quaternary deposits (Type 2).

Example analyses of water Types 4 and 5 are shown in Table 4.9. Type 5 water that occurs
in the eastern confined areas and in the Mersey Valley area are very similar to Type 4 except
it has a high Na*/Cl™ equivalents ratios (Table 4.9) and a range of ClI” concentrations from <10
to 1000mg L. In both areas the saline water interface is at a high level and groundwater flow
rates are low. The hydrochemistry of Type 5 water is interpreted as having experienced Na*
release by cation exchange following invasion by Type 4 water into regions originally occupied

continued
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Fig. 4.28 Spatial distribution of hydrochemical water types defined in Fig. 4.27 for the Lower Mersey Basin.
Saline groundwater underlies much of the fresh groundwater in the Permo-Triassic sandstone aquifer. (Adapted
from Tellam 1994. Reproduced with permission of Elsevier.)

Table 4.9 Example hydrochemical analyses of Types 4 and 5 groundwaters from the Lower Mersey Basin
Permo-Triassic sandstone aquifer. (Adapted from Tellam 1994. Reproduced with permission of Elsevier.)

Site (depth
Water in(m); P Na* K* Cca* Mg?* cl SO%* HCO; NO3
type  pumped) (mgL") (mgL") (mgL") (mgL") (mgL") (mgL") (mgL") (mgL") Na/CF pH SIC

4 20 (100) 15 4.5 48 32 20 2 322 0.0 1.14 7.7 +0.1
88 (P) 46 4.0 108 35 24 17 540 1.1 292 78 +08
104 (180) 17 4.0 83 48 28 8 513 0.4 0.92 7.3* +03
5 109 (47) 192 1.2 3.7 1.7 25 9 487 0.4 1169 68 -1.7
123 (95) 947 2.7 2.3 1.7 1196 76 454 0.4 1.20 88 -0.1
140 (P) 170 3.7 37 14 102 8 438 0.0 254 79 -02

'SIC = saturation index for calcite [log;olAP/K]
?|aboratory measured pH value

by saline groundwater. Where flushing has been less complete, higher Cl~ concentrations occur.
The Na* release is accompanied by Ca** uptake by the aquifer as described by eq. 4.22. An
extreme example is provided by sample 123 in Table 4.9 where the water contains greater
than 1000mgL™" CI, 2mgL™" Ca* and 2mgL™" Mg?**. The removal of Ca*" promotes calcite
dissolution with HCO3 concentrations able to reach 500-600mgL™" (Tellam 1994).
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Table 4.10 Selected hydrochemical data for the Lincolnshire Limestone aquifer to illustrate cation exchange. (Edmunds and Walton

1983. Reproduced with permission of Elsevier.)

Na* (mg L™ Ca** (mg L") Cl-(mg L™ Na*/CI
Freshwater (Sample O, Ropsley) 14 135 42 0.51
Mixed water (Sample 14, Pepper Hill) 280 17 14 3.74
Saline water (Sample 19, Deeping St. Nicholas) 920 9.5 1100 1.27

As an example calculation, the data shown in Table
4.10 are for samples 0, 14 and 19 of Fig. 4.26
representing fresh, mixed and saline groundwaters
present in the Lincolnshire Limestone aquifer. To
calculate how much Na* has been added to the mixed
groundwater sample by cation exchange, eq. 4.23
can be re-written as:

CNa,mix = fsa]ine~ CNa,saline + (1 - fsa]ine )CNa,fresh €q. 4.25

Now, using the mixed and saline Cl~ concentration
values (samples 14 and 19) to indicate the fraction
of the saline water (fg,. = 114/1100), and assuming
a freshwater end-member CI~ concentration value
equal to zero, then substituting the values from Table
4.10 into eq. 4.23:

Cnamix = (114/1100)920
+(1-114/1100)14 =107.9 mg L™

Similarly, eq. 4.24 can be re-written to calculate the
amount of Na' involved in the cation exchange
reaction:

eq. 4.26

CNa,react = CNa,sample - CNa,mix
Now, using the result for cy,mi, found above:
CNareaer = 280-107.9=172.1 mg L (or 7.5 meq L)

A similar calculation for Ca®* removed from the
mixed groundwater sample results in:

Ccamix = (114/1100)9.5
+(1-114/1100)135=122.0 mg L'

and

Clareacs =17 =122.0=-105.0 mg L (or 5.3 meq L)

4.9 Redox chemistry

Reactions involving a change in oxidation state are
referred to as oxidation-reduction or redox reac-

tions. Redox reactions have a controlling influence
on the solubility and transport of some minor ele-
ments in groundwater such as Fe and Mn and also
on redox sensitive species such as NOj3 and SO3".
The extent to which redox reactions occur in ground-
water systems is therefore significant with respect
to many practical problems, for example issues of
groundwater quality for drinking water, the attenu-
ation of landfill leachate plumes and the remediation
of sites contaminated by organic pollutants. The
major redox sensitive components of groundwaters
and aquifers are O,, NO;3/N,/NHj, SO% /HS,
Mn(II)/Mn(IV) and Fe(Il)/Fe(Ill). Redox sensitive
trace elements include As, Se, U and Cr in addition
to Fe and Mn. The toxic effects of these elements
differ greatly for various redox species, for example
Cr(II)/Cr(VI), and so it is important that the behav-
iour of these elements can be predicted on the basis
of the groundwater redox conditions.

During redox reactions, electrons are transferred
between dissolved, gaseous or solid constituents
and result in changes in the oxidation states of
the reactants and products. The oxidation state (or
oxidation number) represents the hypothetical charge
that an atom would have if the ion or molecule were
to dissociate. The oxidation states that can be
achieved by the most important multi-oxidation state
elements that occur in groundwater are listed in
Table 4.11. By definition, oxidation is the loss of
electrons and reduction is the gain of electrons. Every
oxidation is accompanied by a reduction and vice
versa, so that an electron balance is always maintained
(Freeze and Cherry 1979).

For every redox half-reaction, the following form
of an equation can be written, where n is the number

of electrons transferred:
oxidized state + ne” = reduced state eq. 4.27

As an example, the redox reaction for the oxidation
of Fe can be expressed by two half-reactions:
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Table 4.11 Examples of oxidation states for various compounds that occur in groundwater. The oxidation state of free elements,
whether in atomic or molecular form, is zero. Other rules for assigning oxidation states include: the oxidation state of an element
in simple ionic form is equal to the charge on the ion; the sum of oxidation states is zero for molecules; and for ion pairs or
complexes it is equal to the formal charge on the species. (Adapted from Freeze and Cherry 1979. Reproduced with permission of

Pearson Education, Inc.)

Carbon compounds Sulfur compounds

Nitrogen compounds Iron compounds

Substance C state Substance S state Substance N state Substance Fe state
HCO3 +V S 0 N, 0 Fe 0

Cco% +V H,S -1l SCN~ +I FeO +I

CO, +V HS™ -1l N,O -l Fe(OH), +I
CH,0 0 FeS, -l NH3; -+l FeCOs +I
CeH120¢ 0 FeS -1l NO; +V FeOs Ealll

CH, -V S0% +V NO3 -lll Fe(OH)3 -+l
CHsOH -Il SO% +VI HCN -l FeOOH Ealll

1 . ) ) Rearrangement of eq. 4.33 gives the electron
EOZ +2H" +2¢" =H,0  (reduction) eq. 4.28 activity [¢7] for a half-reaction as:

2Fe?* = 2Fe* +2e¢~ (oxidation) eq. 4.29

The complete redox reaction for the oxidation of Fe
is found from the addition of eqs 4.28 and 4.29 and
expresses the net effect of the electron transfer with
the absence of free electrons, thus:

%Oz +2Fe** + 2H* = 2Fe* + H,0 eq. 4.30

By expressing redox reactions as half-reactions, the
concept of pe is used to describe the relative electron
activity where:

pe =—logo[e] eq. 4.31

pe is a dimensionless quantity and is a measure of
the oxidizing or reducing tendency of the solution
where pe and pH are functions of the free energy
involved in the transfer of 1 mole of electrons or
protons, respectively, during a redox reaction.

For the general half-reaction:

oxidants + ne” = reductants eq. 4.32
then, from the law of mass action:
ductant
[reductants] eq. 4.33

" [oxidants][e ]"
A numerical value for such an equilibrium constant
can be computed using Gibbs free energy data for
conditions at 25°C and 1 atmosphere pressure. By
convention, the equilibrium constant for a half-
reaction is always expressed in the reduction form.
The oxidized forms and electrons are written on the
left and the reduced products on the right.

1
le]= {[reductants]}; eq. 4.34

[oxidants]K
Rewriting eq. 4.34 by taking the negative logarithm
of both sides yields:
[reductants]}

[oxidants]
eq. 4.35

1
—logle 1= pe= ;{logm K -1logi

When a half-reaction is written in terms of a single
electron transfer, or n = 1, the log,(K term is written
as pe® such that:

[reductants]

pe = pe® —logi eq. 4.36

[oxidants]
Tabulations of thermodynamic data for redox
reactions are commonly expressed as pe° values.
A set of reduction reactions of importance in
groundwater, together with their respective pe°®
values, is listed in Table 4.12. The reactions are listed
on the basis of decreasing oxidizing ability, such that
species associated with a reaction of more positive
pe® act as electron acceptors or oxidizing agents in
the oxidation of species associated with reactions of
significantly more negative pe°.

As an example of this law of mass action approach
to redox reactions, the following equilibrium con-
stants can be written for the two half-reactions
describing the oxidation of Fe** to Fe** by free oxygen
(eqs 4.28 and 4.29):

1

K= — 1020.75

. 4.37
P [H ][] .
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Table 4.12 Table of reduction reactions of importance in groundwater. (Adapted from Champ
et al. 1979. © Canadian Science Publishing or its licensors. Reproduced with permission.)

Reaction pe® = log;oK
1 L1

(1) =0y +H" +e” ==H,0 +20.75
4 2

) %NO§+§H*+e’ =%N2(g>+§HZO +21.05

3) %Mnow +2H +e = %an* +H,0 +20.8

(4)%NO§+%H*+e’=%NHz+§HZO +14.9

(5) Fe(OH)s + 3H" + € = Fe** + 3H,0 +17.1

(6) %SOE{+%H*+e’ :éHS’+%HZO +4.25

(7) %coz(g> +H +e = %CHA@ + %HZO +2.87

(8) lNz( )+£H*+e‘ :iNHz +4.68
6 7 3 3

(9)%COZ(9,+H*+e’ :1CHZO+%HZO -1.20

4

_ [Fe*] — 101305
[Fe*][e”]
Rewriting eqs 4.37 and 4.38 in logarithmic form

produces:

eq. 4.38

pe=20.75+ %logm Po, —pH eq. 4.39
3+
pe=13.05+log, (%) eq. 4.40

If the complete redox reaction (eq. 4.30) is at
equilibrium, and if the concentrations of Fe** and Fe*',
Py, and pH are known, then the pe obtained from
both these relations (eqs 4.39 and 4.40) is the same.

In groundwater systems there is an interdependency
of pe and pH which can be conveniently represented
as pe-pH stability diagrams. Methods for the
construction of pe-pH diagrams are presented by
Stumm and Morgan (1981). As an example, a Fe
stability diagram is shown in Fig. 4.29. The
equilibrium equations required to construct this type
of diagram provide boundary conditions towards
which a redox system is proceeding. In practical
terms, stability diagrams can be used to predict the
likely dissolved ion or mineral phase that may be
present in a groundwater for a measured pe-pH
condition.

As an alternative to pe, the redox condition for
equilibrium processes can be expressed in terms of

Eb. Eb is commonly referred to as the (platinum
electrode) redox potential and is defined as the
energy gained in the transfer of 1 mole of electrons
from an oxidant to H,. Eb is defined by the Nernst
equation:

Eb(volts) = Eh° +

2.303RT ( [oxidants] )
logs,
n [reductants]

eq. 4.43

where F is the Faraday constant (9.65 x 10* Cmol™),
R the gas constant, and T the absolute temperature
(degrees K). Eb° is a standard or reference condition
at which all substances involved in the redox reaction
are at a hypothetical unit activity. Tabulated values
of Eb° are readily available, for example in Krauskopf
and Bird (1995).

The equation relating Eb° to the thermodynamic
equilibrium constant is:
Eh° = Eloge K eq. 4.42

nF

Finally, the relationship between Eb and pe is:

Eb= Mpe eq. 4.41
nF
which at 25°C becomes:
Eh= 0.05% pe eq. 4.44
n
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Fig. 4.29 Stability diagram showing fields of solid and
dissolved forms of Fe as a function of Eh and pH at 25°C and
1 atmosphere pressure. The diagram represents a system
containing activities of total sulfur species of 96mgL™" as SO7,
total carbon dioxide species of 61 mgL™" as HCO3, and
dissolved Fe of 56 ugL™". Solids indicated by the shaded areas
would be thermodynamically stable in their designated
domains. Boundaries between solute species are not sensitive
to specific dissolved Fe activity, but the domains of solid
species will increase in area if more dissolved Fe is present.
The boundaries for sulfides and elemental Fe extend below
the water stability boundary and show the conditions required
for thermodynamic stability of Fe®. Under the conditions
specified, siderite (FeCOs3) saturation is not reached. Therefore,
FeCOs is not a stable phase and does not have a stability
domain in the diagram. (Adapted from Hem 1985.)

The Nernst equation (eq. 4.41) assumes that the
species participating in the redox reactions are at
equilibrium and that the redox reactions are
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Concentration

Fig. 4.30 Variation in the concentration of the major dissolved
species affected by redox processes within a groundwater flow
system. (Adapted from Champ et al. 1979. © Canadian
Science Publishing or its licensors. Reproduced with
permission.)

reversible, both in solution and at the electrode-
solution interface. Since the redox reactions involving
most of the dissolved species in groundwater are not
reversible, such correlations between Eb, pe and pH
can be limited in practice. Instead, and as proposed
by Champ et al. (1979), it is valuable to consider
redox processes from a qualitative point of view in
which overall changes in redox conditions in an
aquifer are described. As part of the concept of
redox sequences, Champ et al. (1979) suggested that
three redox zones exist in aquifer systems: the
oxygen-nitrate, iron-manganese and sulfide zones
(Fig. 4.30).

Two general types of hydrochemical systems are
recognized by Champ er al. (1979): closed and
open oxidant systems. In the closed-system, the
groundwater initially contains dissolved oxidized
species such as O,, NOj3, SO} and CO, and also
excess reduced dissolved organic carbon (DOC).
After entering the groundwater flow system via the
recharge area, the groundwater is then closed to the
input of further oxidants or oxidized species. In
the open-system, excess dissolved oxygen is present
which may react with reduced species such as HS
and NHj, for example in situations where landfill
leachate is in contact with groundwater. Champ
et al. (1979) recognized that in closed-systems
containing excess reducing agent (DOC) and open-
systems containing an excess of dissolved oxygen,
sequences of redox reactions can be identified as
summarized in Tables 4.13 and 4.14, respectively. An
example of the identification of a groundwater redox
sequence is provided in Box 4.8 and further discussion
of the specific redox reaction of microbially-mediated
denitrification is presented in Box 4.9.
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Table 4.13 Sequence of redox processes in a closed system. In this example, the simplest
carbohydrate, CH,0, represents the dissolved organic carbon (DOC) that acts as a reducing agent
to reduce the various oxidized species initially present in a recharging groundwater. For a confined
aquifer containing excess DOC and some solid phase Mn(IV) and Fe(lll), it is predicted, on the
basis of decreasing negative values of free energy change, that the oxidized species will be
reduced in the sequence O,, NO3, Mn(lV), Fe(lll), SO, HCO3 and N,. As the reactions proceed,
and in the absence of other chemical reactions such as ion exchange, the equations show that
the sum of dissolved inorganic carbon species (H,COs, HCO3, CO3™ and complexes) rises as DOC is
consumed. The pH of the groundwater may also increase depending on the relative importance
of the Fe and Mn reduction processes. (Adapted from Champ et al. 1979. © Canadian Science
Publishing or its licensors. Reproduced with permission.)

Reaction

Equation

Aerobic respiration
Denitrification

Mn(IV) reduction
Fe(lll) reduction

Sulfate reduction
Methane fermentation

Nitrogen fixation

CH,0 + 0, = CO, + H,0
CHZO+£NO§ +iH* =CO, +EN2 +ZHZO
5 5 5 5

CH,0 + 2MnO; + 4H* = 2Mn* + 3H,0 + CO,
CH,0 + 8H" + 4Fe(OH); = 4Fe* + 11H,0 + CO,

CHZO+%SO§’ +%H* :%HS’ +H,0+CO,

CHZO+1COZ = %CHA +CO,

2
CHZO+HZO+§N2 +§H* =§NH?l +CO,

Table 4.14 Sequence of redox processes in an open system in which an excess of dissolved
oxygen reacts with reduced species. Under these conditions, the reduced species will be oxidized
in the sequence: dissolved organic carbon (CH,0), HS-, Fe**, NH; and Mn*". As each of these
reactions proceeds, the Eh will become more positive, while the pH of the groundwater should
decrease. (Adapted from Champ et al. 1979. © Canadian Science Publishing or its licensors.

Reproduced with permission.)

Reaction

Equation

Aerobic respiration
Sulfide oxidation
Fe(ll) oxidation
Nitrification

Mn(ll) oxidation

0, + CH,0 = CO, + H,0
0, + 1HS~ = 1507 + T
2 2 2

0, + 4Fe* + 10H,0 = 4Fe(OH); + 8H*
1 1 1
0, + =NH; = =NO3 +H* + =H,0
2 2 4 2 3 2 2

0, + 2Mn? + 2H,0 = 2MnO, + 4H*

Box 4.8 Redox processes in the Lincolnshire Limestone aquifer, England

The Jurassic Lincolnshire Limestone aquifer in eastern England provides an example of the
zonation of redox conditions in an aquifer system. In this fissured, oolitic limestone aquifer
(Fig. 4.31), an eastward decline in NO3 concentration accompanies progressive removal of
dissolved oxygen and lowering of the redox potential (Eh) from an initial value of about
+400mV. Over a distance of 10km, the groundwater NO3 concentration declines from a
maximum of 25mgL™" as N at outcrop to less than 5mgL™ as N when confined. Four cored
boreholes were drilled along a groundwater flow line and the material recovered examined for
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Fig. 4.31 Downgradient hydrogeological and hydrochemical cross-section of the southern Lincolnshire Limestone
showing the sequential changes in the redox sensitive species, O,, NO3 and SO3". (Adapted from Lawrence and
Foster 1986.)

organic carbon content and the presence of denitrifying bacteria. The results showed that the
DOC content of the pore water ranged between 13-28 mg L™ and that of the mobile groundwater
between 1.6 and 3.4mgL™". Denitrifying bacteria were cultured from samples scraped from
fissure walls, but not from samples incubated with pore water. Thus, it appears that the source
of DOC supporting denitrification is contained in the limestone matrix, and that the very small
pore size of the matrix restricts denitrification to short distances from fissure walls (Lawrence
and Foster 1986).

Further into the confined aquifer, at about 12km from outcrop, the Eb falls to less than
+100mV and the groundwater environment remains anaerobic. In this region, SO3~ reduction
is noticeable by the presence of H,S and lowered SO3~ concentrations, although the process is

continued on p. 178
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sluggish with SO3~ concentrations persisting for at least Skm beyond the decline in redox
potential. According to Edmunds and Walton (1983), Fe is initially quite soluble in this
reducing environment (Fe** < 0.5mgL™) but once sulfide is produced by SO% reduction (see
reaction equation in Table 4.13) much of the Fe*" is removed as ferrous sulfide (FeS) as follows:

Fe* + HS™ = FeS,y + H* eq. 1

Box 4.9 Microbially-mediated denitrification

The sequences of redox reactions shown in Tables 4.13 and 4.14 are thermodynamically
favoured, but their reaction rates are slow in the absence of catalysts. In natural waters, the
most important electron-transfer mechanism is catalysis associated with microbially produced
enzymes. As shown in Fig. 4.32, the most stable nitrogen species within the Eb-pH range
encountered in the majority of groundwaters is erroneously predicted to be gaseous nitrogen
(N,). The observed departure from equilibrium is explained by the catalysing effect of bacteria
in accelerating the biological reduction of NOj at lower redox potentials (Hiscock ef al. 1991).

1200 P~ .

Water oxidized

800 I~
< 00T // pH-Eh
€ field
5 representing
0 NHZ most i
groundwater

-400 - =
Water reduced
-800 |-
1 1 1 1 1 1
0 2 4 6 8 10 12 14

pH

Fig. 4.32 Stability diagram showing fields of dissolved and gaseous forms of N as a function of Eh and pH at
25°C and 1 atmosphere pressure. The diagram represents a system containing an activity of total N species of
14mgL™". (Adapted from Stumm and Morgan 1981. Reproduced with permission from John Wiley & Sons.)
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The viability of micro-organisms in groundwater is dependent on two important factors that
limit enzymatic function and cell growth, namely temperature and nutrient availability. At low
temperatures, microbial activity decreases markedly but is measurable between 0-5°C. For the
process of denitrification, a general doubling is observed with every 10°C increase in temperature
(Gauntlett and Craft 1979). The nutrients required for biosynthesis include those elements
required in large amounts (C, H, O, N, P, S), minor amounts of minerals (K, Na, Mg, Ca, Fe)
and trace amounts of certain metals (Mn, Zn, Cu, Co and Mo). On the basis of average cellular
composition, the favourable ratio of C:N:P:S is about 100:20:4:1 (Spector 1956). For energy
generation, electron donors (dissolved organic carbon (DOC), H,S, NHj, Fe*) and electron
acceptors (DO, NOs3, Fe(Ill), Mn(IV), SO, CO,) are required. It is normally considered that
most groundwaters should be capable of supplying the very low concentrations of minerals
and trace metals required by microbes, as well as the electron donors, particularly DOC (Box
4.8). From a survey of one hundred groundwaters, Thurman (1985) reported a median DOC
content of 0.7mgL™ for sandstone, limestone and sand and gravel aquifers which should meet
microbial requirements which have been reported to be less than 0.1mgL™" (Zobell and Grant
1942). In aquifer situations where the availability of DOC is limited, then other electron donors
such as reduced sulfur species become important.

Denitrification is observed to proceed at reduced oxygen levels via a number of microbially-
mediated steps, the end product of which is normally gaseous nitrogen (N,) (Korom 1992).
The denitrification process requires a suitable electron donor or donors to complete the
dissimilatory reduction of NO3 to N,, the most likely of which are organic carbon (heterotrophic
denitrification) and reduced Fe and S species (autotrophic denitrification). The stoichiometry
of denitrification reactions can be expressed by the following simple equations which describe
a generalized progression of reactions with depth below the water table:

1. Heterotrophic denitrification in which an arbitrary organic compound (CH,0) is oxidized:

5CH20+4NO;+4H+ :SCOZ +2.N2(g)+7Hzo €q. 1

In this reaction, 1.1g of C are required to reduce 1.0g of N.
2. Autotrophic denitrification by reduced iron in which ferrous iron is oxidized:

5Fe** + NOj +12H,0 = 5Fe(OH); +1/ 2Ny + 9H" eq. 2

In this reaction, 20.0g of Fe** are required to reduce 1.0g of N.
3. Autotrophic denitrification by reduced sulfur in which pyrite is oxidized:

SFESZ(S) +14NO3_ +4H* = SFEZJr + 1OSO4_ +7N2(g) +2H20 €q. 3

In this reaction, 1.6g of S are required to reduce 1.0g of N.

In some highly reducing, carbon-rich environments, NO3 may be converted to NH} by
dissimilatory nitrate reduction to ammonium (DNRA). DNRA may be important in some
marine sediments but in less reducing groundwater environments, denitrification is generally
favoured over DNRA (Korom 1992).

Although denitrification by organic matter is thermodynamically favourable, the reactivity
of organic matter in denitrification is much lower than the reactivity of pyrite. To demonstrate,
Fig. 4.33 shows depth profiles for pH and the redox sensitive species NO3, SO~ and Fe** for
a multilevel observation well installed near to the Vierlingsbeek wellfield in the south-east of
the Netherlands. The unconfined aquifer at this site is composed of unconsolidated fluvial
sands containing no calcite and low amounts of organic matter (0.1-2%) and pyrite (<0.01
0.2%), the amounts of which decrease with depth (Fig. 4.34). An aquitard composed of

continued on p. 180
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Fig. 4.33 Depth profiles of groundwater pH, NO3, SO3™ and Fe for multilevel observation well installation NP40
located near to Vierlingsbeek, south-east Netherlands. (Adapted from van Beek 2000. Reproduced with
permission of Springer Science+Business Media.)
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Fig. 4.34 Depth profile of pyrite and organic matter content in the unconsolidated fluvial sands aquifer recorded
at multilevel observation well NP1 located near to Vierlingsbeek, south-east Netherlands. (Adapted from van
Beek 2000. Reproduced with permission of Springer Science+Business Media.)
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fine-grained cemented deposits exists at 30 m below ground level (m bgl) and the water table
varies between 2—-4 m bgl. Very intensive cattle farming in the vicinity of the wellfield with the
application of liquid manure has provided a source of high NOj3 concentrations in the shallow
groundwater (van Beek 2000).

At Vierlingsbeek, at 10 mbgl, Fig. 4.33 shows that measured NOj concentrations are above
200mg L™ but that below 21 mbgl NOj is absent. The decrease in NOj coincides with an
increase in SO3~and Fe** between 20-21 m bgl that can be explained by autotrophic denitrification
in which pyrite is oxidized (eq. 3). In this reaction, and in the absence of carbonate to act as a
buffer, protons are consumed and a steady rise in pH is observed below 20 mbgl.

The weight percentage of pyrite in the fluvial sands is about a factor of 10 lower than the
content of organic matter (Fig. 4.34) and it would be expected that the reduction capacity of
organic matter per unit weight of solid material would be far greater than that of pyrite. Hence,
the measured hydrochemical profiles demonstrate the higher reactivity of pyrite compared with
organic matter in the denitrification process at this site (van Beek 2000).

This example illustrates how, with consumption of the source of electron donor, in this case
pyrite, the denitrification front will migrate downwards such that the aquifer will gradually
loose the ability to attenuate NOs3. For a similar hydrogeological situation to Vierlingsbeek,
and also for denitrification in the presence of reduced sulfur with the oxidation of pyrite,
Robertson et al. (1996) measured a downward rate of movement of a denitrification front in

silt-rich sediments of 1mma.

4.10 Groundwater in crystalline rocks

Weathering processes participate in controlling
the hydrogeochemical cycles of many elements. In
soluble carbonate and evaporite deposits, solution
processes are rapid and, generally, congruent but in
lithologies composed of silicates and quartz, the
solution processes are very slow and incongruent. In
many sedimentary sandstone aquifers, the solution
of traces of carbonate present either as cement or
detrital grains may predominate over any chemical
contribution from the silicate minerals. Crystalline
rocks of igneous or metamorphic origin, on the other
hand, contain appreciable amounts of quartz and
aluminosilicate minerals such as feldspars and micas.
Although the dissolution of most silicate minerals
results in very dilute solutions, the weathering of
silicate minerals is estimated to contribute about
45% to the total dissolved load of the world’s rivers,
underlining the significant role of these processes in
the overall chemical denudation on the Earth’s
surface (Stumm and Wollast 1990).

Upper crustal rocks have an average composition
similar to the rock granodiorite (Table 4.15) that is
composed of the framework silicates plagioclase

feldspar, potassium feldspar and quartz, with plagi-
oclase feldspar being the most abundant. Depending
on the nature of the parent rocks, various secondary
minerals such as gibbsite, kaolinite, smectite and
illite are formed as reaction products. In all cases,
water and carbonic acid (H,COs;), which is the
source of H*, are the main reactants. The net result
of the reactions is the release of cations (Ca**, Mg*,
K*, Na*) and the production of alkalinity via HCO3.

The two following reactions (eqs 4.45 and 4.46)
provide examples of important silicate weathering
processes. Firstly, taking Ca-rich plagioclase feldspar
(anorthite) the incongruent weathering reaction
resulting in the aluminosilicate residue kaolinite is
written (Andrews et al. 2004):

CaAlzsizog(s) + 2H2CO3(aq) + Hzo — Ca(z;fl)

+ 2HCO;,q) + Al;S1,05(OH)5) eq. 4.45

In this weathering reaction, H" ions dissociated from
H,COj; hydrate the silicate surface and naturally
buffer the infiltrating soil water or groundwater. The
ionic bonds between Ca** and the SiO, tetrahedra
are easily broken, releasing Ca®* into solution
resulting in a Ca-HCO; water type.
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Table 4.15 Estimated average mineralogical composition of
the upper continental crust (volume %). The composition of
the exposed crust differs from the upper continental crustal
estimate primarily in the presence of volcanic glass. (Adapted
from Nesbitt and Young 1984. Reproduced with permission of
Elsevier.)

Upper
continental crust

Exposed continental
crust surface

Plagioclase feldspar ~ 39.9 34.9
Potassium feldspar 129 1.3
Quartz 23.2 20.3
Volcanic glass 0.0 12.5
Amphibole 2.1 1.8
Biotite mica 8.7 7.6
Muscovite mica 5.0 4.4
Chlorite 2.2 1.9
Pyroxene 1.4 1.2
Olivine 0.2 0.2
Oxides 1.6 1.4
Others 3.0 2.6

Secondly, for the Na-rich plagioclase feldspar
(albite) the incongruent reaction producing kaolinite
and releasing Na* and HCOj ions is:

ZNaAlSi3Og(S) + 9H20 + 2H2CO3(aq)

= AleizO5(OH)4(S) + ZNa(;q)

+ 2HCO3,q) + 4Si(OH) 4 o) eq. 4.46
Further examples of weathering reactions for some
common primary minerals are listed in Table 4.16.
When ferrous iron (Fe?*) is present in the lattice, as
in the case of biotite mica, oxygen consumption may
become an important factor affecting the rate of
dissolution that results in Fe-oxide as an insoluble
weathering product. For example, in the following
equation, biotite weathers to gibbsite and goethite:

. 1
KMgFe,AISi,010(OH)zg + 2 Oag +3C0

+11H,0 — Al(OH);,, + 2Fe(OH)s,) + Kibq)
+ Mgt + 3HCOj5,, + 3Si(OH) g eq. 4.47

Table 4.16 Reactions for incongruent dissolution of some aluminosilicate minerals (solid phases are underlined). (Adapted from
Freeze and Cherry 1979. Reproduced with permission of Pearson Education, Inc.)

Gibbsite-kaolinite

Na-montmorillonite-kaolinite

Al,03.3H,0 + 2Si(OH),, = Al,Si,05(OH), + 5H,0

1 23

Nag33Al 3551567010 (OH), + §H+ + EHZO

1

7 . 4 _.
= gAIZS|205(OH)4 +§Na* +§S|(OH)4

Ca-montmorillonite-kaolinite

23

) 2
Cap33Al1.675i7.33020(OH), + §H+ + 7Hzo

- gA|25iozos<0H>4 + %Caz* +§Si(OH)4

Illite-kaolinite

63 3

5

Biotite-kaolinite

. 11
Ko.sMgo.25Al3.30515.5010(0H); + EH+ +

H,0 = ;—AIZSiZOS(OH)4

60 0

3 1 6.
+ 2K + Zl\/lg2+ + §S|(OH)4

KMgsAlSizO0(OH), + 7H* + %HZO = %AIZSiZOS(OHu

+K* +3Mg* + 2Si(OH),

Albite-kaolinite

Albite-Na-montmorillonite

Microcline-kaolinite
Anorthite-kaolinite
Andesine-kaolinite

1

NaAlSi;Og +H" + gHZO = %AIZSiZOS(OH)A +Na* +2Si(OH),

20 3 6 10

NaAlSi,O + gw +=7H,0 = ZNag 3L 3351 010(OH), +2Na” +==Si(OH),

KAISi;0g + H" + gHZO = %AIZSiZOS(OH)4 +K* + 2Si(OH),
CaAl,Si,Og + 2H* +H,0 = Al,Si,0s(OH), + Ca?*
Nao5CagsAk sSi; sOg + %H* + %HZO = %AIZSizOS (OH)4

1 .
+—Na* +—Ca”* +Si(OH
2 5 i( )4
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Fig. 4.35 The Goldich weathering sequence based on
observations of the sequence of disappearance of primary
silicate minerals in soils. (Adapted from Goldich 1938.
Reproduced with permission of University of Chicago Press.)

Differences in solution rates between the silicate
minerals lead to their successive disappearance as
weathering proceeds. This kinetic control on the
distribution of primary silicates is known as the
Goldich weathering sequence (Fig. 4.35). As shown
in Fig. 4.35, olivine and Ca-plagioclase are the most
easily weathered minerals while quartz is the most
resistant to weathering.

The leaching of different weathering products
depends not just on the rate of mineral weathering,
but also on the hydrological conditions. Montmo-
rillonite (NagsAl; sMg 5Si,010(OH),) is formed
preferentially in relatively dry climates, where the
flushing rate in the soil is low, and its formation is
favoured when rapidly dissolving material such as
volcanic rock is available. In contrast, gibbsite
(Al(OH)3.3H,0) forms typically in tropical areas
with intense rainfall and under well-drained condi-
tions. Here, gibbsite and other Al-hydroxides may
form a thick weathering residue of bauxite. Because
of differences in residence times, water in areas where
montmorillonite is forming is high in dissolved ions
while in areas with high rainfall with the formation
of gibbsite, the dissolved ion concentrations are low
(Appelo and Postma 1994).

Now, by taking a thermodynamic equilibrium
approach, it is possible to gain further insight into
some of the more specific results of groundwater
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interactions with feldspars and clays. For example,
considering the albite (NaAlSi;Og) dissolution
reaction given in Table 4.16, then from the law of
mass action:

_ [Na"][Si(OH)sJ*

Kalhilefleaolinite - [H+ ] €q. 4.48

where K, jpicekaolonite 18